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10. GAS CONTENT
AND COMPOSITION

THE VITAL ROLE OF SOIL AERATION

The process of soil aeration is an important determinant of soil productiv-
ity. Plant roots absorb oxygen and release carbon dioxide in the process of res-
piration. In most terrestrial plants (excepting such specialized plants as rice),
the internal transfer of oxygen from the above-ground parts (leaves and stems)
to the roots cannot take place at a rate sufficient to supply the oxygen require-
ments of the latter. Adequate root respiration therefore requires that the soil
itself be aerated, that is to say, that gaseous exchange take place between soil
air and the atmosphere at a rate sufficient to prevent a deficiency of oxygen
and an excess of carbon dioxide from developing in the root zone (Fig. 10.1).
Microorganisms in the soil also respire and, under restricted aeration, might
compete with the roots of higher plants for scarce oxygen.

Gases can move either in the air phase (i.e., in the pores that are drained of
water, provided they are interconnected and open to the atmosphere) or in dis-
solved form through the water phase. The rate of transfer of gases in the air
phase is generally much greater than in the water phase; hence soil aeration
depends largely on the volume fraction of air-filled pores.

Impeded aeration resulting from poor drainage and waterlogging or from
mechanical compaction of the soil surface zone can strongly inhibit crop
growth. The problem of soil compaction seems to have worsened in modern
times, along with the growing trend to use larger and heavier machinery and
the tendency to tread over the field repeatedly for such purposes as seeding,
fertilization, pest control, and harvesting. With greater use of fertilizers and
irrigation, shortages of nutrients and water have been obviated in many places
so that, by default, soil aeration has gained in relative importance as a major
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190 CHAPTER 10 GAS CONTENT AND COMPOSITION

constraint to the attainment of maximal productivity. Root systems are com-
monly restricted in extent by the progressive decrease of aeration in the deeper
regions of the soil profile.

Anaerobic conditions in the soil induce a series of chemical and biochem-
ical reduction reactions. Among these reactions are denitrification (the
processes by which nitrate is reduced to nitrite, thence to nitrous oxide, and
finally to elemental nitrogen: NO3 > NO2 > N2O > N2); manganese reduction
from the manganic to the manganous form; iron reduction from the ferric to
the ferrous form; and sulfate reduction to form hydrogen sulfide. Many
organic compounds are formed in the anaerobic decomposition of organic
matter, some of which are toxic to plants (e.g., ferrous sulfide, ethylene, and
acetic, butyric, and phenolic acids).

The subject of soil aeration has been reviewed repeatedly over the years.
The evolving state of our knowledge is reflected in the successive publications
by Currie (1975), Cannell (1977), Phene (1986), Rolston (1986), and Scanlon
et al. (2002).

VOLUME FRACTION OF SOIL AIR

In most natural soils, the volume ratios of the three constituent phases —
solid particles, water, and air — are continually changing as the soil undergoes
wetting and drying, swelling and shrinkage, tillage and compaction, aggrega-
tion and dispersion, etc. Specifically, since the twin fluids of water and air
together occupy the pore space, their volume fractions are so related that an
increase of the one generally entails a decrease of the other. Thus,

fa = f − θ (10.1)

where fa is the volume fraction of air, f is the total porosity (the fractional
volume of soil not occupied by solids), and θ is the volume fraction of water
(volume wetness).

Since the volume fraction of air is largely dependent on the content of water
in the soil, it can only be used as an index of soil aeration in conjunction with
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Fig. 10.1. Soil aeration as a process of O2 and CO2 exchange with the atmosphere. Among
other gases involved in the soil atmosphere exchange are various volatile forms of nitrogen, sul-
fur, and hydrocarbons.
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some specifiable and reproducible wetness value. The wetness value generally
chosen for this purpose is the so-called “field capacity” (see Chapter 15).
Although the term defies exact physical definition, it is usually defined in an
approximate sense as the volume fraction of water retained by a freely drain-
ing soil profile after the initially rapid stage of internal drainage. Objections to
this concept notwithstanding for the moment, we can use it as the basis for an
analogous soil aeration index, which we might call field-air capacity, definable
as the fractional volume of air in a soil at the field-capacity water content.
Though under different names (e.g., “noncapillary porosity,” “air-filled poros-
ity,” and “air content at field capacity”), this index or something very similar
to it has been used for many years to characterize the state of soil aeration. It
has been found to depend on numerous factors, not all of which are amenable
to human control.

In the first place, air capacity depends on soil texture. In sandy soils it is of
the order of 25% or more; in loamy soils it is typically in the range of
15–20%; and in clayey soils, which tend to retain the most water, it is likely
to fall below 10% of total soil volume. In fine-textured soils, however, soil
structure (as well as soil texture) has much to do with determining the air
capacity. Strongly aggregated soils generally have a considerable volume of
macroscopic (interaggregate) pores that drain quickly and remain air filled
most of the time. Hence such soils exhibit an air capacity of 20–30%. When
the clay fraction is dispersed and when the aggregates are broken down by
physicochemical processes or mechanical forces, the macroscopic pores tend
to disappear, so a strongly compacted soil may contain less than 5% air by
volume at its characteristic field-capacity value of soil moisture. The effect of
compaction (bulk density) on a soil’s capacity to retain air and water is shown
hypothetically in Fig. 10.2.

There are fundamental limitations to the air capacity index as a means of
characterizing soil aeration. First, the value is difficult to determine accurately,
since it generally depends on prior determination of two highly variable

Fig. 10.2. Fractional air, water, and total pore volumes as related to soil bulk density for dif-
ferent mass wetness values (0.1, 0.2, and 0.3).
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parameters that are themselves rather cumbersome to measure, namely, the
field capacity and the total porosity. Both determinations depend on the
method of sampling, and their results can be grossly inaccurate. An even more
serious objection to the use of air capacity as an index of soil aeration is that
in principle the rate of exchange of soil air rather than simply the content of
soil air constitutes the decisive factor. At high wetness values, soils often con-
tain isolated pockets of occluded air that, though forming a part of the air-
filled volume, do not contribute to active gas exchange (Fayer and Hillel,
1986a,b). At times, even a thin surface crust, if highly compact or saturated,
can act as a bottleneck limiting aeration to the entire soil profile, regardless of
the air-filled porosity beneath. We are thus led to the necessity of characteriz-
ing aeration in more dynamic terms.

COMPOSITION OF SOIL AIR

In a well-aerated soil, the composition of soil air is close to that of the exter-
nal (“open’’) atmosphere, because the oxygen consumed in the soil is readily
replaced from the atmosphere and the carbon dioxide generated is readily
vented to the atmosphere. Not so in a poorly aerated soil. Analyses of the
actual composition of soil air in the field reveal it to be much more variable
than the external atmosphere. Depending on such factors as time of year, tem-
perature, soil moisture, depth below the soil surface, root growth, microbial
activity, pH, and — above all — the rate of exchange of gases through the soil
surface, soil air can differ to a greater or lesser degree from the composition of
the external atmosphere.

The greatest difference is in concentration of carbon dioxide (CO2), the
principal product of aerobic respiration by the roots of higher plants as well
as by numerous macroorganisms and microorganisms in the soil. The CO2
concentration of the atmosphere is about 0.036% (some 360 parts per million,
in terms of partial volume). In the soil, however, it frequently reaches levels
that are 10 or more times as great.

Because CO2 is produced in the soil by oxidation of carbonaceous (organic)
matter, an increase in CO2 concentration is generally associated with a decrease
in elemental oxygen (O2) concentration (though not necessarily to an exactly
commensurate degree, since additional sources of oxygen may exist in dissolved
form and in easily reducible compounds). Since the O2 concentration of air is
normally above 20%, it would seem that even a hundredfold increase of CO2
concentration, say, from 0.036% to 3.6%, can diminish the O2 concentration
to only about 17%. However, even before they begin to suffer from lack of oxy-
gen per se, some plants may suffer from excessive concentrations of CO2 and
other gases in both the gaseous and aqueous phases. In more extreme cases of
aeration restriction, the O2 concentration can fall to near zero. Prolonged
anaerobic conditions can result in the development of a chemical environment
characterized by reduction reactions such as denitrification, the evolution of
such gases as hydrogen sulfide (H2S), methane (CH4), and ethylene (C2H4), and
the reduction of mineral oxides such as those of iron and manganese.

Both carbon dioxide (released from the soil by the decomposition of organic
matter under aerobic conditions) and methane (released under anaerobic
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conditions) contribute to the atmospheric greenhouse effect. In contrast, prac-
tices that build up the organic matter content of the soil sequester carbon from
the atmosphere and thus may help to mitigate the potentially disruptive effects
of the same greenhouse effect (i.e., global warming).

Sample Problem

A tropical forest is cleared and cultivated. The topsoil, depth 0.4 m, contains 2% read-
ily decomposable organic residues having a carbon content of 40%. If the O2 con-
sumption rate (due to soil respiration) is constant at 0.08 kg/m2 per day, how much
carbon is released to the atmosphere in 1 month (30 days) and in 4 months, and what
fraction of the organic matter decomposes in each period? Assume soil bulk density =
1250 kg/m3.

Calculations:

Mass of soil in toplayer: 0.4 m × 1250 kg/m3 = 500 kg/m2.
Mass decomposable organic matter: 2% × 500 kg/m2 = 10 kg/m2.
Mass of carbon in toplayer: 40% × 10 kg/m2 = 4 kg/m2.

Note: As one C atom (atomic weight 12) combines with two O atoms (atomic weight
16) to form CO2, the C release rate is 12/32 = 0.375 times the O2 consumption rate.
Hence:

Daily carbon release = 0.375 × 0.08 kg/m2 = 0.03 kg/m2

Daily organic matter decomposed = 0.03/0.4 = 0.075 kg/m2

Mass of C released in 1 month (30 days) = 0.03 × 30 = 0.9 kg/m2

Organic matter decomposed in 1 month = 0.9/0.4 = 2.25 kg/m2

% organic matter decomposed in 1 month = 2.25/10 = 22.5%
Organic matter decomposed in 4 months = 4 × 2.25 = 9 kg/m2

% organic matter decomposed in 4 months = 9/10 = 90%
Organic matter remaining after 4 months = 1 kg/m2

Mass of C released in 4 months 4 × 0.9 = 3.6 kg/m2

Mass of CO2 released in 4 months = 3.6 × 44/12 = 13.2 kg/m2

Note: 44/12 is the ratio of the molecular weight of CO2 to the atomic weight of C.

SOIL RESPIRATION AND AERATION REQUIREMENTS

The overall rate of respiration due to all biological activity in the soil —
that is, the amount of oxygen consumed and the amount of carbon dioxide
produced by the entire profile — determines the aeration requirement of the
soil. Quantitative knowledge of the aeration requirements of different crops
and soils in varying circumstances is essential if we are to devise means to
ensure that these requirements are indeed met. However, the information is
difficult to obtain, because the rate and spatial distribution of soil respiration,
as well as its temporal variation, depend on numerous factors. Prominent
among these factors are soil temperature, soil wetness, pH, and organic mat-
ter content and composition (whether fresh or well decayed) — all of which
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influence the time-variable respiratory activity of the numerous species of
macroorganisms and microorganisms living in the soil.

Anaerobiosis, or oxygen stress, will occur in the soil whenever the rate of
supply falls below the demand. This condition can develop quite quickly, since
the storage of oxygen in the soil is generally rather low in relation to the quan-
tity required for soil respiration. To illustrate, let us consider a soil with
an effective root zone depth of 60 cm and 15% air-filled porosity, containing
90 L of air under each square meter of soil surface. With an initial oxygen
concentration of 20% in the gaseous phase, the storage of oxygen can be cal-
culated to be 18 L, equivalent to about 25 g, or 0.025 kg. [An ideal gas at
standard temperature and pressure occupies a volume of 22.4 L/mol. The mass
of a mole of O2 (atomic weight 16) is 0.032 kg. The mass contained in 18 L is
therefore 0.032 × 18/22.4 = 0.0257 kg.]

If the oxygen requirement for soil respiration is of the order of 0.01 kg/day
per square meter of ground, the initial oxygen reserve in the soil would last
only 2.5 days. Oxygen stress symptoms would probably begin even earlier.
However, these figures are given only to provide an order of magnitude, since
in actual conditions the aeration rate varies between wide limits. Plant growth
probably depends more on the occurrence and duration of periods of oxygen
deficiency than on average conditions.

Measurements in the field demonstrate the effect of temperature on soil res-
piration. Figure 10.3 illustrates the seasonal variation of soil temperature and
soil respiration. Respiration rates in summer can be more than 10 times as

Fig. 10.3. Seasonal variation of soil respiration and soil temperature at Rothamsted. (After
Currie, 1975.)
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great as in winter. Other factors can also have a strong influence. For example,
respiration rates at a given temperature tend to be greater in spring than in
autumn, apparently because of the vigorous activity of microorganisms and
greater availability of undecomposed organic residues in springtime. Soil res-
piration is greater in cropped than in fallow land, owing to root respiration
and to the enhanced microbial activity resulting from exudations of live roots
and the decay of dead roots. The diurnal variation of soil respiration also fol-
lows the pattern of soil temperature, with oxygen uptake rates registering
a greater than twofold increase from early morning to mid-afternoon. Thus,
the respiration rates in soil vary from season to season, from day to day, and
from hour to hour and are related to crop growth stage and to microbial activ-
ity. The effect of waterlogging the soil is slight in winter, for, although air
diffusion is constricted, the oxygen requirements are low. The same waterlog-
ging in summer, however, could be severely damaging to a crop at its most
active growth stage.

Sample Problem

Assume the same soil conditions and same first-month organic matter decomposition
rate as in the preceding Sample Problem. Thereafter, the decomposition rate does not
remain constant but is proportional to the amount remaining in the soil. Again, calcu-
late the mass of C released in 4 months and the amount and percent of the initial
organic matter decomposed in that period.

We use the exponential decay equation:

−dM/dt = kM

where M is the mass of organic matter present in the soil and −dM/dt is the time rate of
its decomposition. The minus sign indicates that the amount of organic matter is dimin-
ishing with time. In this equation the variables can be separated:

−dM/M = k dt

Integrating between the limits M2 at t2 and M1 at t1, we obtain

Here, ln M is the natural logarithm (to the base e) of M:

(−ln M2) − (−ln M1) = k(t2 − t1)

Solving for k (known as the specific reaction rate), we get

k = (ln M1 − ln M2)/(t2 − t1) = [2.303/(t2 − t1)] log10(M1/M2)

We can simplify this equation by taking t1 as zero time. Then M1 becomes M0, the mass
of organic matter at zero time. M is the mass at any time t.

Setting t1 = 0, t2 = 1 month, M0 = 10 kg/m2, and M = 10 − 2.25 = 7.75 kg/m2, we get

k = (2.303/t)[log10(M0/M)] = (2.303/1) log(10/7.75) = 0.25
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MEASUREMENT OF SOIL-AIR CONTENT AND COMPOSITION

An early approach to the problem of measuring aeration was to determine
the fractional air space, or air-filled porosity, at a standard value of soil wet-
ness. This was done by taking an “undisturbed’’ sample from a soil pre-
sumed to be at its “field capacity” moisture content. In practice, this has
usually meant either sampling the soil in the field two days after a deep wet-
ting or saturating a soil sample in the laboratory and then subjecting it to
some specified water tension. By either method, the determination of frac-
tional air space is fraught with uncertainties and gives no real indication of
aeration dynamics.

Another traditional approach is to measure the composition of soil air
(Bremner and Blackmer, 1982; Farrell et al., 2002). Although still a static meas-
urement, this appears to be a better diagnostic tool than measurement of air
volume alone, for it can reveal more directly when a problem might exist —
that is, when the oxygen content of soil air falls significantly below that of the
atmosphere owing to restricted gas exchange. The difficulty here is how to
extract an air sample at once large enough to provide a reliable measurement
and yet small enough to represent the sampled point and to avoid disturbance
and mixing of soil air or even contamination from the atmosphere. The gas
chromatograph technique, using a syringe to extract small samples (only
0.5 mL in volume) may help to make the measurement more reliable.

Gas sampling extracts air mainly from the larger, better aerated pores, and the
samples are likely to contain some external air, either from dead space in the sam-
pling equipment or from leakage into the sampling tubes (Payne and Gregory,
1988). Numerous measurements have shown that oxygen concentrations in the
soil’s air phase tend to be lower than in the open atmosphere, but they are rarely
below 10% by volume, while CO2 concentrations rarely rise above a few percent.
However, Blackwell (1983), using very small samples, showed that in water-
logged soils oxygen concentrations can fall to virtually zero.

We now calculate the organic matter (M) remaining after 4 months:

0.25 = (2.303/4) log(10/M)
(4 × 0.25)/2.303 = log 10 − log M

Hence log M = 1 − 0.434 = 0.566, and M = antilog 0.566 = 3.69 kg/m2.

Organic matter decomposed in 4 months = 10 − 3.69 = 6.31 kg/m2

Fraction of organic matter decomposed in 4 months = 63.1%
Mass of carbon released in 4 months = 40% of 6.31 = 2.524 kg/m2

Mass of CO2 released in 4 months = 2.524 × 44/12 = 9.25 kg/m2

Comment: The exponential decay calculation (this problem) may be more realistic
than the constant-rate method (preceding Sample Problem). Although the figures given
in these problems are hypothetical, the rapid decomposition of organic matter in newly
cleared tropical areas is a real problem, resulting not only in the of soil productivity but
also in significant contributions to global warming.
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MEASUREMENT OF SOIL RESPIRATION

Soil respiration values reported by various investigators have varied widely.
Papendick and Runkles (1965), working under laboratory conditions, meas-
ured respiration rates of 1.7 × 10−5 mol/m3 sec, equivalent to 0.75 moles of
oxygen per cubic meter per 12-hour day, or 2.4 × 10−2 kg/m3 day. At the other
extreme, Grable and Siemer (1968) reported values 10,000 times higher. Under
field conditions, respiration values are likely to be smaller than those found in
growth chambers. Greenwood (1971), working in England, measured average
oxygen consumption rates of 1.3 × 10−7 mL oxygen per second per milliliter
of a soil carrying a mature crop and maximum rates three times as high. The
average value is equivalent to 8 × 10−3 kg of oxygen per cubic meter of soil
per 12-hour day.

Comprehensive data on soil respiration rates were obtained in England
from field respirometers, first built at Wrest Park and later placed at
Rothamsted Experiment Station (Fig. 10.3). These installations were
described by Currie (1975). They consist of large containers (91 × 91 × 91
cm) filled with soil and sealed on top, with provisions to maintain normal
atmospheric composition continuously by adding or removing amounts of
oxygen and carbon dioxide as required. When the soil is cropped, the plants
are grown through holes in the lid, using silicone rubber to seal the
gaps around the stems. It is thus possible to measure daily CO2 output and
O2 uptake and their seasonal variation for soils with and without plants
(Fig. 10.4).

The respiratory quotient, RQ, that is, the ratio of the volume of carbon
dioxide produced to the volume of oxygen consumed (Payne and Gregory,
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Fig. 10.4. Soil respirometer at Rothamsted. (After Currie, 1975.)
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1988), is close to unity in the case of a well-aerated soil. It rises to above unity
only when there are anaerobic pockets present in the soil. A determination of
this quotient in a soil is therefore a sensitive method for checking if the whole
body of the soil is aerobic.

Published data regarding carbon dioxide production and oxygen consump-
tion in different conditions vary widely. Monteith et al. (1964) reported the
following relationship:

R = RoQT/10 (10.2)

where R0 is the flux at 0°C and R that at T°C. He found that Q had a value
of about 3. However, Currie (1970), working in the same location
(Rothamsted, England) but using a more direct method to measure fluxes,
reported much higher figures. Since he measured both the O2 and CO2 fluxes,
Currie was able to demonstrate that the respiratory quotient was almost
exactly unity, except in mid-summer (when the respiratory requirements were
especially high), at which time RQ was 1.05. His results are summarized in
Table 10.1.

OXIDATION–REDUCTION PROCESSES IN THE SOIL

Soil organisms obtain the energy they need for their vital processes by
means of a series of chemical reactions involving the transfer of electrons from
substances that serve as sources of energy to substances that may become
products of respiration (Rowell, 1981). For example, glucose is a source of
electrons when it is oxidized to pyruvic acid in the first stage of its breakdown
to carbon dioxide:

C6H12O6 → 2CH3COCOOH + 4H+ + 4e− (10.3)

In aerobic respiration, the final electron sink is oxygen, which accepts elec-
trons and combines with hydrogen ions to form water:

O2 + 4H+ + 4e− → 2H2O (10.4)

TABLE 10.1 Oxygen Consumption and Carbon Dioxide Production in
a Bare Soil and a Soil under a Crop of Kale (g/m2 per day)

January July

Soil Cropped Bare Cropped Bare

Oxygen consumption 2.0 0.7 24 12
Carbon dioxide release 3.0 1.2 35 16

Soil temperature at 0.1 m 3°C 17°C
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Where free oxygen is scarce, several other substances will accept electrons.
Some ions containing oxygen (e.g., nitrate and sulphate ions) can accept elec-
trons and lose oxygen:

NO3
− + 2H+ + 2e− → NO2

− + H2O (10.5)

2NO2
− + 8H+ + 6e− → N2 + 4H2O (10.6)

Some variable-valence ions will accept electrons and thus be reduced to
a lower-valence state. Examples are the reduction of high-valence iron and
manganese ions:

Fe3+ + e− → Fe2+

Mn4+ + 2e− → Mn2+ (10.7)

And hydrogen ion itself can accept an electron to become hydrogen gas:

2H+ + 2e− → H2 (10.8)

The tendency of a solution to donate electrons to a reducible substance or
to accept electrons from an oxidizable substance can be measured in terms of
its oxidation–reduction potential, commonly known as redox potential, Eh. (It
is defined as the potential, in volts, required in an electric cell to produce oxi-
dation at the anode and reduction at the cathode. This potential is measured
relative to a standard “hydrogen electrode”, which is taken as zero. The
hydrogen electrode consists of platinum, over which hydrogen is bubbled, to
produce a standard concentration of hydrogen ions.) The more strongly redu-
cing a substance, the lower is its potential. The Eh of a solution also depends
on its pH (Rowell, 1981). Values of Eh may vary from +400 mV in a well-
aerated soil to −350 mV in poorly aerated, carbon-rich soils (Glinski and
Stepniewski, 1985; Paine and Gregory, 1988).

BOX 10.1 Appearance of Poorly Aerated Soils

Poorly aerated soils often occur in humid regions characterized by high year-
round rainfall. They may also occur in semihumid or even arid regions, in low-
lying river valleys, deltas, and estuaries, as well as along seacoasts. They can

generally be recognized by their waterlogged condition, though occasionally a poorly
aerated soil may appear to be dry on the surface. A pit dug into such a soil will often
emit such gases as hydrogen sulphide, noted for its foul smell, and methane, which is
highly flammable. Such gases result from the anaerobic decomposition of organic mat-
ter. Nitrogen is often reduced from its nitric state to a nitrous state, and it may even be
reduced to the elemental N2 gas that volatilizes into the atmosphere.

Prolonged anaerobic conditions result in the chemical reduction of mineral elements,
particularly iron and manganese. Consequently, an anaerobic soil layer within the pro-
file will typically acquire a bleached, grayish (occasionally even bluish or greenish) hue.
A telltale sign of poor aeration is a condition known as mottling, characterized by the
appearance of spotty discoloration, typically just above the water table. These spots
generally indicate that some of the normally reddish ferric oxides have been reduced to
ferrous oxides. In extreme cases, manganese is reduced from an oxide to the elemental
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state and occurs in the form of small blackish concretions. Soils with such symptoms of
poor aeration, typically resulting from the blockage of pores by excessive wetness, are
called gley soils in the classical pedological terminology (the term having originated from
the Ukrainian word glei, meaning “clay”).

Even apparently well-aerated soils may contain zones that are poorly aerated. In
some cases, such zones occur as distinct layers, generally composed of tight clay. In
other cases, they occur as isolated spots throughout the profile, for example, in the
interior of aggregates, where water is retained for long periods. The outer portion of an
aggregate may be bright red and seem to be entirely oxidized, while the interior of the
same aggregate may be mottled. Plant roots may grow all around the periphery of such
aggregates but seldom penetrate into them (Sextone et al., 1985).



11. GAS MOVEMENT
AND EXCHANGE

PROCESSES OF GASEOUS TRANSFER

To sustain aerobic life in the soil, the oxygen consumed must be replaced
and the carbon dioxide produced must be vented out. Maintenance of soil res-
piration requires the constant exchange of soil air with the external atmos-
phere. The main path through which such exchange can take place is the
network of air-filled pores that form a continuous system connecting the sur-
face to the deeper layers of the soil. Soil aeration is restricted when this net-
work is partially or wholly blocked, as when the soil is excessively compacted
and — especially — when it is excessively wet.

Gaseous transfer in the soil can occur by means of several mechanisms
(Payne and Gregory, 1988). Changes in temperature and atmospheric pressure
cause soil air to either expand or contract; rainwater entering the soil carries
“new” oxygen in dissolved form into the pores, even as it pushes out “old” air.
Wind blowing over the soil surface may also pump air into, or suck air out of,
the soil surface. The extraction of soil moisture by plants creates a pressure
deficit that draws air into the soil.

In all such phenomena, two main processes operate to effect gaseous trans-
port within the soil: convection and diffusion. Each of these processes can be
formulated in terms of a linear rate law, stating that the flux is proportional
to the moving force. In the case of convection, also called mass flow, the mov-
ing force consists of a gradient of total gas pressure, and it causes in the entire
mass of air to stream from a zone of higher pressure to one of lower pressure.
In the case of diffusion, on the other hand, the moving force is a gradient of
partial pressure (or concentration) of any constituent member of the variable
gas mixture that we call air, and it causes the molecules of the unevenly
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distributed constituent to migrate from a zone of higher concentration to one
of lower concentration even while the gas as a whole may remain isobaric and
stationary.

CONVECTIVE FLOW OF AIR IN THE SOIL

Pressure differences between soil air and the outer atmosphere, inducing
convective flow into or out of the soil, can be caused by barometric pressure
changes, temperature gradients, and wind gusts. Additional phenomena affect-
ing the pressure of soil air are the penetration of water during infiltration,
causing displacement (and sometimes compression) of antecedent soil air, the
fluctuation of a shallow water table pushing air upward or drawing air down-
ward, and the extraction of soil water by plant roots. Short-term changes in
soil air pressure can also occur during tillage or compaction by machinery.

The degree to which air pressure fluctuations and the resulting convective
flow may contribute to the exchange of gases between the soil and the atmos-
phere has long been a subject of debate among soil physicists. Most of the
time, diffusion rather than convection appears to be the more important mech-
anism of soil aeration. Under certain conditions, however, convection can con-
tribute significantly to soil aeration, particularly at shallow depths and in soils
with large pores. For example, Vomocil and Flocker (1961), assuming that the
O2 consumption rate is 0.2 mL/hr g of root tissue (fresh weight), that rooting
density is 0.1 g/cm3, that the water extraction rate is 7.5 mm/day, and that soil
bulk density remains constant, calculated that the process of root water
extraction by itself can draw into the soil as much as 70% of the oxygen
required for respiration of crop roots.

The convective flow of air in the soil is similar in some ways to the flow of
water and different in other ways. The similarity is in the fact that the flow of
both fluids is usually impelled by, and is proportional to, a pressure gradient.
The dissimilarity results from the relative incompressibility of water in com-
parison with air, which is highly compressible so that its density and viscosity
are strongly dependent on pressure (as well as temperature). The gravitational
potential gradient, where it exists (as in vertical systems), is directly important
in causing water to flow, but it is hardly involved in air flow. Quite another
difference is that water has the greater affinity to the surfaces of mineral par-
ticles (i.e., it is the wetting fluid) and is thus drawn into narrow necks and
pores, forming capillary films and wedges (menisci).

In a three-phase system, therefore, air tends to occupy the larger pores. The
two fluids — water and air — coexist in the soil by occupying different portions
of the pore space having different geometric configurations. For this reason,
the soil exhibits toward the two fluids different conductivity or permeability
functions, as these relate to the different effective diameters, tortuosities, and
interconnectedness of the pore sets occupied by each fluid.

Notwithstanding the differences between water flow and air flow, we can
formulate the convective flow of air in the soil in an equation analogous to
Darcy’s law for water flow:

qv = −(k/η) ∇P (11.1)
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where qv is the volume convective flux of air (volume flowing through a unit
cross-sectional area per unit time), k is the permeability of the air-filled pore
space, η is the viscosity of soil air, and ∇P is the three-dimensional gradient of
soil air pressure. In one dimension, this equation takes the form

qv = −(k/η)(dP/dx) (11.2)

If the flux is expressed in terms of mass (rather than volume) per unit area and
per unit time, then the equation is

qm = −(ρk/η)(dP/dx) (11.3)

wherein qm is the mass convective flux and ρ is the density of soil air.
Recalling that the density of a gas depends on its pressure and temperature,

we now assume that soil air is an ideal gas in which the relation of mass, vol-
ume, and temperature is given by the equation

PV = nRT (11.4)

where P is pressure, V is volume, n is the number of moles of gas, R is the uni-
versal gas constant per mole, and T is absolute temperature. Since the density
ρ = M/V and the mass M is equal to the number of moles n times the molecu-
lar weight m, we have

ρ(m/RT)P (11.5)

We now recall the continuity equation (see Chapters 8 and 9) for a compres-
sible fluid:

∂ρ/∂t = − ∂qm/∂x (11.6)

Substituting the expression for ρ from Eq. (11.5) and the expression for qm
from Eq. (11.3) into Eq. (11.6), we obtain

(m/RT)(∂P/∂t) = ∂/∂x[(ρk/η)∂P/∂x] (11.7)

If the composite term ρk/η is nearly constant (if pressure differences are small),
we can write

∂P/∂t = α∂2P/∂x2 (11.8)

where α = RTk/m, a composite constant. This is an approximate equation for
the transient-state convective flow of air in soil. An assumption underlying this
equation is that flow is laminar.

Quite a different mechanism of convective movement of gases in the soil is
the transfer of dissolved gases by rain or irrigation water infiltrating into and
percolating through soils. Since oxygen-saturated air at atmospheric pressure
contains only 6 liters of O2 per cubic meter, which is only enough to provide
for the respiration of 1 kg (dry weight) of active roots, it seems unlikely that
the oxygen supplied by infiltrating water can have anything but a very tem-
porary effect in most situations.
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DIFFUSION OF GASES IN THE SOIL

The diffusive transport of gases such as O2 and CO2 in the soil occurs partly
in the gaseous phase and partly in the liquid phase. Diffusion through the air-
filled pores maintains the exchange of gases between the atmosphere and the
soil, whereas diffusion through water films of various thicknesses maintains
the supply of oxygen to, and disposal of CO2 from, live tissues, which are typ-
ically hydrated. For both portions of the pathway, the diffusion process can be
described by Fick’s law (see Chapter 9):

Jg = −D(dc/dx) (11.9)

where Jg is the diffusive flux of a gas (mass diffusing across a unit area per unit
time), D is the diffusion coefficient (generally having the dimensions of area
per time), c is concentration (mass of diffusing substance per volume), x is dis-
tance, and dc/dx is the concentration gradient. If partial pressure p is used
instead of concentration of the diffusing component, we get

Jg = −(D/β)(dp/dx) (11.10)

where β is the ratio of the partial pressure to the concentration.
Considering first the diffusive path in the air phase, we note that the diffu-

sion coefficient in the soil Ds must be smaller than that in bulk air D0 because
of the limited fraction of the total volume occupied by continuous air-filled
pores and also because of the tortuous nature of these pores. Hence we can
expect Ds to be some function of the air-filled porosity, fa.

Different workers have over the decades have reported different relations
between Ds and fa for various soils. For instance, 
Penman (1940) found a linear relation:

Ds/D0 = 0.66fa (11.11)

Sample Problem

Consider a cropped field with an effective root zone depth of 0.8 m, a daily transpir-
ation rate of 6 mm, and a daily soil respiration rate of 0.1 kg/m2. Calculate what frac-
tion of the oxygen requirement is supplied by convection if air is drawn from the
atmosphere in immediate response to the pressure deficit created in the soil by the
extraction of soil moisture.

Calculations:

Volume of water extracted per square meter per day: 1 m2 × 0.006 m = 0.006 m3 = 6 L.
Volume of air drawn from atmosphere = volume of water withdrawn from soil = 6 L.
Volume of oxygen drawn from atmosphere (21% O2) = 6 × 21/100 = 1.26 L.
Mass of oxygen drawn from the atmosphere = (1.26/22.4) × 0.032 = 0.0018 kg.
Percentage of daily oxygen requirement supplied by convection = 0.0018/0.1

= 18%.

Note: 0.032 kg = mass of 1 mol O2, occupying 22.4 L at standard pressure and
temperature.
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where 0.66 is a tortuosity coefficient, suggesting that the apparent (straight-line)
path is about two-thirds the length of the mean path of diffusion in the soil.
Tortuosity depends on the fractional volume of air-filled pores (i.e., it stands to
reason that the tortuous path length should increase as the air-filled pore volume
decreases); hence we can expect Penman’s constant coefficient to hold for only
a limited range of variation of air-filled porosity or of volume wetness. 

An analysis by de Vries (1950) showed on the basis of theory that the rela-
tion sought between the effective diffusion coefficient and air-filled porosity
should be curvilinear and dependent on pore geometry; hence it is not expected
to be the same for different soils and water versus air contents. Consequently,
Grable and Siemer (1968) found that as air-filled porosity fell to around 10%,
the ratio Ds/D0 fell to about 0.02. At even lower fa values of 4–5%, Lemon and
Erickson (1952) found the Ds/D0 ratio to be as low as 0.005.

Currie (1961) studied diffusion in aggregated soils. He compared the diffu-
sion coefficient of a gas in a dry soil in its natural structure with the diffusion
coefficient within the individual soil crumbs and found that the within-crumb
coefficient was only about one-fifth that of the between-crumb coefficient for
a given air space. He offered the following equation:

Dc/D0 = fc /[1 + (kc − 1)(1 − fc) (11.12) 

where Dc and fc are, respectively, the diffusion coefficient and volumetric air
space within the crumb and kc is a constant. Currie showed that kc is a useful
measure of soil structure, being high for poorly structured soils, and that it is in
fact a measure of the tortuosity of the larger pores within the crumb. He reported
values of kc that varied from 4.2 to 11.0. More recent measurements of oxygen
diffusion in soil aggregates have been reported by Sextone et al. (1985).

Methods of measuring gas diffusivity in soils are described by Rolston and
Moldrup (2002).

Sample Problem

Consider a soil profile in which the air-phase O2 concentration diminishes linearly from
21% at the surface to half that at 1-m depth. If the total porosity is a uniform 45% and
the volume wetness 35%, calculate the diffusion rate using Penman’s formula for the
effective diffusion coefficient of oxygen in the soil (Ds). Assume steady-state diffusion,
bulk-air diffusion coefficient (D0) = 1.89 × 10−5 m2/sec.

Our first step is to estimate the effective diffusion coefficient Ds using Penman’s lin-
ear relation between Ds and air-filled porosity fa:

Ds = 0.66faD0 = 0.66 × (0.45 − 0.35) × 1.89 × 10−5 = 1.26 × 10−6 m2/sec.

We use Fick’s first law to calculate the steady-state one-dimensional diffusive flux Jg of
oxygen through the soil profile from the external atmosphere to a plane at 1-m depth,
where O2 concentration is 10.5%:

Jg = Ds(Δc/Δx)
= (1.26 × 10−6 m2/sec)(0.3 − 0.15 kg/m3)/1 m = 1.89 × 10−7 kg/m2 sec.

Note: The atmospheric concentration of O2 = 21% × 0.032 kg/22.4 L = 0.3 kg/m3.
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FORMULATION OF DIFFUSION PROCESSES

Having established the variable nature of Ds, we now return to the math-
ematical formulation of diffusion processes in soils. For transient conditions,
we once again introduce the continuity principle:

∂c/∂t = −∂Jg/∂x (11.13)

which states that the time rate of change of concentration of a diffusing gas
equals the rate of change of diffusive flux with distance. The foregoing
assumes that the diffusing substance is conserved throughout (i.e., is neither
created nor destroyed within the soil body considered).

As O2 and CO2 diffuse through the soil, however, O2 is taken up and CO2
is generated by aerobic biological activity along the diffusive path. To take
account of the amount of a diffusing substance added to or subtracted from
the system per unit time, we add a plus-or-minus S term to the right-hand side
of Eq. (11.14). Note that a positive sign represents an increment rate (source)
and a negative sign represents a decrement rate (sink) for the substance con-
sidered. Accordingly,

∂c/∂t = −∂Jg∂x ± S(x,t) (11.14)

The designation S(x,t) implies that the source–sink term is a function of both
space and time.

We next substitute Eq. (11.9) into Eq. (11.15) and consider only the verti-
cal direction z:

∂c/∂t = ∂(Ds∂c/∂z)/∂z ± S(z,t) (11.15)

Note that we use Ds, for which one may wish to substitute an expression such
as the one by Penman (Ds = 0.66D0fa) or any other empirical or theoretically
based function.

In the event that Ds is constant, Eq. (11.16) simplifies to

∂c/∂t = Ds(∂2c/∂x2) ± S(z,t) (11.16)

In aggregated soils, gaseous diffusion occurs readily in the between-aggregate
macropores, which drain rapidly after a rain or irrigation and form a contin-
uous air-filled phase. However, the within-aggregate micropores can remain
nearly saturated for extended periods and restrict the internal aeration of
aggregates. Therefore plant roots are often confined to the larger pores
between aggregates and scarcely penetrate the aggregates themselves, whether
because the small internal pores of the aggregates and their mechanical rigid-
ity do not permit penetration or because of aeration restriction. However,
microorganisms do penetrate aggregates and, by their demand for oxygen,
affect soil aeration.

Equations (11.16) and (11.17) consider diffusion in the soil profile as a
whole. If we wish to take a closer look at diffusion into or out of individual
soil aggregates (clods), we must recast our equations into three-dimensional
form. Assuming an aggregate to be isotropic and approximately spherical, we
can use polar coordinates to obtain

∂c/∂t = (1/r2)∂[Dsr2(∂c/∂r)]/∂r ± S (11.17)
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where r is radial distance from the center of the sphere. If we further assume
steady-state exchange (equal and constant-rate absorption of O2 and release of
CO2) between the clod and its surroundings, we can simply set c/t equal to
zero and solve the equation for appropriate boundary conditions. For a uni-
form aggregate of radius R, respiring steadily and uniformly, the concentration
difference Δc between the surface and the center is given by (Crank, 1975)

Δc = ±SR2/6Ds (11.18)

Note that the concentration difference (i.e., expressing the O2 deficit or CO2
excess inside the clod) is proportional directly to the respiration rate S and
inversely to the diffusion coefficient Ds. As pointed out by Currie (1975),
knowledge of both S and Ds is required to quantify aeration.

Thus far we have confined our attention almost entirely to diffusion in the
air phase. In the case of root respiration, the final segment of the diffusion
path takes place through the hydration envelope surrounding the root. To
describe this stage of the aeration process, we can employ the cylindrical form
of the diffusion equation (Fig. 11.1):

∂c/∂t = (1/r)∂(rDw∂c/∂r)/∂r (11.19)

in which r is the radial distance from the root axis. Here we specify the diffu-
sion coefficient for the soluble diffusing substance in water, Dw. Although this
stage of the process takes place through a very short distance (the hydration
film being, at most, only a few millimeters thick), it may be the rate-limiting
stage, because the diffusivity of O2 in water is only about 1/10,000 its value in
air (i.e., about 2.6 × 10−3 mm2/sec in water as against 22.6 in air). The solu-
bility of oxygen in water (only 4% of the solubility of carbon dioxide) may be
limiting also, especially at high temperatures.

Root Water
film

O2

CO2

Air

ri
re

r = 0
r = R

r = R + F

Fig. 11.1. Diffusion of O2 from soil to root, representating root and hydration film as con-
centric cylinders. Here r is the radial distance from the root axis, R is the radius of the root, and
F is the thickness of the water film.
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The diffusion of oxygen to roots was first analyzed by Lemon (1962). His
analysis divided the process between two regions: an inner region, the root
itself, and an outer region, the water film enveloping the root. For steady-state
diffusion, the equations pertaining to the inner region (subscripted i) and the
outer one (subscripted e) are

(11.20)

If the diffusion coefficients for the root Di and for the water film De are known
and if the oxygen consumption rate per length of root S is also known, it is
possible to solve the pair of equations simultaneously for different conditions
and to define the conditions likely to limit root respiration (Glinski and
Stepniewski, 1985).

There is a fundamental difference between the relation of a soil’s permeabil-
ity to pore geometry and the corresponding relation of the diffusion coefficient.
Because the permeability pertains to pressure-induced viscous flow, it obeys
Poiseuille’s law, which states that flow rate varies as the fourth power of the pore
radius. Hence permeability is strongly dependent upon pore size distribution.
Diffusion, on the other hand, depends mainly on the total volume and tortuos-
ity of continuous pores available for diffusion. The reason that diffusion does
not depend on pore size distribution is that for air at atmospheric pressure the
mean free path of molecules in thermal motion (i.e., the distance an “average”
molecule in random motion travels before it collides with another) is of the
order of 0.0001–0.0005 mm and thus much smaller than the radii of the pores
that generally account for most of a soil’s air-filled porosity. A possible excep-
tion to this generalization is the diffusion of gases in a porous medium under
extremely low gas pressures, at which a phenomenon called Knudsen diffusion
may come into play (Clifford and Hillel, 1986). Knudsen diffusion occurs when
the mean free path of gas molecules is much greater than the pore radius, hence
molecule-wall collisions dominate over molecule-molecule collisions (Scanlon et
al., 2002). The Knudsen diffusive flux depends on the molecular weight, density,
and temperature of the diffusing gas, as well as on pore radii.

MEASUREMENT OF GASEOUS CONVECTION AND DIFFUSION IN SOILS

The set of processes involved in the transport of gases within the soil and
in the exchange of gases between the soil and the atmosphere is altogether too
complex to be definable by any single measurement. Soil physicists have
sought, therefore, to measure soil attributes and component processes con-
sidered to be relevant to the problem at hand and to be indicative of soil aer-
ation as whole. The early attempts to characterize soil aeration in terms of the
content and composition of soil air were essentially inadequate in that their
results were, at best, static snapshots of the situation at a given moment in
time, with no indication of process dynamics, directions, and rates of change.

A quite different approach to characterizing soil aeration is to measure the
air permeability, that is, the coefficient governing convective transmission of
air through the soil in response to a gradient of total gas pressure (Ball and
Schjnning, 2002). This measurement can provide useful information on the
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effective sizes and the continuity of air-filled pores. The techniques that have
been proposed include constant-pressure and falling-pressure devices (Fig.
11.2). The method has been applied in the field and found useful for assessing
the “openness” of the surface layer to the entry of air, as affected by such cul-
tural practices as tractor traffic and tillage (Fig. 11.3).

The measurement of diffusion rates through the air-filled pores alone gives
no indication the possible impedance of the liquid envelope surrounding a
root. A soil may have a high O2 concentration in the network of large pores
that are open to the atmosphere and yet not provide an adequate supply to the
roots if they are thickly hydrated. An interesting method for measuring oxy-
gen diffusion to a rootlike probe is based on the use of a thin platinum elec-
trode maintained at a constant potential. The reaction that takes place at the
negatively charged electrode is that dissolved oxygen molecules reaching the
electrode by diffusion take up four electrons and react with hydrogen ions to
form water in an acid solution (O2 + 4H+ + 4e− → 2H2O) or react with water
to form hydroxyl in an alkaline solution (O2 + 2H2O + 4e− → 4OH−).

The resulting current measures the flux of oxygen to the moisture-covered
electrode, which acts as a sink, thus simulating the action of a respiring root.
In practice, one inserts the probe into a moist soil and waits until the reading
becomes steady, at which time the flux of oxygen to the probe is taken to rep-
resent the oxygen-supplying power of the soil, commonly called the ODR
(for oxygen diffusion rate). The technique fails in relatively dry soils, which,
however, are unlikely to present aeration problems. Descriptions of the tech-
nique and the results obtainable by it have been published by Blackwell
(1983), and Payne and Gregory (1988), and Farrell et al. (2002).

Fig. 11.2. Measurement of air permeability with (a) a constant-pressure, variable-volume
permeameter [k = (Lη/Af)(ΔV/t)] and (b) a falling-pressure, constant-volume permeameter [k =
(2.3LηV/APa)(log[p1/p2]/Δt)]. (Note: k is air permeability, L is sample length, A is sample cross-
sectional area, V is volume of the air cell, Pa is barometric pressure, p is cell air pressure, t is time,
and p1 and p2 are cell pressure at start and end of time step ΔT, respectively.)
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Fig. 11.3. Air permeameter for field use. (After Grover, 1956.)

BOX 11.1 Soil Emissions of Radon Gas

In recent decades, concern has risen over the generation of radon gas by some
soils, especially in areas underlain by granite, as a consequence of the radio-
active decay of radium. Persistent radon gas may diffuse into the basements of

homes that are built over radon-emitting soils. Being colorless, odorless, practically inert
chemically, and present in only trace concentrations, radon can nonetheless constitute
a serious health hazard because it is radioactive and known to be a powerful carcinogen
(Eisenbud, 1987; Boyle, 1988). Since it is difficult to vent houses with appreciable radon
concentrations after the fact, the best approach is to test soil emissions prior to con-
struction and to insulate the ground surface at the time of construction.
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EMISSIONS OF GREENHOUSE GASES FROM SOILS

Growing attention is now being devoted to the “greenhouse effect” of the
atmosphere and its enhancement by the anthropogenic emissions of radiatively
active gases. Often cited as the major culprit is the burning of fossil fuels
(petroleum, coal, natural gas), which releases carbon dioxide into the atmos-
phere in excess of the amount that can be absorbed by green plants and the
oceans. Lately, agriculture’s role in climate change has come to light (Lal et al.,
1995b; Rosenzweig and Hillel, 1998). Clearing of forests for fields and pas-
tures, transforming virgin soil into cultivated land, flooding areas for rice and
sugarcane production, burning crop residues, raising ruminant animals, and
applying nitrogen fertilizers are activities that have been implicated in the
release of greenhouse gases to the atmosphere.

The gases emitted are primarily carbon dioxide, methane (Harriss et al.,
1988; Cicerone and Orenland, 1988; Knowles, 1993), and nitrous oxide
(Denmead et al., 1979; Andreae and Schimel, 1989). Altogether the agricul-
tural sources are now estimated to constitute about 20% of the total anthro-
pogenic emissions of greenhouse gses. Land-use changes for agricultural
development may account for an additional 14% (IPCC, 1995).

On a global basis, soil is second only to the ocean in the amount of carbon
it contains, holding perhaps 1.5–3 times as much carbon as living terrestrial
vegetation. Estimates of total soil carbon (including litter and soil organic mat-
ter) are about 1.4–1.6 × 1012 metric tons (Schlesinger, 1991; IPCC, 1995).
When areas originally covered with natural vegetation are converted to culti-
vated fields, much of the vegetation initially present is converted to carbon
dioxide. The material above ground either is burned or decomposes rapidly,
whereas the organic matter in the soil decays more slowly but over a period of
time releases significant quantities of CO2.

However, the release of CO2 from different agricultural practices varies.
Curtailed tillage practices, such as minimum or no tilling, efficient crop rota-
tion, and periodic fallowing, tend to reduce CO2 effluxes. Controlling soil ero-
sion also helps to conserve the carbon content of soils. When lands that have
degraded from overuse or are salinized are retired from cultivation, they tend
to sequester rather than release carbon.

Methane (CH4) is the second most important greenhouse gas after carbon
dioxide (IPCC, 1995; Rosenzweig and Hillel, 1998). Although it is very much
less prevalent than CO2, methane is about 20 times more powerful per molecule
in terms of radiative forcing (IPCC, 1990). Hence, its rising concentration in the
atmosphere is a matter of concern. Agriculture is the largest anthropogenic
source of methane, accounting for about 40% of total emissions. The major
agricultural sources of methane are fields of wetland rice (known as rice pad-
dies), herds of ruminant animals, and biomass burning. The conversion of nat-
ural wetlands to shallow impoundments for irrigation water management tends
to increase methane emissions as well (Harriss et al., 1988). Methane is pro-
duced in the process of carbohydrate (including cellulose) decomposition carried
out by anaerobic bacteria (Cicerone and Oremland, 1988; Bouwman, 1990).

Nitrous oxide (N2O) is present in the atmosphere in even smaller quantities
than methane. The current concentration is about 0.31 parts per million by
volume (ppmv), compared with ~360 ppmv for carbon dioxide and ~1.72
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ppmv for methane (IPCC, 1995). The radiative forcing of the N2O molecule is
about 200 times greater than that of CO2, and its mean lifetime in the atmos-
phere is about 120 years. The annual rate of rise of nitrous oxide is 0.2–0.3%.
Besides being a greenhouse gas, nitrous oxide plays another important role in
the atmosphere: It is further oxidized into NOx in the stratosphere, where it
acts to deplete ozone. Nitrous oxide emissions are part of the complex global
nitrogen cycle by which various forms of nitrogen are transported and trans-
muted in soils, plants, animals, and the atmosphere (Spreat, 1987; Brady,
1990; Schlesinger, 1991).

Soils are the major medium that generates N2O, through microbial
processes. Agricultural activities that contribute to nitrous oxide emissions
include the liberal application of nitrogenous fertilizers, burning of biomass,
and conversion of forests to pastures in tropical regions. The production of
nitrous oxide in the soil is an intermediate stage in both nitrification (oxida-
tion of ammonium to nitrate) and denitrification (the reverse of nitrification),
but it is the latter that constitutes the main process through which nitrous
oxide is released from soils.

A detailed description of soil-borne processes and of agriculture in relation
to the greenhouse effect is presented in Rosenzweig and Hillel (1998).



Part V

COMPOSITE
PHENOMENA



This Page Intentionally Left Blank



12. SOIL TEMPERATURE
AND HEAT FLOW

IMPORTANCE OF SOIL TEMPERATURE

Soil temperature, its value at any moment and the manner of its variation
in time and space, is a factor of primary importance in determining the rates
and directions of soil physical processes and of energy and mass exchange with
the atmosphere. Temperature governs evaporation and aeration as well as the
types and rates of chemical reactions that take place in the soil. Finally, soil
temperature strongly influences biological processes, such as seed germination,
seedling emergence and growth, root development, and microbial activity.

Soil temperature varies in response to changes in the radiant, thermal, and
latent energy exchange processes that take place primarily through the soil
surface. The effects of these phenomena are propagated into the soil profile
by a complex series of transport processes, the rates of which are affected by
time-variable and space-variable soil properties. Hence the quantitative for-
mulation and prediction of the soil thermal regime can be a formidable task.
Even beyond passive prediction, the possibility of actively controlling or modi-
fying the thermal regime requires a thorough knowledge of the processes at
play and of the environmental and soil parameters determining their rates.
The pertinent soil parameters include the specific heat capacity, thermal con-
ductivity and thermal diffusivity (all of which are strongly affected by bulk
density and wetness) as well as the internal sources and sinks of heat operat-
ing at any time.

Many reviews of soil temperature and heat flow have been published over
the years by (among others): de Vries (1975b), Campbell (1977), Taylor and
Jackson (1986), Fuchs (1986), Hanks (1992), Evett (2002), and McInnes
(2002).
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MODES OF ENERGY TRANSFER

We begin with basic physics. There are three principal modes of energy trans-
fer: radiation, convection, and conduction. By radiation, we refer to the emis-
sion of energy in the form of electromagnetic waves from all bodies above 0 K.
According to the Stefan–Boltzmann law, the total energy emitted by a body, Jt,
integrated over all wavelengths, is proportional to the fourth power of the
absolute temperature T of the body’s surface. This law is usually formulated

Jt = εσT4 (12.1)

where σ is a constant and ε is the emissivity coefficient, which equals unity for
a perfect emitter (generally called a black body). The absolute temperature
also determines the wavelength distribution of the emitted energy. Wien’s law
states that the wavelength of maximal radiation intensity λm is inversely pro-
portional to the absolute temperature:

λm = 2900/T (12.2)

where λm is in micrometers. The radiative intensity as a function of wavelength
and temperature is given by Planck’s law:

Eλ = C1/λ5 [exp(C2/λT) − 1] (12.3)

where Eλ is energy flux emitted in a given wavelength range and C1, C2 are
constants.

Since the temperature of the soil surface averages about 300 K (though it
can range from below 273 K, the freezing point, to 330 K or even higher), the
radiation emitted by the soil surface has its peak intensity at a wavelength of
about 10 μm and its wavelength distribution over the range of 3–50 μm. This
is in the realm of infrared, or heat, radiation.

A very different spectrum is emitted by the sun, which acts as a black body
at an effective surface temperature of about 6000 K. The sun’s radiation includes
the visible light range of 0.3–0.7 μm as well as some infrared radiation of greater
wavelength (up to about 3 μm) and some ultraviolet radiation (λ < 0.3 μm).
Since there is very little overlap between the two spectra, it is customary to
distinguish between them by calling the incoming solar spectrum short-wave
radiation and the spectrum emitted by the earth long-wave radiation.

The second mode of energy transfer, called convection, involves the move-
ment of a heat-carrying mass, as in the cases of ocean currents and atmos-
pheric winds. An example more pertinent to soil physics would be the
infiltration of warm wastewater into an initially cold soil.

Conduction, the third mode of energy transfer, is the propagation of heat
within a body by internal molecular motion. Because temperature is an expres-
sion of the kinetic energy of a body’s molecules, the existence of a temperature
difference within a body will normally cause the transfer of kinetic energy by
the collisions of rapidly moving molecules from the warmer region of the body
to their neighbors in the colder region. The process of heat conduction is thus
analogous to diffusion; and in the same way that diffusion tends in time to
equilibrate a mixture’s composition throughout, heat conduction tends to
equilibrate a body’s internal temperature.

In addition to the three modes of energy transfer described, there is a com-
posite phenomenon that one may recognize as a fourth mode, namely, latent
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heat transfer. A prime example is the process of distillation, which includes the
heat-absorbing stage of evaporation, followed by the convective or diffusive
movement of the vapor, and ending with the heat-releasing stage of condensa-
tion. A similar catenary process can also occur in transition back and forth
from ice to liquid water in soils subject to freezing and thawing.

ENERGY BALANCE FOR A BARE SOIL

A detailed elucidation of the energy and water balances of vegetated fields is
given in Chapter 20. At this stage we outline the energy regime of a bare
(unvegetated) soil. We begin with the radiation balance of a bare surface,
which can be written thus (van Bavel and Hillel, 1976):

Jn = (Js + Ja)(1 − α) + Jli − Jlo (12.4)

Here Jn is the net radiation, that is, the sum of all incoming minus outgoing
radiant energy fluxes, Js is the incoming flux of short-wave radiation directly
from the sun, Ja is the short-wave diffuse radiation from the atmosphere (sky),
Jli is the incoming long-wave radiation flux from the sky, Jlo is the outgoing
long-wave radiation emitted by the soil, and α is the albedo, or reflectivity
coefficient, which is the fraction of incoming short-wave radiation reflected by
the soil surface rather than absorbed by it. We shall disregard in the present
context all terms that do not pertain to the soil, namely, Js, Ja, and Jli.

The albedo α is an important characteristic of soil surfaces, and it can vary
widely in the range of 0.1–0.4, depending on the soil’s basic color (whether
dark or light colored), the surface’s roughness, and the inclination of the inci-
dent radiation relative to the surface (Sellers, 1965). In the short run, the
albedo also depends on the changing wetness of the exposed soil (Jackson
et al., 1974). The drier the soil, the smoother its surface; the brighter its color,
the higher its albedo. To a certain extent, the albedo can be modified by vari-
ous surface treatments, such as tillage and mulching.

Apart from the reflected short-wave radiation, governed by the albedo, we
have another soil-dependent process, namely, the emission of long-wave radi-
ation. In accordance with Eq. (12.1), the emitted flux Jle depends on surface
temperature but is also affected by emissivity ε. This parameter, in turn,
depends on soil wetness and generally varies between 0.9 and 1.0.

The net radiation received by the soil surface is transformed into heat,
which warms the soil and air and vaporizes water. We can thus write the sur-
face energy balance as follows:

Jn = S + A + LE (12.5)

where S is the soil heat flux (the rate at which heat is transferred from the sur-
face downward into the soil profile), A is the “sensible” heat flux transmitted
from the surface to the air above, and LE is the evaporative heat flux, a product
of the evaporative rate E and the latent heat per unit quantity of water evapo-
rated, L. The total surface energy balance [combining Eqs. (12.4) and (12.5)] is:

(Js + Ja)(l − α) + Jli − Jlo − S − A − LE = 0 (12.6)

Conventionally, all components of the energy balance are taken as positive if
directed toward the surface and negative otherwise.
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Sample Problem

Consider the energy balance of a bare-surface soil, assuming the following conditions:
The daytime (12-hr) average global (sun and sky) radiation is 3.35 × 104 J/m2 min (0.8
cal/cm2 min). The albedo is 0.15. The average soil surface temperature during the diur-
nal period is 27°C. Advection in daytime balances the outflow of sensible heat during
the night, so diurnal net sensible heat exchange with the atmosphere is negligible.
Evaporation is 2 mm/day. The emissivity is 0.9, and the atmosphere returns 60% of the
long-wave radiation emitted by the ground. Estimate the daytime soil heat transfer
term. Is it positive or negative?

Following Eq. (12.6), the diurnal energy balance can be written

Js(1 − α) − Jl − S − A − LE = 0

where Js is incoming global short-wave radiation, α is albedo, Jl is net long-wave emit-
ted radiation, S is heat flow into the soil, A is sensible heat transfer to the air, and LE is
latent heat loss. To obtain S, we rearrange this equation to read

S = Js(1 − α) − Jl − A − LE

For the net short-wave radiation, we have

Js(1 − α) = (3.35 × 104 J/m2 min)(720 min/day)(1 − 0.15)
= 2.05 × 107 J/m2 daytime

Net outgoing long-wave radiation (using the Stefan–Boltzmann law) is:

Jl = 0.4 (εσT)

Note: The total energy radiated per unit surface of a “black body” in unit time is
proportional to the fourth power of the thermodynamic temperature. The constant of
proportionality has the value of 5.67 × 10−8 J sec−1 m−2 K−4.

Jl = 0.4 × 0.9 × (5.67 × 10−8 J sec−1 m−2 K−4)(8.64 × 104 sec/diurnus)(273 + 27)4 K
= 1.43 × 107 J/m2

Note: The factor 0.4 is used because, as stated, the atmosphere returns 60% of the out-
going Jl. Also, the emission of longwave radiation takes place throughout the 24-hr day.

The net sensible heat transfer A is negligible. For the latent heat loss term, we have

LE = 2.43 × 106 J/kg × 2 kg/m2 day = 4.86 × 106 J/m2 per daytime
(= 580 cal/g × 0.2 g/cm2 day = 116 cal/cm2 day)

Note: Evaporation = 2 mm/day = 2 L/m2 day = 2 kg/m3 (water density = 1000 kg/m3).
Finally, we can sum up all of these quantities to obtain the soil heat flow:

S = 2.05 × 107 − 1.43 × 107 − 0 − 0.49 × 107

= 1.3 × 106 J/m2 per diurnus (~32.1 cal/cm2 day)

Ergo, the soil is gaining heat. If this amount of heat is absorbed in the top 0.2 m of
the soil with a specific heat capacity of 2000 J/kg and a bulk density of 1600 kg/m3, it
will raise the temperature by 2 degrees.

CONDUCTION OF HEAT IN SOIL

The conduction of heat in solids was analyzed as long ago as 1822 by
Fourier, whose name is given to the linear equation that has been used ever
since to describe heat conduction. This equation is mathematically analogous
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to the diffusion equation (Fick’s law) as well as to Ohm’s law for the conduc-
tion of electricity and Darcy’s law for water flow in soil.

The first law of heat conduction, known as Fourier’s law, states that the
flux of heat in a homogeneous body is in the direction of, and proportional to,
the temperature gradient:

qh = −κ∇T (12.7)

Here qh is the thermal flux (i.e., the amount of heat conducted across a unit
cross-sectional area in unit time), κ (Greek letter kappa) is thermal conductiv-
ity, and ∇T is the spatial gradient of temperature T. In one-dimensional form,
this law is written

qh = −κx (dT/dx) or qh = −κz (dT/dz) (12.8)

Here dT/dx is the temperature gradient in any direction, designated x, and
dT/dz is, specifically, the gradient in the vertical direction representing soil
depth (z = 0 being the soil surface). The subscripts attached to the thermal con-
ductivity term are meant to account for the possibility that this parameter may
have different values in different directions (i.e., that it may be nonisotropic).
The negative sign in these equations is due to the fact that heat flows from a
higher to a lower temperature (i.e., in the direction of, and in proportion to, a
negative temperature gradient).

Equation (12.7) is sufficient to describe heat conduction under steady-state
conditions, that is to say, where the temperature at each point in the conduct-
ing medium is invariant and the flux is constant in time and space. To account
for nonsteady (transient) conditions, we need a second law analogous to Fick’s
second law of diffusion as embodied in Eq. (9.13). To obtain the second law
of heat conduction, we invoke the principle of energy conservation in the form
of the continuity equation, stating that, in the absence of internal sources or
sinks of heat, the time rate of change in heat content of a volume element must
equal the change of flux with distance:

ρcm (∂T/∂t) = −∇ ⋅ qh (12.9)

where ρ is mass density and cm specific heat capacity per unit mass (defined as
the change in heat content of a unit mass of the body per unit change in tem-
perature). The product ρcm (often designated C) is the specific heat capacity
per unit volume, and ∂T/∂t is the time rate of temperature change. Note that
the symbol ρ represents the total mass per unit volume, including the water in
the case of a moist soil. The symbol ∇ (del) is the shorthand representation of
the three-dimensional gradient. Equation (12.9) can thus be restated as

ρcm (∂T/∂t) = −(∂qx/∂x + ∂qy/∂y + ∂qz/∂z)

where x, y, z are the orthogonal direction coordinates.
Combining Eqs. (12.9) and (12.7), we obtain the desired second law of heat

conduction:

ρcm (∂T/∂t) = −∇ ⋅ (κ ∇T) (12.10)

which, in one-dimensional form, is

ρcm (∂T/∂t) = (∂/∂x) [κ (∂T/∂x)] (12.11)
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Sometimes we may need to account for the possible occurrence of heat
sources or sinks in the realm where heat flow takes place. Heat sources include
such phenomena as organic matter decomposition, wetting of initially dry soil
material, and condensation of water vapor. Heat sinks are generally associated
with evaporation. Lumping all these sources and sinks into a single term S, we
can rewrite the last equation as

ρcm (∂T/∂t) = (∂/∂x) [κ (∂T/∂x)] ± S(x, t) (12.12)

in which the source–sink term is shown as a function of both space and time.
The ratio of the thermal conductivity κ to the volumetric heat capacity C (=

ρcm) is called the thermal diffusivity, designated DT. Thus,

DT = κ/C (12.13)

Substituting DT for κ, we can rewrite Eq. (12.8) and (12.11):

qh = −DTC (∂T/∂x) (12.14)

In the special case where DT can be taken as constant (not a function of dis-
tance), we can write

∂T/∂t = DT (d2T/dx2) (12.15)

To solve the foregoing equations so as to obtain a description of how tem-
perature varies in space and time, we need to know, by measurement or cal-
culation, the pertinent values of the three parameters just defined, namely, the
volumetric heat capacity C, thermal conductivity κ, and thermal diffusivity
DT. Together, they are called the thermal properties of soils.

VOLUMETRIC HEAT CAPACITY OF SOILS

A soil’s volumetric heat capacity C is defined as the change of a unit volume’s
heat content per unit change in temperature. It is expressed as calories per
cubic centimeter per degree or joules per cubic meter per degree. Thus, C
depends on the composition of the soil’s solid phase (mineral and organic com-
ponents), on bulk density, and on soil wetness (Table 12.1).

TABLE 12.1 Densities and Volumetric Heat Capacities of Soil
Constituents (at 10°C) and of Ice (at 0°C)

Density ρ Heat capacity C

Constituent (g/cm3) (kg/m3) (cal/cm3K) (J/m3 K)

Quartz 2.66 2.66 × 103 0.48 2.0 × 106

Other minerals (average) 2.65 2.65 × 103 0.48 2.0 × 106

Organic matter 1.3 1.3 × 103 0.6 2.5 × 106

Water (liquid) 1.0 1.0 × 103 1.0 4.2 × 106

Ice 0.92 0.92 × 103 0.45 1.9 × 106

Air 0.00125 1.25 0.003 1.25 × 103
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The value of C can be estimated by summing the heat capacities of the
various constituents, weighted according to their volume fractions. As given
by de Vries (1975a), it is

C = Σ(fsiCsi + fwCw + faCa) (12.16)

Here, f denotes the volume fraction of each phase: solid (subscripted s), water
(w), and air (a).

The solid phase includes a number of components subscripted i, such as
various minerals and organic matter, and the symbol Σ indicates the summa-
tion of the products of their respective volume fractions and heat capacities.
The C value for water, air, and each component of the solid phase is the prod-
uct of the particular density and the specific heat per unit mass (i.e., Cw =
ρwcmw, Ca = ρacma, Csi = ρsicmi).

Most of the minerals composing soils have nearly the same values of density
(about 2.65 g/cm3, or 2.65 × 103 kg/m3) and of heat capacity (0.48 cal/cm3 K,
or 2.0 × 106 J/m3 K). Since it is difficult to separate the different kinds of
organic matter present in soils, it is tempting to lump them all into a single con-
stituent (with an average density of about 1.3 g/cm3, or 1.3 × 103 kg/m3, and
an average heat capacity of about 0.6 cal/cm3 K, or 2.5 × 106 J/m3 K).

Although the density of water is less than half that of mineral matter
(about 1 g/cm3, or 1.0 × 103 kg/m3), its specific heat is more than twice as
large (1 cal/cm3 K, or 4.2 × 106 J/m3 K). Finally, since the density of air is only
about 1/1000 that of water, its contribution to the specific heat of the com-
posite soil can generally be neglected.

Thus, Eq. (12.16) can be simplified as follows:

C = fmCm + foCo + fwCw (12.17)

where subscripts m, o, w refer to mineral matter, organic matter, and water,
respectively. Note that fm + fo + fw = 1 − fa and the total porosity f = fa + fw.
The reader will recall that in preceding chapters we designated the volume
fraction of water fw as θ. Knowing the approximate average values of Cm, Co
and Cw, we can further simplify Eq. (12.17) to give

C = 0.48fm + 0.60fo + fw (12.18)

The use of Eq. (12.18) must be qualified in the case of frozen or partially
frozen soils, since the properties of ice differ from those of liquid water (ρ = 0.92
g/cm3, or 0.92 × 103 kg/m3, and C = 0.45 cal/cm3 K, or 1.9 × 106 J/m3 K). In
typical mineral soils, the volume fraction of solids is in the range of 0.45–0.65,
and C values range from about 1 MJ/m3 K (less than 0.25 cal/cm3 K) in the dry
state to about 3 MJ/m3 K, or 0.75 cal/cm3 K, in the water-saturated state.

The measurement of heat capacity and specific heat is described by
Kluitenberg (2002).

THERMAL CONDUCTIVITY AND DIFFUSIVITY

Thermal conductivity κ is defined as the quantity of heat transferred
through a unit area of the conducting body in unit time under a unit tempera-
ture gradient. As shown in Table 12.2, the thermal conductivities of specific
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soil constituents differ widely (see also Table 12.3). Hence the space-averaged
(macroscopic) thermal conductivity of a soil depends on its mineral compos-
ition and organic matter content as well as on the volume fractions of water
and air.

Since the thermal conductivity of air is very much smaller than that of water
or solid matter, a high air content (or low water content) corresponds to a low
thermal conductivity. Moreover, since the proportions of water and air vary
continuously, κ is also time variable. Soil composition is seldom uniform in
depth; hence κ is generally a function of depth as well as of time. It also varies
with temperature, but under normal conditions this variation is ignored.
Unlike heat capacity, thermal conductivity is sensitive not only to the mineral
composition of a soil but also to the sizes, shapes, and arrangements of soil
particles. In the normal range of soil wetness experienced in the field, C may
undergo a threefold or fourfold change, whereas the corresponding change in
κ may be a hundredfold or more.

TABLE 12.2 Thermal Conductivities of Soil
Constituents (at 10°C) and of Ice (at 0°C)

Constituent mcal/cm sec K (W/m K)

Quartz 21 8.8
Other minerals (average) 7 2.9
Organic matter 0.6 0.25
Water (liquid) 1.37 0.57
Ice 5.2 2.2
Air 0.06 0.025

TABLE 12.3 Average Thermal Properties of Soils and Snowa

Damping
Thermal Volumetric depth

Soil Volumetric conductivity heat capacity Cv (diurnal)
type Porosity f wetness θ (10−3 cal/cm sec °C) (cal/cm sec °C) d (cm)

Sand 0.4 0.0 0.7 0.3 8.0
0.4 0.2 4.2 0.5 15.2
0.4 0.4 5.2 0.7 14.3

Clay 0.4 0.0 0.6 0.3 7.4
0.4 0.2 2.8 0.5 12.4
0.4 0.4 3.8 0.7 12.2

Peat 0.8 0.0 0.14 0.35 3.3
0.8 0.4 0.7 0.75 5.1
0.8 0.8 1.2 1.15 5.4

Snow 0.95 0.05 0.15 0.05 9.1
0.8 0.2 0.32 0.2 6.6
0.5 0.5 1.7 0.5 9.7

a After van Wijk and de Vries (1963).
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The relationship between the overall thermal conductivity of a soil and the
specific conductivities and volume fractions of the soil’s constituents is very
intricate. Two relatively simple alternative cases can be envisaged: a dry soil
and a water-saturated soil with the same internal structure. In both cases we
have a two-phase system in which the particles are dispersed in a continuous
fluid (air or water) with a volume fraction f0 and thermal conductivity κ0. The
particles then occupy a volume fraction f1 = 1 − f0 and have a thermal con-
ductivity κ1. A composite thermal conductivity for the medium can be defined
as follows: Consider a representative cube of soil with side L, large in com-
parison with the diameters of the particles and pores. Assume that the upper
face is at a temperature T1 and the bottom face is at a lower temperature, T2.
A constant heat flux qh will then pass through the cube, proportional to the
temperature gradient, with κc as the proportionality factor for the composite
medium:

qh = −κc (dT/dx) = κc(T1 − T2)/l

Since the cube is a mixture of two phases, the composite thermal conductivity
κc will be intermediate between κ0 and κ1. According to de Vries (1975a),

κc = (f0κ0 + kfiκi)/(f0 + kfi) (12.19)

where the factor k is the ratio of the average temperature gradient in the par-
ticles to the corresponding gradient in the continuous fluid:

k = (dT/dz)2/(dT/dz)1

The value of k depends not only on the ratio κ1/κ0, but also on the particle
sizes, shapes, and mode of packing.

If there are several types of particles with different shapes or conductivities,
Eq. (12.20) can be generalized:

(12.20)

Here n is the number of particle classes within which all particles have about
the same shape and conductivity. The thermal conductivity of soils of widely
differing compositions can be estimated by Eq. (12.20).

The following form of Eq. (12.20), for an unsaturated soil, was used by van
Bavel and Hillel (1975, 1976):

κc = (fwκw + ksfsκs + kafaκa)/(fw + ksfs + kafa)

where κw, κa, and κs are the specific thermal conductivities of the soil con-
stituents (water, air, and an average value for the solids, respectively). The fac-
tor ks represents the ratio between the space average of the temperature
gradient in the solidphase and that in the water phase. It depends on grain
shapes as well as on mineral composition and organic matter content. The ka
factor represents the corresponding ratio for the thermal gradient in the air
and water phases.
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The dependence of thermal conductivity and diffusivity on soil wetness is
illustrated in Fig. 12.1. The influence of latent heat transfer by the diffusion of
water vapor in the air-filled pores is proportional to the temperature gradient
in these pores. It can be taken into account (van Bavel and Hillel, 1976; Hillel,
1977) by adding to the thermal conductivity of air an apparent conductivity
due to evaporation, transport, and condensation of water vapor (the so-called
vapor enhancement factor). This value is strongly temperature dependent and
rises rapidly with increasing temperature.

Methods of measuring thermal conductivity were summarized by Jackson
and Taylor (1986) and more recently by Bristow (2002).

The thermal diffusivity Dh, instead of the conductivity κ, is sometimes
desired (Horton, 2002). It can be defined as the change in temperature pro-
duced in a unit volume by the quantity of heat flowing through the volume in
unit time under a unit temperature gradient. An alternative definition, easier
to perceive, is that the thermal diffusivity is the ratio of the conductivity to the
product of the specific heat and density:

Dh = κ/csρ = κCv (12.21)
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Fig. 12.1. Thermal conductivity and thermal diffusivity as functions of volume wetness (vol-
ume fraction of water) for (1) sand (bulk density 1460 kg/m3, volume fraction of solids 0.55);
(2) loam (bulk density 1330 kg/m3, volume fraction of solids 0.5); and (3) peat (volume frac-
tion of solids (0.2). (After de Vries, 1975.)
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where Cv is the volumetric heat capacity. As shown in the preceding section,
the specific heat and density of both solids and water must be considered when
calculating Cv:

Cv = ρs(cs + cww) (12.22)

where ρs is the density of dry soil, cs is the specific heat of dry soil, cw is the
specific heat of water, and w is the ratio of the mass of water to the mass of
dry soil. The thermal diffusivity can be measured directly, as described by
Jackson and Taylor (1986).

SIMULTANEOUS TRANSPORT OF HEAT AND MOISTURE

The flows of water and of thermal energy under nonisothermal conditions
in the soil are interactive phenomena: The one entails the other. Temperature
gradients affect the moisture-potential field and induce both liquid and vapor
movement. Reciprocally, moisture gradients move water, which carries heat.
The simultaneous occurrence of temperature gradients and moisture gradients
in the soil therefore brings about the combined transport of heat and moisture.
This combined transport can generally be ignored in the extreme cases of a satu-
rated or nearly saturated soil and of a nearly dry soil. In the former, the influ-
ence of temperature gradients on liquid water flow is generally small in
comparison with the influence of gravity or pressure gradients; in the latter,
the movement of heat can entail no significant movement of either liquid water
or vapor. Thus, we are left with the problem of how to deal with the wide
range of intermediate situations in which transport of liquid water and of
vapor can be both significant and mutually influenced.

Two separate approaches to the combined transfer of heat and moisture
have been attempted: (1) a mechanistic approach, based on a physical model
of the soil system, and (2) a thermodynamic approach, based on the phenom-
enology of irreversible processes in terms of coupled forces and fluxes. Though
starting from different points of view, the two approaches have been shown to
be related and, properly formulated, can be cast into an equivalent mold
(Groenevelt and Bolt, 1969; Jury, 1973).

The mechanistic approach was originally formulated by Philip and de Vries
(1957). Their model was based on the concept of viscous flow of liquid water
under the influence of gravity and of capillary and adsorptive forces and on
the concept of vapor movement by diffusion. Local “microscopic-scale”
thermodynamic equilibrium between liquid and vapor was assumed to exist
at all times and at each point within the soil. The general differential equa-
tion describing moisture movement in a porous system under combined
temperature and moisture gradients for unidimensional vertical flow is,
accordingly,

∂θ/∂t = ∇ ⋅ (DT ∇T) + ∇ ⋅ (Dw∇θ) − ∂K/∂z (12.23)

where q is volumetric wetness, t is time, T is absolute temperature, DT is the
water diffusivity under a temperature gradient (the sum of the liquid and
vapor diffusivities), Dw is the water diffusivity under a moisture gradient, K is
the hydraulic conductivity, and z is the vertical space coordinate. The last term
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on the right-hand side is due to the gravity gradient and becomes positive if z
is taken to be increasing downward.

The heat transfer equation is, similarly,

Cv ∂T/∂t = ∇ ⋅ (κ ∇T) − L∇⋅(Dw,vap ∇θ) (12.24)

Here Cv is volumetric heat capacity, κ is apparent thermal conductivity of the
soil, L is latent heat of vaporization of water, and Dw,vap is diffusivity for heat
conveyed by water movement (mostly vapor). The preceding equations are
both of the diffusion type, involving θ- and T-dependent diffusivities as well
as gradients of both θ and T.

Taken together, Eqs. (12.23) and (12.24) describe the coupled transport of
moisture and heat in soils. The mechanistic nature of the theory and of the
coefficients involved was explained by de Vries (1975b). The assumption of
local thermodynamic equilibrium links the vapor pressure pv to the matric
potential ψ by the following relation: pv = pvsh = pvs exp(Mgψ/RT), where pvs
is the saturated vapor pressure at the particular temperature T, h is relative
humidity, M is molar mass, g is the acceleration of gravity, and R is the uni-
versal gas constant. The diffusivities for water and heat by vapor transport are
obtained by use of this relationship. However, the difficulty encountered in
making the theory operational is in measuring the diffusivities. A more funda-
mental problem is that, since the two mechanisms of flow represented in each
equation do interact, they are not, strictly speaking, simply additive.

To consider the approach based on irreversible thermodynamics, we must
first understand in principle the difference between this relatively new branch
of science and the older, “classical” thermodynamics, which deals with
reversible processes and equilibrium states. Classical thermodynamics can pre-
dict whether, and in what direction (but not at what rate), a spontaneous
process will occur in a system not at equilibrium. However, in a natural sys-
tem any number of different forces might be operating simultaneously to pro-
duce mutually interacting fluxes in a combination of irreversible processes. For
instance, a concentration gradient causes diffusion, a pressure gradient causes
convection, and a temperature gradient results in the transfer of heat, with
each of these fluxes affecting the others. If the system is not too far from equi-
librium, the fluxes are taken to be related linearly to the forces causing them.

In application to simultaneous water and heat flow, as an example, the
approach based on the thermodynamics of irreversible processes formulates a
pair of phenomenological equations in which the fluxes of moisture qw and
heat qh are expressed as linear functions of the moisture potential (e.g., pres-
sure) gradient dP/dz and the temperature gradient dT/dz:

qw = −Lww(1/T) (dP/dz) − Lwh(1/T 2)(dT/dZ)

qh = −Lww(1/T) (dP/dz) − Lhh(1/T 2)(dT/dZ)
(12.25)

The four phenomenological coefficients occurring in these equations (Lww,
Lwh, Lhw, Lhh, relating water flow to the water potential gradient, water flow
to the thermal potential gradient, heat flow to the water potential gradient,
and heat flow to the thermal potential gradient, respectively) are unknown
functions of P (or θ) and T. According to Onsager’s theorem (Katchalsky and
Curran, 1965), the cross-coupling coefficients Lwh and Lhw are equal when the
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fluxes and forces are properly formulated. Thus, the number of coefficients
that must be measured is reduced.

An apparent advantage of the irreversible thermodynamics approach is that
it makes no a priori assumptions regarding the mechanisms of the transport
phenomena formulated. Hence it would seem to be less restrictive than a phys-
ical theory, whose validity is constrained at the outset by its mechanistic
assumptions. The disadvantage of the approach, however, is precisely in its fail-
ure to provide insight into the nature and internal workings of the processes
considered.

THERMAL REGIME OF SOIL PROFILES

In nature, soil temperature varies continuously in response to the ever-
changing meteorological regime acting on the soil–atmosphere interface. That
regime is governed by a regular periodic succession of days and nights and of
summers and winters. Yet the regular diurnal and annual cycles are perturbed
by such irregular episodic phenomena as cloudiness, cold waves, warm waves,
rainstorms or snowstorms, and periods of drought. Added to these external
influences are the soil’s own changing properties (i.e., temporal changes in
reflectivity, heat capacity, and thermal conductivity as the soil alternately wets
and dries, and the variation of all these properties with depth), as well as the
influences of geographic location, vegetative cover, and — finally — human
management. All these labile factors complicate the effort to define the ther-
mal regime of soil profiles.

The simplest mathematical representation of nature’s fluctuating thermal
regime is to assume that at all depths in the soil the temperature oscillates as
a pure harmonic (sinusoidal) function of time around an average value. Since
nature’s actual variations are not so orderly, this may be a rather crude
approximation. Nonetheless, it is an instructive exercise in itself, and when
used in conjunction with field data it may lead to a better understanding, and
perhaps even provide a basis for the prediction, of a soil’s thermal regime.

To begin, let us assume that although soil temperature varies differently at
different depths in the soil, the average temperature is the same for all depths.
We next choose a starting time (t = 0) such that the surface is at the average
temperature. The temperature at the surface can then be expressed as a func-
tion of time (Fig. 12.2):

T(0,t) = Tave + A0 sin ωt (12.26)

where T(0,t) is the temperature at z = 0 (the soil surface) as a function of time
t, Tave is the average temperature of the surface (as well as of the profile), and
A0 is the amplitude of the surface-temperature fluctuation (the range from
maximum, or from minimum, to the average temperature). Finally, ω is the
radial frequency, which is 2π times the actual frequency. In the case of diurnal
variation, the period is 86,400 sec (24 hr), so ω = 2π/86,400 = 7.27 × 10−5/sec.
Note that the argument of the sine function is expressed in radians rather than
in degrees.

The last equation is the boundary condition for z = 0. For the sake of con-
venience, let us assume that at infinite depth (z = ∞) the temperature is constant
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and equal to Tave. Under these circumstances, the temperature at any depth z
can also be represented as a sine function of time, as shown in Fig 12.3:

T(z,t) = Tave + Az sin[ωt + φ(z)] (12.27)

in which Az is the amplitude at depth z. Both Az and φ(z) are functions of z but
not of t. They can be determined by substituting the solution of Eq. (12.26) in
the differential equation ∂T/∂t = κ(∂2T/∂z2). This leads to the solution

T(z,t) = Tave + A0[sin(ωt − z/d)]/e−z/d (12.28)

The constant d is a characteristic depth, called the damping depth, at which
the temperature amplitude equals 1/e (1/2.718 = 0.37) of the amplitude at the
soil surface A0. The damping depth is related to the thermal properties of the
soil and the frequency of the temperature fluctuation:

d = (2κ/Cω)1/2 = (2Dh/ω)1/2 (12.29)

It is seen that at any depth the amplitude of the temperature fluctuation Az is
smaller than A0 by a factor ez/d and that there is a phase shift (a time delay of
the temperature peak) equal to −z/d. The decrease of amplitude and increase
of phase lag with depth are typical phenomena in the propagation of a peri-
odic temperature wave in the soil.

The physical reason for the damping and retarding of the temperature waves
with depth is that a certain amount of heat is absorbed or released along the
path of heat propagation when the temperature of the conducting soil increases
or decreases, respectively. The damping depth is related inversely to the fre-
quency, as can be seen from Eq. (12.29). Hence it depends directly on the
period of the temperature fluctuation considered. The damping depth is
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Fig. 12.2. Idealized daily fluctuation of surface soil temperature, according to the equation
T = Tave + Ao sin(ωt/p), where T is temperature, Tave is average temperature, Ao is amplitude, t is
time, and p is the period of the oscillation (in this case, p refers to the diurnal 24 hr).
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(365)1/2 = 19 times larger for the annual variation than for the diurnal variation
in the same soil. For example, van Wijk and de Vries (1963) calculated the
damping depth for a soil with κ = 0.96 J/m sec deg (equal to 2.3 × 10−3 cal/cm
sec deg) and obtained d = 0.12 m for the diurnal temperature fluctuation and
d = 2.29 m for the annual fluctuation. Whereas the amplitude at depth z = d is
0.37 as great as the amplitude at the surface, it is only about 0.05 of the sur-
face amplitude at z = 3d (0.36 m for the diurnal variation in the case of the soil
used by these authors). When an arbitrary zero point t0 is introduced into the
time scale, Eq. (12.28) becomes

T(z,t) = Tave + A0[sin(ωt + φ0 − z/d)]/e z/d (12.30)

The constant φ0 is called the phase constant.
The annual variation of soil temperature down to considerable depth causes

deviations from the simplistic assumption that the daily average temperature
is the same for all depths in the profile. The combined effect of the annual and
diurnal variations of soil temperature can be expressed by

T(z,t) = Tave,y + Ay[sin(ωyt + φy − z/dy)]/ez/dy

+ Ad[sin(ωdt + φd − z/dd)]/ez/dd (12.31)

Fig. 12.3. Idealized variation of soil temperature with time for various depths. Note that at
each succeeding depth the peak temperature is damped and shifted progressively in time. Thus,
the peak at a depth of 0.4 m lags about 12 hr behind the temperature peak at the surface and
is only about 1/16 of the latter. In this hypothetical case, a uniform soil was assumed, with a
thermal conductivity of 1.68 J/m sec deg (or 4 × 10−3 cal/cm sec deg) and a volumetric heat
capacity of 2.1 × 106 J/m3 deg (0.5 cal/cm3 deg).
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wherein the subscripted indices y and d refer to the yearly and daily tempera-
ture waves, respectively. Thus Tave,y is the annual mean temperature. The daily
cycles are now seen to be short-term perturbations superimposed on the annual
cycle. Vagaries of weather (e.g., spells of cloudiness or rain) can cause consid-
erable deviations from simple harmonic fluctuations, particularly for the daily
cycles. Longer-term climatic irregularities can also affect the annual cycle, of
course. Also, since the annual temperature wave penetrates much more
deeply than the daily wave, the assumptions of soil homogeneity in depth
and of the time constancy of soil thermal properties are clearly unrealistic
(Gao et al., 2003).

An alternative theoretical approach is possible, one with fewer constraining
assumptions. It is based on numerical, rather than analytical, methods for
solving the differential equations of heat conduction. Computer-based math-
ematical simulation models now allow soil thermal properties to vary in time
and space (e.g., in response to periodic changes in soil wetness) so as to
account for alternating surface saturation and desiccation and for profile
layering. They also allow various climatic inputs to follow more realistic and
irregular patterns. The surface amplitude of temperature need no longer be
taken to be an independent variable, but one that depends on the surface
energy balance and thus is affected by both soil properties and above-soil con-
ditions. Examples of the numerical approach can be found in the published
works of van Bavel and Hillel (1975, 1976), Hillel (1977), and Evett et al.
(1994).

Other developments of practical importance include techniques for moni-
toring the soil thermal regime more precisely than was possible previously.
One such technique is the infrared radiation thermometer for scanning or
remote sensing of surface temperature for both fallow and vegetated soils
without disturbance of the measured surface. Knowledge of the surface tem-
perature and its variation in time is important in assessing energy exchange
between soil and atmosphere as well as in determining boundary conditions
for within-soil heat transfer.

An additional technique is the use of heat flux plates. These are flat and thin
plates or disks of constant thermal conductivity, which allow precise measure-
ment of the temperature difference between their two sides so as to yield the
heat flux through them. When embedded horizontally in the soil at regular
depth intervals, a series of such heat flux plates can provide a continuous
record of heat transfer throughout the profile. There are problems, however.
The presence of heat flux plates can distort the flow of heat in the surround-
ing medium if their thermal conductivity is very different from that of the soil.
The experimental error can be minimized by constructing plates of maximal
thermal conductivity and minimal thickness and by calibrating them in a
medium with a thermal conductivity near to that of the soil in which they are
to be placed. Another problem is that such plates preclude vapor flow, which
can sometimes be an important component of heat transfer. The use of heat
flux plates is described by Fuchs (1986) and by Sauer (2002).

The soil-temperature profile as it might vary from season to season in a
frost-free region is illustrated in Fig. 12.4. The diurnal variation of tempera-
ture and the directions of heat flow within a soil profile are illustrated in
Fig. 12.5.
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Fig. 12.4. Soil-temperature profile as it varies from season to season in a frost-free region.

Fig. 12.5. Typical variation of temperature with depth at different times of day in summer.
(From Sellers, 1965; data by Carson, 1961.)
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Sample Problem

The daily maximum soil-surface temperature is 40°C and the minimum is 10°C. Assume
that the diurnal temperature wave is symmetrical, that the mean temperature is equal
throughout the profile (with surface temperature equal to the mean value at 6 A.M. and
6 P.M.), and that the “damping depth” is 0.10 m. Calculate the temperatures at noon
and midnight for depths 0.05, 0.10, and 0.20 m.

Since the temperature range is 30°C and the mean (Tave) 25°C, and the amplitude at
the surface A0, the maximum value above the mean is 15°.

Use Eq. (12.28) to calculate the temperature T at any depth z and time t:

T(z,t) = Tave + A0[sin(ωt − z/d)]/ez/d

where ω is the radial frequency (2π/24 hr) and d is the “damping depth” at which the
temperature amplitude is 1/e ( = 0.37) of A0. Note: Radial angle is expressed in radians,
not in degrees (i.e., sin π/2 = 1, sin 3π/2 = −1).

At the soil surface (depth zero):

Noontime temperature (6 hr after T = Tave)

T(0.6) = 25 + 15 × [sin(π/2 − 0)]/e0 = 25 + 15 = 40°C

Midnight temperature (18 hr after T = Tave)

T(0,18) = 25 + 15 × [sin(3π/2 − 0)]/e0 = 25 − 15 = 10°C

At depth 0.05 m:

Noontime temperature:

T(0.05,6) = 25 + 15 × [sin(π/2 − 0.05/0.1)]/e0.05/0.1

= 25 + 15 × sin(1.07)/1.65 = 33°C

Midnight temperature:

T(0.05,18) = 25 + 15 × [sin(3π/2 − 0.05/0.1)]/e0.05/0.1

= 25 + 15 × sin(4.21)/1.65 = 17°C

At depth 0.1 m (the damping depth):

Noontime temperature:

T(0.1,6) = 25 + 15 × [sin(π/2 − 0.1/0.1)]/e0.1/0.1

= 25 + 15 × sin(0.57)/2.72 = 28°C

Midnight temperature:

T(0.1,18) = 25 + 15 × [sin(3π/2 − 0.1/0.1)]/e0.1/0.1

= 25 + 15 × sin(3.71)/2.72 = 22°C

At depth 20 cm:

Noontime temperature:

T(0.2,6) = 25 + 15 × [sin(π/2 − 0.2/0.1)]/e0.2/0.1

= 25 + 15 × sin( − 0.43)/7.4 = 24.15°C
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Midnight temperature:

T(0.2,18) = 25 + 15 × [sin(3π/2 − 0.2/0.1)]/e0.2/0.1

= 25 + 15 × sin(2.71)/7.4 = 25.85°C

Note: At a depth of 0.2 m the phase shift is so pronounced that at midnight the tem-
perature is higher than at noon. A useful exercise for students is to plot the sinusoidal
course of temperature at each depth, to observe how the phase shift (time lag of max-
imum and minimum values) increases and the amplitude decreases with depth.
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13. STRESS, STRAIN,
AND STRENGTH
OF SOIL BODIES

SOIL RHEOLOGY

The fundamental concepts of soil rheology and the principles of soil
mechanics based on them pertain to the behavior of soil bodies under applied
forces. Engineers have long used these principles in solving problems related
to the stability of slopes and foundations and to the use of soil as a construc-
tion material. Recently and increasingly the same fundamental concepts have
been applied to the behavior and management of soils in traction and tillage.

The term rheology originates from the Greek word rheos, meaning “flow-
ing.” As a branch of science, however, it is concerned with all types of deform-
ation, of which flow is merely one. Broadly speaking, rheology can be
described as the mechanics of deformable bodies. In connection with the study
of soil deformation, however, the analogous term soil dynamics (rather than
soil rheology) seems to have won wider acceptance in the literature.

Extensive expositions of soil dynamics were published by Gill and Vanden
Berg (1967), Hillel (1980a), Koolen and Kuipers (1983), McKyes (1985), and
Chancellor (1994). Here, we deal only briefly with selected highlights of that
complex topic.

STRAIN–STRESS RELATIONSHIPS AND FAILURE OF SOIL BODIES

The reaction of a body to a force or a combination of forces acting on or
within it can be characterized in terms of its relative deformation, or strain,
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that is, the ratio of the deformation to the body’s initial dimensions. The sim-
plest example is a rectangular or cylindrical body subjected to a force directed
along its main axis (Fig. 13.1). If the initial length is L0 and the change in
length ΔL, then the longitudinal strain ε is

ε = ΔL/L0 (13.1)

Another form of deformation occurs when the angles rather than the length
dimensions of a body change. The simplest such case, called simple shear, is
depicted in Fig. 13.2. The measure of shear strain γ (or tangential strain) is the
relative change of the initially right angle:

γ = u/h (13.2)

where u is the lateral (or tangential) displacement and h is the height of the
body. The ratio u/h is thus the tangent of the deformation angle. Being a ratio
of lengths, strain is dimensionless and is often expressed as a fraction or per-
centage of the original dimension.

u
Ft

h

γ

Fig. 13.2. Angular deformation in simple shear of a cube.

Fig. 13.1. Longitudinal deformation of an elongated body subjected to an axial load.

Fa

ΔL

L0



STRAIN–STRESS RELATIONSHIPS AND FAILURE OF SOIL BODIES 237

The effect of a force in causing deformation is related directly to the mag-
nitude of the force and inversely to the area over which it acts. The ratio of
force to area, that is, force per unit area, is called stress. A normal stress is
caused by a force that is perpendicular to the area over which it acts. Such a
stress, equivalent to a pressure, is usually designated σ. Thus,

σ = Fn/A (13.3)

where Fn is the force normal to the surface area A. When the direction of a
force is parallel to the surface area, it constitutes a tangential stress, also called
a shearing stress, designated τ:

τ = Ft/A (13.4)

where Ft is the tangential force acting on area A.
Another important factor in rheology is the time rate of stress application

and the time dependence of strain. The stress–strain–time relationships of a
material determine its rheological character, that is, whether it is an elastic
solid, a plastic solid, a Newtonian or non-Newtonian liquid, or any other of
the various types of materials recognized and characterized by rheologists.

The standard physical definition of a solid is a material with an ordered
internal structure (e.g., a crystal). The rheological criterion for a solid depends
not on internal structure, important as it is, but on mechanical behavior. Solids
are bodies of distinct shape that may exhibit various types of response when
under stresses. An elastic solid deforms instantaneously and retains its new
form as long as the stress is maintained; it regains its original dimensions when
the stress is released. (Strictly speaking, there are no such materials, since most
real bodies exhibit some residual deformation after release of stress.)

Three centuries ago, Robert Hooke discovered that loaded springs stretched
in proportion to the load applied to them. His observation has been general-
ized and formulated into an equation known as Hooke’s Law, which states
that, for elastic solids, strain ε is proportional to stress. It furthermore implies
that strain occurs instantaneously when stress is applied and that it disappears
immediately and completely when the stress is relieved. Thus,

ε = σ/E (13.5)

where E is a constant of proportionality known as Young’s modulus.
The equation of elasticity for shearing stress, which is analogous to

Eq. (13.5), is

γ = τ/G (13.6)

where G is the modulus of shearing, a measure of the body’s rigidity.
When a body is subjected to isotropic pressure, its volume diminishes in

proportion to the pressure applied. The constant of proportionality is termed
the bulk modulus κ. Thus,

εv = P/κ (13.7)

where εv is the volume compression or expansion relative to the original
volume. Bulk modulus is the reciprocal of the coefficient of compressibility
[C = ρ−1(dρ/dP)], which is the relative change of density ρ with change of
pressure P.
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In the case of nonisotropic materials (e.g., wood, which exhibits different
properties in directions parallel to us perpendicular to its fibers), the various
coefficients just defined can have different values for the three principal axes
as well as for different planes.

In contrast with elasticity, plasticity is the property of a body not merely to
deform when under stress but also to retain its deformed shape when the stress
is relieved. Many materials under stress exhibit an elastic phase until some
point, called the yield point, at which elasticity gives way to plastic behavior.
The transition from elastic to plastic behavior may be affected by the rate of
strain and by a phenomenon known as strain hardening. Such behavior is typ-
ically encountered in the case of ductile metals. An increase in strength of a
metal as a consequence of deformation is usually due to internal structural
changes and recrystallization. An analogous effect may be observed in soils
due to compaction.

The conventional definitions of strain given by Eqs. (13.1) and (13.2)
apply to small strains only (normally under 1%). The usefulness of the
strain concept can be extended to larger deformations by redefining it in
terms of natural strain, namely, the incremental change of length or angle
divided by the instantaneous value rather than by the original prestrained
value.

In soil, strain is often very large. For example, an increase in bulk den-
sity from 1.1 to 1.4 metric tons/m3 represents a volume change of 27%. In
small and confined samples of soil, strain may be fairly uniform. Under nat-
ural soil conditions, though, deformation can take place in very complicated
geometric patterns. Soil deformation is often dependent in ways that may
not conform to either elastic or plastic theories. In soils, failure under stress
is more complex than in most ductile or brittle materials. Depending on
such variables as moisture and clay content, soil properties can vary from
those of a viscous liquid to those of a plastic solid and finally to those of a
brittle elastic solid. In transition from one state or mode of behavior to
another, intermediate states may occur. The modes of failure vary accord-
ingly (Fig. 13.3).

Fig. 13.3. Modes of shear failure that occur when a cylinder of soil is subjected to progres-
sive axial stress: (a) rigid soil, failure by fracture; and (b) soft soil, plastic flow.

(a) (b)
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SOIL STRENGTH AND ITS MEASUREMENT

Stated qualitatively, soil strength is the capacity of a soil body to withstand
forces without experiencing failure, whether by rupture, fragmentation, or
flow. In quantitative terms, soil strength can be defined as the maximal stress
that a given soil body can bear without failing. In practice, it is generally
defined as the minimal stress that will cause the body to fail.

Though seemingly easy to define, soil strength is not at all easy to measure,
being a highly variable property that often changes during the very process of
measurement, because the deformed body of soil might either decrease or
increase its resistance to further deformation. In unsaturated soil, for instance,
strength may increase as the soil becomes more compact; whereas in saturated
soils transient stresses may cause loss of cohesion and even liquefaction (a
phenomenon known as thixotropy). The manner and rate of stressing can thus
influence both the pattern of deformation and the mode of failure (Fredlund
and Vanapalli, 2002).

Since in most actual cases soil bodies fail by shear, it is useful at this point
to concentrate specifically upon the ability of a soil to withstand shearing
stresses, known as shearing strength. A very useful approach to the analysis of
shearing is the theory of Mohr, based on the functional relationship between
σ and τ for any plane within a body of soil that is subject to differential (non-
isotropic) stresses. The theory considers the possible distribution of stresses on
the surfaces of a small volume element of soil (assumed to be orthogonal to
the three coordinate axes x, y, z), as illustrated in Fig. 13.4. It then resolves the
stresses (normal and tangential) acting on any arbitrarily inclined plane inside
that volume element, as shown, for example, in Fig. 13.5 for a plane inclined
to the x and y axes but parallel to the z axis.

The analysis results in a circle, called the Mohr circle, plotted on a hypo-
thetical σ-τ plane. This graphic representation indicates the values of the nor-
mal and tangential (shearing) stresses on any angle of inclination α. The Mohr

Fig. 13.4. Stress components on surfaces of a cubic volume element.

σx σx

σz

σz

σy

τzx

τ xz

τyx

τxyτzy

τyz

σy

Z

X

Y



240 CHAPTER 13 STRESS, STRAIN, AND STRENGTH OF SOIL BODIES

circle is illustrated in Fig. 13.6. A detailed explanation of the principles under-
lying it is given in Hillel (1980a) as well as in various textbooks on soil
mechanics.

If a series of stress states just sufficient to cause failure is imposed on the
same material and these states are plotted as a set, or family, of Mohr circles,
then the line tangent to these circles, called the envelope of the family of
Mohr circles, can be used as a criterion of shearing strength. Where this
envelope is found to be a rising straight line, or nearly so, it can be described
by the equation

τ = a + bσ (13.8)

where the constant a, indicated in the figure as τ0, is the intercept of the envel-
ope line on the τ axis and the constant b is the tangent of the angle φ that the
envelope line makes with the horizontal line (Fig. 13.7).

The linearity of τ versus σ pertaining to the internal shearing strength of
bodies is analogous to that of Coulomb’s law for sliding friction between bod-
ies. Coulomb’s law states that the frictional resistance toward a tangential
stress tending to slide one planar body over another is proportional to the

Fig. 13.5. The resolution of σx on an inclined plane.

Fig. 13.6. The Mohr circle of stress.
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normal force pressing the bodies together (Fig. 13.8). Because of this analogy,
the angle φ is often termed the angle of internal friction. Moreover, the inter-
cept τ0, visualized as the shear stress needed to cause failure at zero normal
load, is generally called soil cohesion. The relationship of Eq. (13.8) is gener-
ally expressed in these terms as

(13.9)

The Mohr theory of the straight-line envelope has been widely accepted in
engineering soil mechanics, although it does not necessarily represent shear
failure conditions under all circumstances. The Mohr envelope can be deter-
mined experimentally by means of the direct shear test or, preferably, by means
of the so-called triaxial shear test. In principle, (1) all points under the envel-
ope represent states of stress that the soil can bear without failure, (2) all
points on the envelope are stress states just sufficient to cause failure, and
(3) points above the envelope are impossible stress states (i.e., stress states that
the soil cannot stably bear) (Barber, 1965).

Measurement of soil strength is generally based on some procedure for
determining the stresses acting on or within a body at the moment of its
mechanical failure. Soil resistance to applied stresses can be characterized in
terms of two parameters: cohesiveness c, presumably representing the mutual
bonding of soil particles that must be overcome if the soil body is to be frac-
tured or sheared, and the angle of internal friction φ, representing the frictional
resistance encountered when soil is forced to slide over soil along some shear
plane. It should be understood that this dual representation of soil strength is
merely a conceptual model, because in real cases the two parameters may not
be truly independent of each other.

Soils that exhibit appreciable cohesiveness, called cohesive soils, generally
contain a fair amount of clay, which has the effect of bonding or cementing
the soil internally. Dry sand, on the other hand, is generally noncohesive,

τ σ φ= +c tan

Fig. 13.7. The Mohr envelope of stress circles.

Fig. 13.8. Illustration of Coulomb’s law. The tangential force T needed to overcome fric-
tional resistance to the sliding of planar bodies over each other is proportional to the normal
force N acting on the plane. Thus T = μN, where μ is the coefficient of friction.
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hence the only resistance to shear is due to interparticle friction that results
from sliding and rolling of particles over one another. Dense sand might actu-
ally expand during shear, an attribute known as dilatancy and illustrated in
Fig. 13.9. In the case of moist (unsaturated) sand, the surface tension effect of
the water menisci between grains imparts to the soil an apparent cohesiveness,
which disappears when the matrix is either dried or saturated with water.

Two principal methods have been used to measure failure by shear in soil
and thus to obtain the values of c and φ. The direct shear apparatus is illus-
trated in Fig. 13.10, showing a sectioned container packed with soil to a
known bulk density. Normal stress is applied to the shear plane by loading
a piston-like porous stone placed over the soil surface. Shearing is induced
by gradually increasing the lateral, or tangential, stress until failure occurs.
The test can be carried out either at a constant rate of stress increase or at a
constant rate of deformation: the so-called stress-controlled versus strain-
controlled methods. The direct shear test has several drawbacks. The shearing
plane does not remain constant during the test, so the stresses can vary even if
the applied forces remain constant. Moreover, the size and shape of the con-
tainer influence the test results.

The alternative and more fundamentally based method for determination of
shear strength is known as the cylindrical shearing test. In this test, the failure
surface is not predetermined but allowed to form within a specimen as suc-
cessive combinations of lateral and axial stresses are applied to a series of sam-
ples of the same soil. Thus a series of Mohr circles representing shear failure
states are determined, and the envelope of these circles yields the desired c and
b values (Bishop and Henkel, 1964; Fredlund and Vanapalli, 2002).

Fig. 13.9. Illustration of dilatancy (volume increase) during shearing of a dense sand, due
to the interparticle rolling effect.

Fig. 13.10. Direct shear apparatus.
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The cylindrical shear apparatus is illustrated in Fig. 13.11. A cylindrical
sample of soil is wrapped in a thin sleevelike rubber membrane, tightly sealed
to parallel metallic plates fitted with porous plugs at the top and bottom of the
sample. All this is placed in a water-filled pressurized cell that provides a con-
stant and uniform stress, conventionally designated σ3. An axial stress σ1
exceeding the lateral stress is applied. The difference (σ1 − σ3), called devia-
toric stress, is applied through a loading ram attached to a proving ring. The
axial stress is gradually increased until failure occurs, at which moment the
axial stress as well as the lateral stress (the cell pressure) are noted.

An alternative laboratory procedure to characterize the cohesive strength of
dry soil briquettes is to measure the modulus of rupture. This consists of cen-
trally loading a small bean of soil, supported at both ends, until failure occurs
(as shown in Fig. 13.12). The equation for determining the modulus of rup-
ture σb is

σb = 3FL/2bd2 (13.10)

where F is the force applied to cause failure, L is the length of the briquette
between its supports, and d is its thickness.

A very different method of measuring soil cohesiveness, suitable for use in
the field, is the vane shear test (ASTM, 1956), illustrated in Fig. 13.13. In this
test, the vane is driven into the soil to the desired depth and then rotated. The
torque required to shear the soil along the surface of a cylinder generated by

Fig. 13.11. The cylindrical shear apparatus.

Water inlet

Porous
plate

Soil

Failure
plane

Air
pressure

Pore-water
drains

Porous
plate

O-ring

Loading ram
-σ σ1 3

Proving ring

Rubber
membrane

σ1

σ3 α



244 CHAPTER 13 STRESS, STRAIN, AND STRENGTH OF SOIL BODIES

the blade edges is measured. The theoretical relation between torque T, soil
cohesiveness c, and the dimensions of the blades is

T = cπ(d2h/2 + d3/6) (13.11)

For the standard height-to-radius ratio of 4:1, cohesiveness can be computed
from the equation

c = 3T/28πr3 (13.12)
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L
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d

r

Fig. 13.12. Measurement of the modulus of rupture on a rectangular and on a cylindrical
specimen of soil.

Fig. 13.13. The vane shear apparatus.
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The advantage of this method is that it can be applied in situ at succeeding
depths, without extracting the apparatus, to obtain a strength profile of the
natural soil.

An indirect method for assessing soil strength in the field is to use a pene-
trometer. This instrument, illustrated in Fig. 13.14, is designed to evaluate soil
resistance to the penetration of a narrow probe. What is measured is not soil
strength per se, but a composite parameter considered to be related to soil
strength, though the quantitative nature of its relation to soil strength is not
exactly defined. Nevertheless, this technique has certain advantages, particu-
larly in the ease and simplicity of in situ measurement. Penetrometers have been
used to estimate the force required to plow soils under different conditions as
well as to indicate soil trafficability (the ability of a soil to provide traction and
allow unobstructed overland passage of vehicles such as tractors, automobiles,
and tanks). Penetrometers have been used to simulate seedling emergence
through a surface crust. Procedures and specifications for using penetrometers
for various purposes were provided by the American Society for Testing
Materials (1984) by Bradford (1986), and by Lowery and Morrison (2002).

Fig. 13.14. (a) Push-type and (b) hammer-driven penerrometers for field characterization
of soil strength.
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Sample Problem

A triaxial shearing test was performed on a cohesive soil. Three samples of the soil were
mounted in an apparatus of the type shown in Fig. 13.11. Each sample was subjected
to a different cell pressure and loaded axially at a slow rate so as to allow free drainage
and dissipation of pore-water pressure. The axial stress at which failure occurred was
recorded in each case. The following data were obtained:

Cell pressure σ3: 1.0 2.0 3.0 bar
Axial load σ1: 5.9 8.5 11.2 bar
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SOIL CONSOLIDATION

Consolidation is the process by which a body of soil, either initially sat-
urated or compacted to the point of saturation, is compressed in a manner that
results in reduction of pore volume by expulsion of water. As such, consolida-
tion is not an immediate response of soil to transient pressures such as those

Plot the set of Mohr circles and their envelope, and determine the soil’s cohesiveness
and angle of internal friction. Predict the deviator and axial stresses as well as the nor-
mal and shear stresses on the failure plane at a lateral stress of 2.5 bar.

The three stress circles are shown in Fig. 13.15. Note that the diameter of each cir-
cle is equal to the deviator stress σ1 − σ3. A tangent is drawn to the three circles and is
seen to be a straight line. When this line is extrapolated leftward, it intercepts the τ axis.
According to the Mohr theory of stress, this line can be expressed in terms of Eq. (13.9):

s = c + σn tan φ

where s is the shearing strength of the soil. From the graph, we determine the intercept
c, representing the soil’s cohesiveness, to be 1 bar. The slope of the τ − σ function (repre-
senting tan φ) is seen to be about 0.5. Hence the angle of internal friction φ is about 26.5°.

We can now use these parameters to determine the normal and shear stresses on any
plane in a sample subjected to any pair σ1, σ3 under the envelope. For example, if the
lateral stress is 2.5 bar, the circle of failure, tangent to the envelope, is as drawn in Fig.
13.15 (the dotted circle). The deviator stress (equal to the circle’s diameter) is seen to
be 7.4 bar (i.e., an axial load of about 9.9 bar is needed to cause failure). We can deter-
mine the normal and shearing stresses on the failure plane graphically by reading the
values of σ and τ at the point of the circle’s tangency with the envelope line. The values
turn out to be σn = 4.5 bar, τ = 3.25 bar.

Note: The Mohr envelope for a confined system becomes horizontal if the soil is sat-
urated. Additional cell and axial pressures cannot add to the effective stress, merely to
pore-water pressure.

Fig. 13.15. Mohr circles and their envelope for the data in the sample problem.
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caused by episodic traffic or tillage. Rather, it is manifested in the gradual
settlement, or subsidence, of soil under a long-term loading such as that due
to a heavy structure (e.g., a single building or even an entire city). Hence the
practical importance of consolidation lies in the domain of civil engineering,
where the amount and uniformity of foundation settlement are of concern to
those interested in the stability and safety of structures.

To arrive at a conceptual understanding of consolidation, let us first consider
a sample of water-saturated soil confined in a rigid-walled cylinder and sub-
jected to compressive load applied to a piston in such a manner as to allow no
possible outlet for water. Because the confined water is practically incompres-
sible, the applied pressure can cause no compression of the soil matrix and
must be borne entirely by the water phase. In other words, while each particle
of soil is subject to the hydrostatic pressure of water surrounding it, the soil
matrix as a whole is not subject to any stress at all. If, however, we bore a nar-
row hole through the piston, we can expect the pressured water to begin ooz-
ing out, thus gradually relieving the hydrostatic pressure inside the cell and
transmitting the load to the soil matrix. The matrix would then tend to com-
press at a rate commensurate with the extrusion of water from the cell. To flow
out of the cell, the water must wend its way through the narrow and tortuous
pores of the soil. This accounts for the time-variable nature of the consolida-
tion process.

In general, coarse-grained (sandy) soils are the least compressible soils, and
such consolidation as does take place usually occurs relatively rapidly, thanks
to these soils’ large pores and high permeability. In contrast, fine-grained soils,
such as clays, generally have greater total porosity than sands (and hence
greater overall compressibility), but the rate of their consolidation is likely to
be slow (possibly extending over a period of months or even years), owing to
their smaller pores. This difference is illustrated in Fig. 13.16.

A classical mechanical model, shown in Fig. 13.17, has been found useful
in illustrating the principles involved in the consolidation process. The model
consists of a perforated or porous piston pressed into a water-filled cylinder

Fig. 13.16. Relative compressibilities and rates of consolidation for a sandy soil (dashed line)
and a clayey soil (solid line).
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fitted with springs. When the piston is first loaded and before any downward
motion has yet taken place, the pressure applied is transmitted to the water
only. However, as water escapes and the piston moves down, the springs begin
to contract. As more and more of the water escapes, the springs contract to an
increasing degree. If the piston is place under a constant load, the downward
movement will finally stop and static equilibrium will prevail when the resist-
ance of the compressed springs just equals the downward force acting on the
piston. Thenceforth, the entire load will be borne by the springs. Thus at the
beginning of the process the water, not the springs, is stressed and at the end
of the process the situation is reversed. At any intermediate point during the
process, the load is carried partly by the water and partly by the springs. The
springs are quite obviously analogous to the soil matrix, and the water in the
cylinder is analogous to the water permeating the pores of a saturated soil that
is subject to a compressive stress.

Load

Fig. 13.17. Conceptual model illustrating the process of consolidation.

Fig. 13.18. A consolidating layer draining both upward and downward. The piezometers
on the right indicate the isochrones at various times from the start of the process (at t0) to the
eventual end (at tα).
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Fig. 13.19. The consolidation test.
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Fig. 13.20. Void ratio versus effective pressure curve for a compressible soil during consoli-
dation. The semilogarithmic plot indicates the apparent preconsolidation pressure p0 and a
pressure release (“rebound”) reconsolidation loop.
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The concept described in so many words can be summed up in the form of
an equation, known as Terzaghi’s effective stress equation (Terzaghi, 1953):

σt = p + σe or σe = σt − p (13.13)

Here σt is the total stress, p is the hydrostatic pressure known as pore-water
pressure, and σe is the effective stress borne by the solid matrix and therefore
often termed intergranular stress. The term p is a neutral stress, in as much as
the liquid pressure in a saturated soil acts equally in all directions and, hence
has no effect on compressing the matrix. When a total stress is suddenly
applied to a soil and then maintained for an indefinite period, p diminishes
gradually and σe increases, as shown hypothetically in Fig. 13.18.

To characterize soils with respect to their consolidation behavior, labora-
tory tests are generally carried out with small samples, preferably “undis-
turbed” cores, placed in an apparatus such as shown in Fig. 13.19. Extraction
of a sample from some depth in the field generally entails release of the origi-
nal in situ confining pressure (often called the overburden). The sample, how-
ever, retains what might be called a “memory” of its state of preconsolidation
pressure. When reconsolidated, it will not compress significantly until its pre-
consolidation pressure is exceeded. Thereafter, its compression will tend to fol-
low a straight-line relation for void ratio versus the logarithm of pressure. The
typical pattern of consolidation is illustrated in Fig. 13.20.
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SOIL COMPACTION IN RELATION TO WETNESS

The term compaction applies to the densification of an unsaturated soil by
the reduction of the fractional air volume. Since the viscosity of water is gen-
erally 50–100 times greater than that of air, the expulsion of air from an unsat-
urated soil under compaction is inherently much more rapid — being
practically instantaneous — than the expulsion of water from a saturated soil
under consolidation.

Soil compaction can be considered from either the viewpoint of the civil
engineer or that of the plant ecologist and agronomist. The engineer, interested
in the soil as a construction material (e.g., for roadbeds, embankments, foun-
dations for dams and various structures, or tractable surfaces for vehicles),
wishes to enhance the strength and to reduce the permeability of soil layers. Soil
compaction is a means to achieve those ends. In extreme contrast, the ecologist
or agronomist, interested in the soil as a medium in which seeds can germinate
and roots can proliferate and obtain sustenance, views soil compaction as a
scourge, an undesirable consequence of mechanization that reduces the soil’s
biological productivity and — in extreme cases — makes it unfit for plant
growth. So what one professional may wish to achieve, another may wish to
avoid. We next describe each of these approaches on its own merits.

The engineer generally seeks ways to achieve the maximum practicable degree
of compaction with the least expenditure of energy. An early empirical approach
to this problem was developed by R. R. Proctor, whose testing procedure, known
as the Proctor test, was designed to determine the “optimal” soil wetness at
which compaction of a given soil can be achieved most effectively by a given com-
pactive effort. Although modified repeatedly and given different names, the basic
procedure has enjoyed universal acceptance and has been adopted as the stand-
ard criterion for soil compaction in engineering practice (ASTM, 1984).

Compactive stresses can be administered in several different ways. For testing
purposes, perhaps the simplest is to confine a soil sample in a rigid-walled con-
tainer and apply a static load (a weight) by means of a piston resting on the sam-
ple’s surface. An alternative way is to apply a time-variable dynamic load by
means of an impacting or hammering device. Still another way, found to be most
effective in the case of dry granular materials, is to vibrate the sample. Finally,
one could attempt to compact soil by applying a space-variable and time-variable
set of compressive and shearing stresses in combination. Such action, which in
effect causes a churning (or “puddling”) of the soil, is commonly called kneading
compaction. This last method forms the basis of the Proctor test, which is, in
essence, an imitation of the common engineering practice of compacting soil in
the field by means of spiked (“sheepsfoot”) rollers. The standard test is carried
out in a cylindrical mold. The soil material is compacted in three layers, each
layer being worked by an impact-driven tamper in a standardized manner.

For any given compactive effort, the resulting bulk density is a function of
soil wetness. This functional dependence, illustrated in Fig. 13.21, indicates
that, starting from a dry condition, the attainable bulk density at first increases
with soil wetness and then reaches a maximal density at a wetness value called
optimum moisture, beyond which the density decreases.

This behavior is readily explainable, at least qualitatively. A dry soil typically
resists compaction because of its stiff matrix and high degree of particle-to-
particle bonding, interlocking, and frictional resistance to deformation. As soil
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wetness increases, the films of moisture weaken the interparticle bonds and seem
to reduce internal friction by “lubricating” the particles. The soil thus becomes
more readily compactible. As soil wetness nears saturation, however, the frac-
tional volume of expellable air is reduced and the soil can no longer be com-
pacted by the same compactive effort to the same degree as at the lower wetness.
Henceforth, any further increase in soil moisture reduces, rather than enhances,
soil compactibility. Finally, at saturation, no amount of kneading can cause any
increase in bulk density unless water is expelled. At high wetness values, the
water that hydrates the grains pushes them apart and causes swelling, thus pre-
venting the closer packing of the soil matrix.

The function described, relating attainable bulk density to soil moisture, does
not constitute a single characteristic curve for a given soil but a family of curves,
as shown in Fig. 13.22. For each level of compactive effort, the curve is shifted
upward and leftward, indicating higher attainable bulk density at lower values of
“optimal moisture.” Experience shows that the line connecting the peaks of all
the curves of bulk density versus wetness corresponds approximately to the 80%
degree-of-saturation line and that the descending portions of these curves tend to
converge on a line representing a degree of saturation of about 85–90%.

Fig. 13.22. Family of moisture-density curves for different compactive efforts (E1 > E2 > E3
> E4). Note that the 100% saturation line, representing zero air-filled porosity, was calculated
assuming a particle density value of 2.63 g.cm3.
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Fig. 13.21. Typical moisture–density curve for a medium-textured soil, indicating the max-
imum density obtainable with a given compactive effort.
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To the extent that the Proctor test portrays or simulates compaction in the
field, it can serve as a criterion by which to guide earth construction works. A
typical job specification might require a contractor to compact an earth fill to,
say, 90% of attainable maximal density as defined by the Proctor test (ASTM,
1984). The contractor will then examine the results of the test to determine the
optimal wetness value (or range of values) at which to carry out the compacting
operation. In practice, an earth fill is laid by depositing and rolling successive
layers while controlling soil moisture through measured applications of water
(generally by sprinkling) to the deposited material. If the soil material is too wet,
it must be dried by drainage and, weather permitting, by evaporation.

Sample Problem

A Proctor compaction test was performed on medium-textured soil with the following
results:

Mass wetness w: 6% 9% 12% 15% 18% 21%
Bulk density ρb: 1.80 1.91 1.94 1.86 1.75 1.65 g/cm3

Plot the data and determine the optimal moisture and maximum density values.
Calculate the volume wetness and degree of saturation at optimal moisture content.

An examination of the data, confirmed by the plotted graph, shows that the opitmal
moisture is at or about a mass wetness w value of 12%, and the maximal density ρb is
1.94 g/cm3. Accordingly, the volume wetness is

and the degree of saturation is

s = θ/f

where f, the porosity, can be obtained from the soil’s bulk and particle densities:

f = 1 − (ρb/ρs)

Hence

s =
−
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−
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BOX 13.1 On the Origins of Cultivation

An important factor in the evolution of agriculture, which first took place in
the Near East some 10–12 millennia ago, was the development of the tools of
soil husbandry. Seeds scattered on the ground are often eaten by birds and

rodents or are subject to desiccation, so their germination rate is likely to be very low.
Given a limited seed stock, farmers would naturally do whatever they could to pro-
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mote germination and seedling establishment. The best way to accomplish this is to
insert the seeds to some shallow depth, under a protective layer of loosened soil, and
to eradicate the weeds that might compete with the crop seedlings for water, nutri-
ents, and light.

The simplest tool developed for this purpose was a paddle-shaped digging stick by
which a farmer could make holes for seeds. The use of this simple device was
extremely slow and laborious, however, so at some point the digging stick was modi-
fied to form the more convenient spade. This tool could be swung and made to strike
the ground with greater force, not only to open the ground for seed insertion but also
to loosen and pulverize the soil and eradicate weeds more effectively. In time, the
spade developed a triangular blade, first made of wood but later made of stone and
eventually of metal. Such a spade, initially designed to be used by one person, was
later modified so that it could be pulled by a rope in order to open a continuous slit,
or furrow, into which the seeds could be dropped. A second furrow could then be
made alongside the first, to facilitate seed coverage. In some cases, rows were widely
enough separated to permit a person to walk between the rows in order to weed the
cultivated plot.

The human-pulled traction spade, or ard, gradually metamorphosed into an animal-
drawn plow. The first picture of such a plow, dating to 3000 B.C.E., was found in
Mesopotamia, and numerous later pictures have been found both there and in Egypt as
well as in China. It was not long before these early plows were fitted with a seed funnel
so that the acts of plowing and sowing could be carried out simultaneously. The same
ancient implement is still used today in the Near East.

Although the advent of the plow represented a huge advance in terms of conveni-
ence and efficiency of operation, it had an important side effect. As with many other
innovations, the benefits were immediate, but the full range of consequences took sev-
eral generations to play out, long after the new practice became entrenched. The major
environmental consequence was that plowing made the soil surface — now loosened,
pulverized, and bared of weeds — much more vulnerable to accelerated erosion. In the
history of civilization, contrary to the idealistic vision of the prophet Isaiah, the plow-
share may have been more destructive than the sword. That is why modern efforts are
directed toward reducing excessive tillage so as to prevent compaction and to promote
the conservation of both soil and energy.

Fig. B13.1. Depiction of a seeder-plow on an ancient Mesopotamian seal.
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SOIL COMPACTION IN AGRICULTURAL FIELDS

In agronomy, a soil is considered compacted when the total porosity, par-
ticularly the air-filled porosity, is so low as to restrict aeration or when the soil
is so tight, and its pores so small, as to impede root penetration, infiltration,
and drainage.

Soil compaction can take place in agricultural fields under the influence
of man-induced mechanical forces applied at or near the soil surface. One
such cause of soil compaction is trampling by livestock. However, by far
the most common cause of soil compaction in modern agriculture is the
effect of machinery, imposed on the soil by vehicles and soil-engaging
implements.

Instances of soil compaction are prevalent in modern mechanized agricul-
ture. The trend to reduce labor on the farm by the use of larger and heavier
machinery increases the frequency of traffic over the soil and the likelihood of
damage by compaction. Especially insidious is the practice of plowing with the
tractor wheel running over the bottom of the open furrow, where the soil may
be even more compactable than at the surface, owing to higher moisture
and lower organic matter content. Furthermore, compaction in depth is
much more difficult to rectify and hence longer lasting than compaction at the
surface.

Especially damaging is the cultivation of clayey soils with heavy equipment
when the soil is in a wet state and its strength is low. Smearing of the soil plow-
shares and wheels creates a “plow sole” or “plow pan.” The churning and
slipping action of wheels can be more important than loading per se in caus-
ing the degradation of soil structure (D. B. Davies et al., 1973). Traffic associ-
ated with harvesting in wet conditions causes deep rutting, smearing, and
compaction, which in turn inhibit infiltration, drainage, and soil aeration
(Swain, 1975).

As shown by Cannell (1977), roots are generally unable to enter pores nar-
rower than their root caps; thus, if they are to grow through compacted soil
they must displace soil particles to widen the pores by exerting a pressure
greater than the soil’s mechanical strength. Studies on the effect of mechanical
impedance on root growth have been reported by, among others, Bowen et al.
(1981), and Hadas et al. (1990)

Ehlers et al. (1983) conducted extensive studies of penetration resistance,
bulk density, soil wetness, and root growth of oats in loessial soil. They found
that root growth was inversely related to penetrometer resistance. The limiting
penetrometer resistance for root growth was 3.6 MPa in the tilled surface layer
and 4.6 to 5.1 MPa in the underlying soil. Dexter (1987) reported similar stud-
ies of cotton, corn, pea, and peanut roots.

Observations have shown that some roots do eventually penetrate com-
pacted zones and that the roots of some species have a remarkable ability to
enter and enlarge crevices in rocks, roads, and foundations. Where the soil is
highly compact and rigid, root growth may be confined almost entirely to
cracks and cleavage planes. In seeking out such cracks, plant roots are not
merely passive agents; they cause differential shrinkage though preferred
extraction of moisture from zones of greater penetrability.
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CONTROL OF SOIL COMPACTION

The most obvious approach to the prevention of soil compaction is avoid-
ance of all but essential pressure-inducing operations. This calls for reducing
the number of operations involved in primary and secondary tillage (plowing
and subsequent cultivation, respectively) and choosing the most efficient
implements and the most appropriate time to effect the desirable soil condition
in a single pass rather than by a repeated sequence of passes. It has long been
known that excessive soil manipulation leads not only to deterioration of soil
structure and to reduced productivity but also to accelerated erosion.

In recent decades, growing awareness of these hazards has resulted in the
development of new field-management systems, variously called minimum
tillage, conservation tillage, and even zero tillage (Wittmus et al., 1975;
McGregor et al., 1975; Uri, 1999; Bradford and Peterson, 2000). Such systems
reduce the number of operations, avoid unnecessary inversion of topsoil, and
generally retain crop residues as protective mulch (against evaporation and
erosion) over the surface. In former times, frequent cultivation of orchards and
of row-cropped fields was necessary for weed control. This requirement was
greatly reduced by the introduction of sprayable herbicides. However, exces-
sive reliance on phytotoxic chemicals poses serious environmental problems.

Since random traffic by heavy machinery is a major cause of soil com-
paction, cultural systems have been proposed to restrict vehicular traffic to
permanent, narrow lanes and to reduce the fractional area trampled by wheels
to less than 10% of the land surface (Dumas et al., 1973). In row crops,
seedbed preparation, involving pulverizing the top layer, can be confined to the
narrow strips where planting takes place, while the inter-row zone is left in an
open, cloddy condition to promote water and air penetration and to reduce
erosion by water and wind. The field is thus divided into three consistent
zones: (1) narrow planting strips, precision tilled; (2) narrow traffic lanes,
permanently compacted; and (3) inter-row water-management beds, main-
tained in a cloddy condition and covered with a mulch of plant residues.

An extremely important factor is the timing of field operations in relation
to soil moisture. Moist soils can be highly vulnerable to compaction.
Operations that impose high pressures should, if possible, be carried out on
dry soil, which is less compactible. These include traffic in general, as well as
such tillage methods as subsoiling, or chiseling, which is more effective in
achieving its main purpose of shattering and loosening the soil when it is dry
than when it is wet.

A basic discussion of tillage in relation to soil compaction was provided by
by McKyes (1985).
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14. WATER ENTRY
INTO SOIL

INFILTRATION

The entry of water into the soil may occur under a variety of conditions. It
may take place through the entire surface uniformly or via localized furrows
or crevices. It may also move upward into the soil from a source below, such
as a rising water table.

When water is supplied from above to the soil surface, whether by precipi-
tation or irrigation, it typically penetrates the surface and is absorbed into suc-
cessively deeper layers of the profile. At times, however, a portion of the
arriving water may fail to penetrate but instead will tend to accrue at the sur-
face or flow over it. The penetrated water is itself later partitioned between the
amount that returns to the atmosphere by direct evaporation from the soil or
by the extraction and transpiration of plants and the amount that continues to
seep downward and eventually recharges the groundwater reservoir.

Infiltration is the term applied to the process of water entry into the soil,
generally by downward flow through all or part of the soil surface. The rate
of this process, relative to the rate of water supply, determines how much
water will enter the root zone and how much, if any, will run off. Hence the
rate of infiltration affects not only the water economy of terrestrial plants
but also the amount of overland flow and its attendant dangers of soil ero-
sion and stream flooding. Where soil conditions, especially at the surface,
limit the rate of infiltration, plants may be denied sufficient moisture while
surface erosion increases. Knowledge of the infiltration process as it is
affected both by the soil’s properties and transient conditions and by the
mode of water supply is therefore a prerequisite for efficient soil and water
management.

259
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“INFILTRATION CAPACITY,” OR INFILTRABILITY

If water is sprinkled over the soil surface at a steadily increasing rate, sooner
or later the supply rate will exceed the soil’s finite rate of absorption, and the
excess will accrue over the soil surface or run off it (Fig. 14.1). The infiltration
rate is defined as the volume flux of water flowing into the profile per unit of
soil surface area. For the special condition in which the rainfall rate exceeds
the ability of the soil to absorb water, infiltration proceeds at a maximal rate,
which Horton (1940) called the soil’s infiltration capacity.

Hillel (1971) suggested the term infiltrability to designate the infiltration
flux resulting when water at atmospheric pressure is made freely available at
the soil surface. This one-word replacement avoids the extensity–intensity con-
fusion in the term infiltration “capacity” and permits use of the term infiltra-
tion “rate” in the literal sense to represent the surface flux in any set of
circumstances, whatever the rate or pressure at which the water is supplied to
the soil. The infiltration rate can be expected to exceed infiltrability whenever
water is ponded over the soil to a depth sufficient to cause the hydrostatic
pressure at the surface to be significantly greater than atmospheric pressure.
On the other hand, if water is applied slowly or at subatmospheric pressure,
the actual infiltration rate may be smaller than the infiltrability.

As long as the rate of water delivery to the surface is smaller than the soil’s
infiltrability, water infiltrates as fast as it arrives and the process is supply con-
trolled (or flux controlled). However, once the delivery rate exceeds the soil’s
infiltrability, the latter determines the actual infiltration rate, and thus the
process becomes soil controlled. The soil may limit the rate of infiltration
either at the surface or within the profile. Thus the process may be either sur-
face controlled or profile controlled.

When a shallow layer of water is instantaneously applied and thereafter
maintained over the surface of an initially unsaturated soil, the full measure of
soil infiltrability comes into play from the start. Many trials of infiltration
under shallow ponding have shown infiltrability to vary and generally to
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Fig. 14.1. Time dependence of infiltration rate under rainfall of constant intensity that is
lower than the initial value but higher than the final value of soil infiltrability.
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decline in time. Thus, the cumulative infiltration, being the time integral of
infiltration rate, typically exhibits curvilinear time dependence, with a grad-
ually diminishing slope (Fig. 14.2).

Soil infiltrability and its variation with time are known to depend on the
initial wetness and suction as well as on the texture, structure, and uniformity
(or layering sequence) of the profile. In general, soil infiltrability is relatively
high in the early stages of infiltration, particularly where the soil is initially
quite dry, but it tends to decrease and eventually to approach asymptotically
a constant rate that we call the steady-state infiltrability but that is often
termed the final infiltration capacity. (The adjective final in this context does
not signify the end of the process, but the attainment of a constant rate that
can persist thenceforth.)

The decrease of infiltrability from an initially high rate can in some cases result
from gradual deterioration of soil structure and the partial sealing of the profile
by the formation of a surface crust. It can also result from the detachment and
migration of pore-blocking particles, from swelling of clay, as well as from
entrapment of air bubbles or the bulk compression of the air originally present in
the soil if it is prevented from escaping during its displacement by incoming
water. Primarily, however, the decline of infiltrability results from the decrease in
the matric suction gradient, which occurs inevitably as infiltration proceeds.

If the surface of an initially dry soil is suddenly saturated (e.g., by ponding),
the difference of hydraulic potential between the saturated surface and the

Fig. 14.2. Time dependence of infiltrability and of cumulative infiltration under shallow
ponding.
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relatively dry soil just below creates a steep matric suction gradient. As the
wetted zone deepens, the same difference of potential acting over a greater dis-
tance expresses itself as a diminishing gradient. And as the wetted part of the
profile deepens, the suction gradient eventually becomes vanishingly small. In
a horizontal column, the infiltration rate eventually tends to zero. In down-
ward flow into a vertical column under continuous ponding, the infiltration
rate tends asymptotically to a steady, gravity-induced rate that approximates
the soil’s saturated hydraulic conductivity if the profile is homogeneous and
structurally stable (Fig. 14.2).

PROFILE MOISTURE DISTRIBUTION DURING INFILTRATION

An examination of an initially dry, texturally uniform soil profile at any
moment during infiltration under ponding generally shows the surface zone to
be saturated to a depth of several millimeters or centimeters. Beneath this sat-
urated zone is a less-than-saturated, lengthening zone of apparently uniform
wetness, known as the transmission zone, beyond which occurs a wetting
zone. In the latter zone, soil wetness increases with time at each point, but at
any given time wetness decreases with depth at a steepening gradient, down to
a wetting front. At the wetting front, the moisture gradient is so steep that
there appears to be a sharp boundary between the moistened soil above and
the initially dry soil beneath. The simple explanation for the existence of the
wetting front is that (since the flux is the product of the gradient and the con-
ductivity) the hydraulic conductivity of the as-yet unwetted soil is so low that
water can only penetrate it when the gradient is very steep. It follows that the
drier the soil is initially, the steeper must be the gradient at the wetting front.

The typical moisture profile during infiltration is shown schematically
in Fig. 14.3. Repeated examinations of the moisture profile of a stable soil

Fig. 14.3. The infiltration moisture profile. At left, a schematic section of the profile; at right,
the curve of water content versus depth. The common occurrence of a saturation zone as dis-
tinct from the transmission zone may result from the structural instability of the surface zone.
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during infiltration generally reveal that the transmission zone lengthens (deep-
ens) continuously and that the wetting zone and the wetting front likewise
move downward continuously, with the latter becoming less steep as it moves
deeper into the profile. Typical families of successive moisture and hydraulic-
head profiles are shown in Figure 14.4.

THE GREEN AND AMPT APPROACH

A simplistic, yet still useful, theoretical approach to the infiltration process
was suggested as early as 1911 by W. H. Green and G. A. Ampt in their clas-
sic paper on flow of air and water through soils. Their theory has been found
to apply particularly to infiltration into uniform, initially dry, coarse-textured
soils, which exhibit a sharp wetting front. The G&A solution gives no infor-
mation about the moisture profile during infiltration, but it does offer esti-
mates of the infiltration rate and the cumulative infiltration as functions of
time, i(t) and I(t).

The main assumptions of the G&A approach are that there exists a distinct
and precisely definable wetting front during infiltration and that, although this
wetting front moves continuously downward as the process proceeds, it is
characterized by a constant matric suction, regardless of time and position.
Furthermore, this approach assumes that, in the transmission zone behind the
wetting front, the soil is uniformly wet and of constant conductivity. The wet-
ting front is thus viewed as a plane separating a uniformly wetted infiltrated
zone from an as-yet totally uninfiltrated zone. In effect, this supposes the K-ψ
(hydraulic conductivity versus suction head) relation to be discontinuous, that

Fig. 14.4. Water-content profiles (at right) and hydraulic-head profiles (at left) at successive
times (t1,t2,t3,t4) during infiltration into a uniform soil ponded at the surface. The dHg/dz value
is the gravitational head gradient. In this figure the possible existence of a saturation zone dis-
tinct from the transmission zone is disregarded.
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is, to change abruptly at the suction value prevailing at the wetting front, from
a high value at lower suctions to a very much lower value at higher suctions.

These assumptions simplify the flow equation, making it amenable to ana-
lytical solution. For horizontal infiltration, a Darcy-type equation can be
applied directly:

i = dI/dt = K(H0 − Hf)/Lf (14.1)

where i is the flux into the soil and through the transmission zone, I is the
cumulative infiltration, K is the hydraulic conductivity of the transmission
zone, H0 is the pressure head at the entry surface, Hf is the effective pressure
head at the wetting front, and Lf is the distance from the surface to the wet-
ting front (the length of the wetted zone). If the ponding depth is negligible and
the surface is thus maintained at a pressure head of zero, we obtain simply

dI/dt = −KHf/Lf = K(ΔHp/Lf) (14.2)

Here ΔHp is the pressure-head difference between the surface and the wetting
front. This shows the infiltration rate to be proportional to the reciprocal of
the distance to the wetting front.

Since a uniformly wetted zone is assumed to extend all the way to the wet-
ting front, it follows that the cumulative infiltration I should be equal to the
product of the wetting-front depth Lf and the wetness increment Δθ = θt − θi
(where θt is the transmission-zone wetness during infiltration and θi is the ini-
tial profile wetness, which prevails beyond the wetting front):

I = Lf Δθ (14.3)

(In the special case where θt is saturation and θi is zero, I = fLt, where f is the
porosity.)
Therefore,

(14.4)

where dLf/dt is the rate of advance of the wetting front. The infiltration rate
is thus seen to be inversely related to the cumulative infiltration. Rearranging
Eq. (14.4), we obtain

(14.5)

where the composite term [K(ΔHp/Δθ)] can be regarded as an effective diffu-
sivity Deff for the infiltrating profile. Integration gives

(14.6)

(14.7)

or

(14.8)

Thus the depth of the wetting front is proportional to t1/2, and the infiltration
rate to t−1/2.
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With gravity taken into account, the Green and Ampt approach gives

(14.9)

which integrates to:

Kt/Δθ = Lf − (H0 − Hf) ln[1 + Lf/(H0 − Hf) (14.10)

As t increases, the second term on the right-hand side of Eq. (14.10) increases
more and more slowly in relation to the increase in Lf, so at very large times
the relationship becomes

Lf ≅ Kt/Δθ + δ or I ≅ Kt + δ (14.11)

where δ can eventually be regarded as a constant.
The Green and Ampt model was designated the delta-function approxima-

tion by Philip (1966a), because it corresponds exactly to the nonlinear diffu-
sion description of infiltration in the special case where the diffusivity is
wholly concentrated at the wet end of the moisture range (a so-called Dirac
delta function). This model represents a reasonable approximation of reality
in situations where the wetting front is sharp and the moisture profile differs
little from a step function, for example, one-dimensional vertical systems with
water supplied under positive hydrostatic pressure to soils that are coarse-
textured, initially dry, and without air entrapment.
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Sample Problem

The infiltration rate under shallow ponding was monitored as a function of cumulative
rainfall and found to be 20 mm/hr when a total of 100 mm had infiltrated. If the even-
tual steady rate of infiltration is 5 mm/hr, estimate the infiltration rate at a cumulative
infiltration of 200 and 400 mm. Use the Green and Ampt theory.

We refer to Eq. (14.1):

i = ic + b/I

where i is the infiltration rate, ic is the eventual steady rate, I is the cumulative infiltra-
tion, and b is a constant. Substituting the given values and solving for b, we get

20 mm/hr = 5 mm/hr + (b mm2/hr)/100 mm,
b = 100(20 − 5) = 1500 mm2/hr

We use this value of b to estimate the infiltration rate at any value of cumulative infil-
tration.

At I = 200 mm: i = 5 + 1500/200 = 12.5 mm/hr
At I = 400 mm: i = 5 + 1500/400 = 8.75 mm/hr

Given the soil conditions described, calculate how much water can be delivered to
the root zone of a crop without exceeding the soil’s infiltrability if the sprinkling irriga-
tion rate is 15 or 25 mm/hr? What is the highest steady sprinkling rate we can use if we
wish to provide an irrigation of 250 mm in the shortest possible time?
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BASIC INFILTRATION THEORY

Horizontal Infiltration

We begin by combining the Darcy equation with the continuity equation to
obtain the general flow equation for water in soil (see Chapters 7 and 8). For
one-dimensional flow the appropriate form of the flow equation is

(14.12)

where θ is the volumetric wetness, t is time, x is distance along the direction
of flow, and H is the hydraulic head. The simplest application of this equation
is in the description of lateral infiltration [termed absorption by Philip
(1969a)] into a thin horizontal column extending in the x direction. In this
case, the gravity force is zero, and water is drawn into the soil by matric suc-
tion gradients only. If the soil is texturally homogeneous and the antecedent
moisture is equal throughout, the diffusivity equation can be applied:

(14.13)

This equation can be solved for the case of flow into an infinitely long column
of uniform initial wetness θi, where the plane of entry (x = 0) is instanta-
neously brought to, and thereafter maintained at, a higher wetness θ0. These
conditions are written formally in the following way:

θ = θi, x ≥ 0, t = 0

θ = θ0, x = 0, t > 0
(14.14)

We can now simplify Eq. (14.13) by introducing the composite variable λ(θ),
defined as

λ(θ) = xt−1/2 (14.15)
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At a sprinkling rate of 15 mm/hr,

15 mm/hr = 5 mm/hr + (1500 mm2/hr)/I mm
I = 1500/(15 − 5) = 150 mm

At a sprinkling rate of 25 mm/hr,

I = 1500/(25 − 5) = 75 mm

Note: The higher the sprinkling rate, the smaller the total amount of water that can
infiltrate without exceeding the soil’s infiltrability (i.e., without causing flooding or
runoff).

To infiltrate 250 mm by steady sprinkling without exceeding Infiltrability, we can apply

i = 5 + 1500/250 = 11 mm/hr
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Note that λ is a function of θ only. When substituted into Eq. (14.13) it trans-
forms that equation from a partial to an ordinary differential equation (the
only variables being θ and λ):

(14.16)

This mathematical sleight of hand, first introduced by Ludwig Boltzmann in
1894, has been known ever since as the Boltzmann transformation.

Equation (14.15) can be rewritten

x = λ(θ)t1/2 (14.17)

During infiltration into an initially dry and stable soil, the advancing wet-
ting front is usually visible and indicates a moving zone of practically constant
wetness. In this situation, λ(θ) can be assumed to remain constant, and there-
fore x (taken to be the distance to the wetting front) is proportional to t1/2.
A plot of the distance to the wetting front against t1/2 should therefore give
a straight line with a slope equal to λ.

The cumulative volume of water entered through a unit area of the entry
plane (x = 0) in time t is given by

(14.18)

where I is the cumulative infiltration, θi is the initial volumetric wetness of the
uninfiltrated soil, and θ0 is the saturation wetness. Substitution of the
Boltzmann variable [Eq. (14.15)] gives

(14.19)

where

(14.20)

The coefficient s is a constant (a definite integral) and is called the sorptivity
(Philip, 1969a). Note that s depends on both θi and θ0. Therefore, it is defined
only in relation to a fixed initial state θi and an imposed boundary condition
θ0. The dimensions of sorptivity are length per square root of time (LT−1/2).
From Eq. (14.19) we note that a plot of cumulative infiltration I versus t1/2

should give a straight line with a slope equal to s.
Introducing the Boltzmann transformation into Eq. (14.13) also requires

transforming the boundary conditions. Accordingly, Eq. (14.14) becomes

θ = θi, λ → ∞
(14.21)

θ = θ0, λ = 0

A numerical solution is generally needed because the D(θ) relationship
makes Eq. (14.16) nonlinear. A quasi-analytical technique was introduced by
Parlange (1971). Computer-based simulation methods were devised by de Wit
and van Keulen (1972) and by Elrick and Laryea (1979).
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Vertical Infiltration

Downward infiltration into an initially unsaturated soil generally occurs
under the combined influence of suction and gravity gradients. As the water
penetrates deeper and the wetted part of the profile lengthens, the suction gra-
dient decreases, since the difference in pressure head (between the saturated
surface and the unwetted part of the profile) divides itself over an ever-increasing
distance. As this trend continues, eventually the suction gradient in the upper
part of the profile becomes negligible, leaving the constant gravitational gra-
dient as the only force moving water downward. Since the gravitational head
gradient has the value of unity (the gravitational head decreasing at the rate of
1 m with each meter of vertical depth below the surface), it follows that the
flux tends to approach the hydraulic conductivity as a limiting value.

In a uniform profile (without any impeding layer) under prolonged pond-
ing, the water content of the wetted zone should, theoretically, approach sat-
uration. In practice, however, because of air entrapment (or encapsulation in
bubbles or bypassed pores), the soil-water content often does not attain total
saturation but some maximal value lower than saturation, which has been
called satiation. Total saturation is assured only when the air phase in a soil
sample is evacuated (subjected to a vacuum) or replaced with a readily soluble
gas (such as CO2) and then wetted with deaired water.

Darcy’s equation for vertical flow is

q = −K(dH/dz) = −K[d(Hp − z)/dz] (14.22)

where q is the flux, K is hydraulic conductivity, and H is the total hydraulic
head (the sum of a pressure head Hp and a gravity head Hz = − z). The fore-
going assumes that the datum plane is at the soil surface (z = 0) and that z is
the vertical distance from the soil surface downward (i.e., the depth). At the
soil surface, q = i, the infiltration rate. In an unsaturated soil, Hp is negative
and can be expressed as a suction head, ψ. Hence,

q = K(dψ/dz) + K (14.23)

Combining these formulations of Darcy’s equation, Eqs. (14.22) and
(14.23), with the continuity equation ∂θ/∂t = −∂q/∂z gives the general flow
equation

(14.24)

If soil wetness θ and suction head ψ are uniquely related, we can use the chain
rule to rewrite the left-hand side of Eq. (14.24) thus: ∂θ/∂t = (∂θ/∂ψ)(∂ψ/∂t).
This transforms the equation into

(14.25)

where C (= −∂θ/∂ψ) is defined as the specific (or differential) water capacity
(i.e., the change in water content in a unit volume of soil per unit change in
matric potential).
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Alternatively, we can transform the right-hand side of Eq. (14.24), again
using the chain rule, to render −∂ψ/∂z = −(∂ψ/∂θ)(∂θ/∂z) = (1/C)(∂θ/∂z). We
thus obtain

(14.26)

where D, once again, is the soil-moisture diffusivity, which we propose call-
ing the hydraulic diffusivity (see Chapter 8). Equations (14.24), (14.25),
and (14.26) can all be considered forms of the Richards equation, named
for L. A. Richards, who first combined Darcy’s equation for unsaturated
flow with the continuity equation (L. A. Richards, 1931).

Note that the preceding three equations contain two terms on their right-
hand sides; the first pertains to the role of the suction (or wetness) gradient
and the second to the role of gravity. Whether the one or the other force is
dominant depends on the initial and boundary conditions and on the stage of
the process considered. For instance, when infiltration takes place into an ini-
tially dry soil, the suction gradients at first can be much stronger than the gravi-
tational gradient, and the initial infiltration rate into a horizontal column
approximates the infiltration rate into a vertical column. Water from a furrow
will therefore tend at first to infiltrate laterally almost to the same extent as
vertically (Fig. 14.5). However, when infiltration takes place into an initially
wet soil, the suction gradients are weak from the start and become negligible
much sooner (Fig. 14.6).

The first mathematically rigorous solution of the flow equation applied to
vertical infiltration was given by Philip (1957a). More comprehensive reviews of
infiltration theory were subsequently provided by the same author (Philip,
1969a; 1993). Philip’s original solution pertained to the case of an infinitely
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Fig. 14.5. Infiltration from an irrigation furrow into an initially dry soil. The wetting front is
shown after different periods of time (t1 < t2 < t3). At first the strong suction gradients cause
infiltration to be nearly uniform in all directions. As the infiltration process continues, the suc-
tion gradients diminish and the gravitational gradient eventually predominates.
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deep, uniform soil of constant initial wetness θi, assumed at time zero to be sub-
merged under a thin layer of water that instantaneously increases soil wetness at
the surface from its initial value to a new value θ0 (near saturation) that is there-
after maintained constant. Mathematically, these conditions are stated as

t = 0, z > 0, θ = θi

t = 0, z = 0, θ = θ0 (14.27)

His solution took the form of a power series:

(14.28)

where z is the depth to any particular value of wetness θ and the coefficients fn(θ)
are calculated successively from the diffusivity and conductivity functions.

Philip’s solution also describes the time dependence of cumulative infiltra-
tion I in terms of a power series:

(14.29)

in which the coefficients jn(θ) are calculated from K(θ) and D(θ) and the coef-
ficient s is called the sorptivity. Differentiating Eq. (14.29) with respect to t we
obtain the series for the infiltration rate

(14.30)

In practice, it is generally sufficient for an approximate description of infiltra-
tion to replace Eq. (14.29) and (14.30) by two-parameter equations of the type
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where t is not too large. In the limit, as t tends to infinity, the infiltration rate
decreases monotonically to its final asymptotic value i(∝). At large times, it is
possible to represent Eq. (14.31) as

I = st1/2 + Kt, i = s/2t1/2 + K (14.32)

where K is the hydraulic conductivity of the soil’s upper layer, which in a soil
under ponding is nearly equal to the saturated conductivity Ks.

Recall that the sorptivity has been defined (according to Philip, 1969a) in
terms of the horizontal infiltration equation as the ratio of the cumulative
infiltration to the square root of time:

s = I/t1/2 (14.33)

As such, it embodies in a single parameter the influence of the matric suction
and conductivity on the transient flow process that follows a step-function
change in surface wetness or suction. Strictly speaking, one should write
s(θ0, θi) or s(ψ0, ψi), since s has meaning only in relation to an initial state
of the medium and an imposed boundary condition. Philip also defined
an intrinsic sorptivity — a parameter that accounts for the viscosity and sur-
face tension of the fluid.

It should be obvious from the foregoing that the effects of ponding depth and
initial wetness (Fig. 14.6) can be significant during early stages of infiltration but
diminish in time and eventually tend to vanish in a very deeply wetted profile.
Typical values of the ‘’final’’ (steady) infiltration rate are shown in Table 14.1. In
actual cases the infiltration rate can be considerably higher, particularly during
the initial stages of the process and in well-aggregated or cracked soils, or lower,
as in the presence of a surface crust or of an impeding layer inside the profile.

TABLE 14.1 Steady Infiltration Rates for
Different Soil Types

Soil type Steady infiltration rate (mm/h)

Sands >20
Sandy and silty soils 10–20
Loams 5–10
Clayey soils 1–5
Sodic clayey soils <1

Sample Problem

A horizontal infiltration trial was conducted with a soil-filled tube having a cross-sectional
area of 5 × 103 mm2. After 15 min, cumulative infiltration totaled 1.5 × 105 mm3. What
is the expectable cumulative infiltration and infiltration rate after 1, 4, and 16 hr?

We use Philip’s horizontal infiltration (‘’absorption’’) theory to calculate the sorptivity
s according to Eq. (14.19), 

s = I/t1/2
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where t is time and I is cumulative infiltration:

s = (1.5 × 105 mm3/5 × 103 mm2)/(15 min × 60 sec/min)1/2

= 30/30 = 1 mm/sec1/2

We now apply this value to estimate cumulative infiltration at various times, again using
Eq. (14.19): (I = st1/2):
After 1 hr: 

I = 1 mm/sec1/2 × (3600 sec)1/2 = 60 mm

After 4 hr:

I = 1 mm/sec1/2 × (14,400 sec)1/2 = 120 mm

After 16 hr:

I = 1 mm/sec1/2 × (57,600 sec)1/2 = 240 mm

The corresponding infiltration rates are obtainable by differentiating the Eq. (14.19)
with respect to time t:

I = dI/dt = s/2t1/2

After 1 hr:

i = (1 mm/sec1/2)/2(3600 sec)1/2 = 8.33 × 10−3 mm/sec = 30 mm/hr

After 4 hr:

i = (1 mm/sec1/2)/2(14,400 sec)1/2 = 4.166 × 10−3 mm/sec = 15 mm/hr

After 16 hr: 

i = (1 mm/sec1/2)/2(57,600 sec)1/2 = 2.0833 × 10−3 mm/sec = 7.5 mm/hr

Now assume that the same column is vertical. If the effective saturated hydraulic
conductivity of the soil is 2 × 10−3 mm/sec, estimate the cumulative infiltration and infil-
tration rate values at 1, 4, and 16 hr. If the initial volumetric wetness is 0.05 (5%) and
the saturation wetness is 0.45, estimate the depth of the wetting front at the same
times.

We use Eq. (14.32) for cumulative infiltration in a vertical column (I = st1/2 + Kt):
After 1 hr (3600 sec): 

I = 1 mm/sec1/2 × 60 sec1/2 + 2 × 10−3 mm/sec × 3600 sec
= 60 mm + 7.2 mm = 67 mm

After 4 hr (14,400 sec):

I = 1 mm/sec1/2 × 120 sec1/2 + 2 × 10−3 mm/sec × 14,400 sec
= 120 mm + 28.8 mm = 148.8 mm

After 16 hr (57,600 sec):

I = 1 mm/sec1/2 × 240 sec1/2 + 2 × 10−3 mm/sec × 57,600 sec
= 240 mm + 115.2 mm = 355.2 mm

To calculate the infiltration rate into a vertical column, we differentiate Eq. (14.32)
with respect to time:

i = dI/dt = s/2t1/2 + K
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After 1 hr:

i = (1 mm/sec1/2)/(2 × 60 sec1/2) + 2 × 10−3 mm/sec
= 8.33 × 10−3 mm/sec + 2 × 10−3 mm/sec = 10.33 × 10−3 mm/sec
= 37.2 mm/hr

After 4 hr:

i = (1 mm/sec1/2)/(2 × 120 sec1/2) + 2 × 10−3 mm/sec
= 4.166 × 10−3 mm/sec + 2 × 10−3 mm/sec = 6.166 × 10−3 mm/sec
= 22.2 mm/hr

After 16 hr:

i = (1 mm/sec1/2)/(2 × 240 sec1/2) + 2 × 10−3 mm/sec
= 2.083 × 10−3 mm/sec + 2 × 10−3 mm/sec = 4.083 × 10−3 mm/sec
= 14.7 mm/hr

To calculate depth of the wetting front Lf we use a variant of Eq. (14.3) (Lf = I/Δθ):
After 1 hr:

Lf = (67.2 mm)/(0.45 − 0.05) = 168 mm

After 4 hr:

Lf = (148.8 mm/0.4 = 372 mm

After 16 hr:

Lf = (355.2 mm)/0.4 = 888 mm

Note: The student is invited, to plot the calculated values of I, i, and Lf against time and
against the square root of time. The relationships involved will become clearer in the
process.

INFILTRATION INTO LAYERED PROFILES

Experimental studies have shown that the infiltration process can be greatly
affected by soil-profile heterogeneity. Although in any conducting soil the
matric suction and hydraulic head must be continuous throughout the profile
regardless of layering sequence, the wetness and conductivity may exhibit
abrupt discontinuities at interlayer boundaries. 

The advent of computer-based numerical methods for solving nonlinear
partial differential equations subject to complex boundary conditions made
possible a flexible approach to infiltration theory. No longer is the theory
shackled to the restrictive assumptions that had been necessary previously in
order to formulate the process mathematically in closed form, as required for
the attainment of analytical solutions.

An early demonstration that the computer can be used effectively to obtain
a mathematical description of infiltration in heterogeneous soil profiles with
strata of differing properties and initial wetness values was given by Hanks
and Bowers (1962). In their model the initial wetness (θi) was allowed to vary
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with depth z, and different K(ψ) and θ(ψ) functions were assigned to soil lay-
ers of different thicknesses.

Later, F. C. Wang and Lakshminarayana (1968) modified the formulation
of infiltration to make more explicit the expression of heterogeneity, that is,
the dependence of K and ψ on z and θ in the form K = K(θ, z) and ψ = ψ(θ, z).
Both models were still based on the surface-ponding boundary condition.
Subsequently, investigations have provided even more comprehensive descrip-
tions of infiltration into variously constituted soil profiles (e.g., Hillel and
Talpaz, 1977; Hillel, 1977; Ross, 1990).

One typical situation is that of a coarse layer of higher saturated hydraulic
conductivity overlying a less conductive finer-textured layer. In such a case the
infiltration rate is at first controlled by the more conductive top layer, but
when the wetting front reaches and penetrates into the finer-textured sublayer,
the infiltration rate can be expected to drop and tend to that of the deeper soil
alone. Thus, in the long run it is the layer of lesser conductivity that controls
the process. If infiltration continues for long, then positive pressure heads
(a “perched water table’’) can develop in the top layer, just above its boundary
with the impeding finer layer.

In the opposite case — infiltration into a profile with a fine-textured layer
overlying a coarse-textured one — the initial infiltration rate is again deter-
mined by the upper layer. As water reaches the interface with the coarse lower
layer, however, the infiltration rate typically decreases. Water at the wetting
front is normally under suction, and this suction may be too high to permit
ready entry into the relatively large pores of the coarse layer. The wetting front
often pauses at the interface, until the pressure of the water just above the
interface builds up sufficiently to enter the sublayer.

INFILTRATION INTO CRUST-TOPPED SOILS

A very important special case of a layered soil is that of a profile that
develops a thin, less permeable “crust,” or “seal,” at the surface. Such a seal
can form over a bare soil (devoid of a protective cover of vegetation or stub-
ble) under the beating action of raindrops or as a result of the spontaneous
slaking and breakdown of soil aggregates during wetting of the surface.

The impact of a raindrop on an exposed surface is related to its kinetic
energy Ek:

Ek = mv2/2 (14.34)

Here m is raindrop mass and v is its velocity. The total action of a rainstorm
might be expected therefore to be a function of the sum of the kinetic energies
of all the drops:

(14.35)

wherein mi, vi are, respectively, the masses and velocities of raindrops of suc-
cessive size groups.

As a raindrop of any size falls earthward through the atmosphere, it is
accelerated by gravity but encounters the viscous resistance of the atmosphere.

E m vk tot i i, /= ∑ 2 2
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That resistance increases as the velocity of the falling drop increases. When the
air resistance equals the downward force of gravity, acceleration ceases and
the drop continues to fall at a constant, ‘’terminal’’ velocity that depends on
its mass. The spectrum of drop sizes, hence also of terminal velocities, varies
from storm to storm and from place to place.

The impact of raindrops on the soil is influenced by surface roughness,
slope, incident angle, and the possible presence of standing water on the sur-
face. It is also influenced by the structure and wetness of the exposed soil;
hence the impact varies with time, being maximal at the early stages of a rain-
storm, when the soil surface is at its driest state and most vulnerable to slak-
ing. The destructive impact of rainfall on soil structure can be mitigated by the
presence of a protective cover of vegetation or a mulch that can intercept the
drops before they strike the soil directly.

Another important factor affecting the formation of a surface seal (crust) is
the chemical composition of the infiltrating solution. Irrigation water with
a high sodium adsorption ratio (SAR), coupled with a low overall concentra-
tion of salts, can induce dispersion and swelling of the clay present in the soil’s
surface layer, which in turn can have a strong effect on soil infiltrability. The
dispersed aggregates collapse and close the interaggregate cavities, and migrat-
ing clay particles tend to lodge in soil pores beneath the surface.

The effect of sodium in the added water is strongest at the soil surface
because of the mechanical agitation of the applied water and because of the
absence of a confining matrix. Extreme clay dispersion and clogging can occur
at SAR values as low as 10 if the solution concentration is lower than
2 mol/m3 (Oster and Schroer, 1979). Particularly destructive to surface soil
structure is the alternation of sodic irrigation water with rainfall, which results
in the drastic reduction of soil infiltrability.

Surface crusts are characterized by greater bulk density, finer pores, and
lower saturated conductivity than the underlying soil. Once formed, a surface
crust can greatly impede water intake by the soil (Fig. 14.7), even if the crust
is quite thin (say, not more than several millimeters in thickness) and the soil
is otherwise highly permeable. Failure to account for the formation of a crust
can result in gross overestimation of infiltration.
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Fig. 14.7. Infiltrability as a function of time in (a) a uniform soil, (b) a soil with a more
permeable upper layer, and (c) a soil with a surface crust.
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An analysis of the effect of a developing surface crust on infiltration was
carried out by W. M. Edwards and Larson (1970). Hillel (1964) and Hillel and
Gardner (1969, 1970a) used a quasi-analytical approach to calculate fluxes
during steady and transient infiltration into crust-capped profiles from know-
ledge of the basic hydraulic properties of the crust and of the underlying soil.
Further developments of infiltration theory for crusted soils have been pub-
lished by Ahuja and Swartzendruber (1992).

INSTABILITY OF WETTING FRONTS DURING INFILTRATION

An interesting and still incompletely understood phenomenon is that of
unstable flow, particularly wetting-front instability, which occurs most
notably in the transition of infiltrating water from a fine-textured top layer to
a coarse-textured sublayer. Rather than advance as a smooth front, the perco-
lating water may concentrate at certain points to break into the sublayer in the
form of fingerlike or tonguelike protrusions. Flow through the coarse-textured
layer thereafter occurs through “chimneys” or “pipes” traversing the layer
rather than through the entire layer uniformly (Fig. 14.8).

Unstable flow can allow small “outlaw” streams of water to drain out of
sites such as “sanitary” landfills and industrial dumps, and carry raw pollu-
tants, including toxic products, into groundwater while evading the filtration
and purification mechanisms of the soil’s greater volume.

The existence of instability at the moving interface between two immiscible
fluids of different densities or viscosities (such as oil and water) has long been
recognized (Wooding, 1969). Interfacial instability can also occur between two
miscible fluids, as in the penetration of a saline solution into a porous medium

Fig. 14.8. Appearance of “fingers” during infiltration into a layered profile, with a fine-
textured layer overlying a coarse-textured layer.

Dry

Uniform
coarse-textured

Uniform
fine-textured

Coarse-textured
overlying

fine-textured

Fine-textured
overlying

coarse-textured

Wet

Wet

Dry

Wet

Wet

Soil surface

Ponded water

Dry

Dry

F
in

ge
rs



INSTABILITY OF WETTING FRONTS DURING INFILTRATION 277

initially filled with fresh water. However, the occurrence of instability during
the flow of water in unsaturated soil has caught the attention of soil physicists
only in the last few decades.

The earliest reference to the phenomenon was apparently made by Tabuchi
(1961) and by D. E. Miller and Gardner (1962). Bridge and Collis-George
(1973) reported a similar occurrence in their experiments of infiltration into
a two-layer profile of fine sand overlying coarse sand. Peck (1965) observed
instability patterns during infiltration into an unsaturated sand where the air
phase was confined so that its pressure increased as the wetting front moved
downwards.

A convincing demonstration of this effect at the transition from a layer of
fine-textured material into an underlying layer of coarser material (of larger
pores) was published by E. D. Hill and Parlange (1972). They postulated that
the formation of fingers in this case is due to an instability at an air–water
interface, which is gravity driven and is more pronounced as the pore sizes of
the coarse sublayer increases. In these fingers, the infiltrating water moved in
saturated columns surrounded by an unsaturated cylinder of partially wetted
soil. The overall flow rate through the system was governed by the number of
such fingers per unit total area of interface, that is, by the fraction of the soil
volume occupied by the conducting fingers. Their approach was followed by
a series of laboratory tests by Glass et al. (1988, 1989).

The intriguing question is thus why any perturbations that might appear in
the wetting front are in some cases flattened out by lateral diffusion so that the
front remains stable, while in other cases they become self-generating fingers
that destabilize the wetting front.

A general explanation was attempted by Raats (1973), who pointed out
that profile layering is not a prerequisite for wetting-front instability, which
may also be due to increased air pressure ahead of the wetting front or to
water repellency of soil layers. Raats based his analysis on the Green and
Ampt model (described earlier in this chapter) and offered the hypothesis that
stability depends on the change of velocity u of the wetting front with distance
L: A chance perturbation in an initially flat wetting front will tend to grow if
u increases with L and will tend to disappear if u decreases with L.

In the case of a surface crust, Raats stated the following criterion for the
onset of instability:

Ω > (L − hc)/KL (14.36)

in which Ω is the hydraulic resistance of the crust (its thickness divided by its
hydraulic conductivity), L is the depth to the wetting front, hc is the pressure
head at the wetting front, and KL is the hydraulic conductivity of the subcrust
soil. Accordingly, instability is favored by a high crust resistance, a small value
of − hc (i.e., a low suction, or high antecedent wetness, of the subcrust soil),
and a large value of KL. In the general cases of layered profiles, the wetting
front can become unstable if

Kst < Ksb[(d + Hb + Hc − Ha)/L + 1] (14.37)

where d is the depth of ponded water, Hb is barometric pressure, Hc is the capil-
lary pressure head at the wetting front, Ha is the soil air pressure head, L is the
soil depth, and subscripts t and b refer to the top and bottom layers, respectively.
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The problem was subsequently reassessed by Philip (1975), who applied the
methods of hydrodynamic stability analysis (C. C. Lin, 1955). He used the
same Green and Ampt (delta-function) model as did Raats, but proposed a dif-
ferent criterion of stability, stating that “the physical attribute of the system
which is fundamental to the question of stability is the water pressure gradi-
ent behind the wetting front. When this gradient assists the flow, the flow is
stable; when this gradient opposes it, the flow is unstable.”

In examining the implications of his criteria for particular cases, Philip sug-
gested that flow can become unstable if (1) the wetting front reaches a stratum
so water repellent that the pressure head needed to penetrate it is positive; (2)
air entrapment and compression ahead of the wetting front cause a sufficient
rise in air pressure there; (3) the air-entry pressure is more negative than the
wetting-front moisture potential during redistribution; and (4) hydraulic con-
ductivity increases in depth at a sufficient rate. In all the various instances of
instability that Philip identified, it is essential that the flow be gravity assisted.

An analysis by Hillel and Baker (1988), later tested by R. S. Baker and
Hillel (1990), emphasized the importance of the suction of water entry (SWE)
into an initially dry sublayer. This parameter had been ignored in previous
treatments of unstable flow. Because SWE determines the effective hydraulic
conductivity of the sublayer, it also determines whether or not flow is acceler-
ated with distance down the profile. When the wetting front reaches the inter-
layer boundary, it pauses until the suction there falls (or the pressure builds up)
sufficiently to allow entry of water into the large pores of the sublayer. If at
this point the conductivity of the sublayer exceeds that of the top layer, the
sublayer cannot conduct throughout its entire volume, since it would then be
conducting more water than it is receiving (an obvious impossibility). Hence
the spatially distributed flow field with its parallel streamlines must begin to
constrict at the critical depth (typically, at or just below the transition from the
less permeable top layer to a more permeable sublayer), thus causing the
streamlines to converge. In the case of a wide flow field, this forms spatially
separated, partial-volume, flow paths (fingers).

The theory by Hillel and Baker also predicts the fractional cross-sectional area
(F) of fingers that form under specified sets of conditions. In the general case;

F = [Kt/Ku(Se)][(H0 + Zi + Se)/Zi] (14.38)

Here Kt is the saturated hydraulic conductivity of the less permeable top layer,
Ku is the unsaturated hydraulic conductivity of the sublayer (a function of the
matric suction of water entry into the sublayer, Se), H0 is the hydraulic head
imposed on the surface by the ponded water, and Zi is the vertical thickness of
the top layer (depth of the interlayer boundary below the surface).

In the extreme case, where the sublayer is of very coarse texture whose water
entry value is effectively zero suction (i.e., a layer having such large pores or being
so water repellent that it can only be penetrated by water under positive atmos-
pheric pressure), and if the ponding depth at the surface is negligible, we get:

F = Kst/Ksb (14.39)

Thus, for example, if the saturated conductivity of the sublayer is an order of
magnitude (×10) greater than that of the top layer, then we may expect the fin-
gers to occupy some 10% of the cross-sectional area of the sublayer; if it is two
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orders of magnitude greater, then the fingers will only occupy some 1% of the
soil volume. In such conditions detecting vadose-zone fingering in the field by
random sampling from above would be extremely difficult. (The hydrological
term vadose zone refers to the entire volume of unsaturated but water-
conducting porous material — including the soil and the strata below it —
that is above the water table. In other words, it is the unsaturated zone that
overlies the saturated zone.)

Evidence from the field reveals that unstable flow is not a mere curiosity, of
interest only to theoreticians. Hendrickx et al. (1988b), who conducted a brom-
ide tracer trial in the Netherlands, found that after 5 weeks with 120 mm rain-
fall, the bromide concentration in the groundwater was 13 times higher when
an unstable wetting front had formed than could be expected with a stable wet-
ting front. In Wisconsin, Kung (1990) found that water and solutes flowed
through less than 10% of the soil volume at the 3.0- to 3.6-m-depth layer.

OTHER FORMS OF PREFERENTIAL FLOW

The phenomenon of fingering, described earlier, is only one of several pos-
sible forms of preferred pathway flow, also known as preferential flow, in the
soil. In contrast with the mode of distributed flow, in which water permeates
the entire porous network of the soil matrix and moves through its entire
volume, preferential flow occurs via distinct pathways that constitute only a
fraction (sometimes only a small fraction) of the soil’s total volume.

Most readily evident are flow patterns that follow preexisting features in
the soil profile, such as clay or sand lenses, cavities, and fissures. This last may
be formed either physically by the shrinking and cracking of clay or biologic-
ally by burrowing animals (such as earthworms, ants, and rodents) or decay-
ing roots. Finally, human manipulation of the land (including certain types of
tillage, such as subsoiling, or chiseling) may form cracks that, in turn, consti-
tute pathways for preferential flow.

A fairly common case is that of a clayey soil that shrinks on drying and
forms cracks (or macropores) that begin at the surface and extend to some
depth in the profile. When such a soil is subsequently subjected to surface
flooding or to a heavy downpour of rain, water under positive pressure imme-
diately penetrates the cracks and quickly fills their volume, known as macro-
pore storage. Thereafter, infiltration takes place from the water-filled cracks
sideways into the soil blocks between the cracks, as well as downward from
the bottoms of the cracks and from the soil surface (Fig. 14.9). The process is
therefore multidimensional, and its pattern depends on the geometry of the
cracks, the conductivity (or sorptivity) of the soil matrix, as well as the mode
and duration of wetting.

During the initial period of infiltration, the intake rate of water by cracked
soils can be extremely high (Mitchell and van Genuchten, 1991) — much
higher than the saturated conductivity of the soil matrix. However, if the infil-
tration process continues long enough, the influence of the surface cracks
eventually diminishes as the wetting front penetrates deeper into the profile,
well beyond the reach of the cracks, and as the cracks themselves tend to close
due to the swelling of clay under prolonged imbibition.
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The role of macropores in soil-water dynamics was described by Beven and
Germann (1982). They pointed out that flow in the two domains (the macro-
pores between soil blocks and the “micropores” within soil blocks) is gov-
erned by different potential gradients. They also showed that the sizes and the
structures of the macropores determine the pattern of water flow.
Accordingly, they classified macropores into four groups, on the basis of their
morphology:

1. Pores formed by burrowing animals (e.g., moles, gophers, and
wombats): Such pores are usually tubular and may range in diameter
from 1 mm to over 50 mm.

2. Pores formed by plants roots: These pores are also tubular, and their
sizes and extensions depend on the type of plant. After the roots have
decayed, these root channels remain for a time as hollow passages.
Even in the case of living roots, preferential flow may take place along
the soil–root interface (Gish and Jury, 1983).

3. Cracks and fissures: These are formed by shrinkage of clay or by
chemical weathering of the bedrock. They may also be formed by
freeze–thaw cycles and such methods of cultivation as subsoiling.

4. Natural soil “pipes”: These can form under the erosive action of
subsurface flows in highly permeable noncohesive soil materials when
subjected to strong hydraulic gradients.

W. M. Edwards et al. (1988) further clarified the influences of the size, fre-
quency, vertical and lateral distribution, and continuity of macropores on the
hydrological characteristics of soil profiles. They found that worm holes may
extend to 1 meter below the surface and can be quite durable.

Definitive work on infiltration processes in soils with macropores was car-
ried out by Bouma (1981), Germann and Beven (1985), Beven and Clark
(1986), and Dagan (1986). Modeling studies were reported by Hoogmoed and
Bouma (1980), and Huyakorn et al. (1983, 1985), among others. Preferential
flow has obvious implications regarding solute transport in the soil (Germann
et al., 1984; van Genuchten et al., 1984; Berkowitz et al., 1988; Steenhuis
et al., 1990).

Fig. 14.9. Shape of the wetting front during ponded infiltration into a soil with open cracks.

Dry soil

Wet soil

Wetting
front



RAIN INFILTRATION 281

RAIN INFILTRATION

When rain or sprinkling intensity exceeds soil infiltrability, free water
appears on the soil surface. In principle, the infiltration process should then be
similar to that in the case of shallow ponding. If rain intensity is less than the
initial infiltrability value of the soil but greater than the final value, then at first
the soil will absorb at less than its potential rate and the flow of water in the
soil will occur under unsaturated conditions; however, if the rain is continued
at the same intensity and as soil infiltrability declines, the soil surface will even-
tually become saturated. Thenceforth the process will continue as in the case of
ponding infiltration. Finally, if rain intensity is at all times lower than the infil-
trability, the soil will continue to absorb the water as fast as it is applied with-
out ever attaining saturation. After a long time, as the suction gradients become
negligible, the wetted profile will acquire a wetness for which the conductivity
is equal to the water supply rate, and the lower this rate, the lower the degree
of saturation of the infiltrating profile. This effect is illustrated in Fig. 14.10.

The process of infiltration under rain or sprinkler irrigation was studied by
Youngs (1964), and by Rubin (1966). This last author, who used a numerical
solution of the flow equation for conditions pertinent to this problem, recog-
nized three modes of infiltration due to rainfall: (1) nonponding infiltration,
involving rain not intense enough to produce ponding, (2) preponding infil-
tration, due to rain that has not yet but can eventually produce ponding, and
(3) rainpond infiltration, characterized by the presence of ponded water.

Rainpond infiltration is usually preceded by preponding infiltration, the
transition between the two being called incipient ponding. Thus, nonponding
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Fig. 14.10. The water-content distribution profile during infiltration (a) under ponding,
(b) under sprinkling at relatively high intensity, and (c) under sprinkling at a very low intensity.
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and preponding infiltration rates are dictated by rain intensity and are there-
fore supply controlled (or flux controlled), whereas rainpond infiltration rate
is determined by the pressure (or depth) of water above the soil surface as well
as by the suction conditions and conductivity relations of the soil. Where the
positive pressure of water at the soil surface is small (not substantially exceed-
ing atmospheric pressure), rainpond infiltration, like ponding infiltration in
general, is profile controlled.

In the analysis of rainpond or ponding infiltration, the surface boundary
condition generally assumed is that of a constant pressure at the surface. On
the other hand, in the analysis of nonponding and preponding infiltration, the
water flux through the surface is considered to be equal either to the rainfall
rate or to the soil’s infiltrability, whichever is the lesser. In actual field condi-
tions. rain intensity might increase and decrease alternately, at times exceeding
the soil’s saturated conductivity (and its infiltrability) and at other times drop-
ping below it. Since periods of decreasing rain intensity involve complicated
hysteresis phenomena (Hillel, 1980b), the analysis of variable-intensity rain-
storms is rather difficult. However, Rubin’s analysis was based on the assump-
tion of no hysteresis.

Figure 14.11 describes infiltration rates into a sandy soil during preponding
and rainpond infiltration under three rain intensities. The horizontal part of
each curve corresponds to preponding infiltration, and the descending parts to
rainpond infiltration periods. As pointed out by Rubin (1966), the rainpond
infiltration curves are of the same general shape and approach the same limit-
ing infiltration rate. However, they do not constitute horizontally displaced
parts of a single curve and do not coincide with the infiltration rate under
flooding (shown as a dashed line in Fig. 14.11).

Fig. 14.11. Relation between surface flux and time during infiltration into Rehovot sand
due to rainfall (solid lines) and flooding (dashed line). The numbers labeling the curves indicate
the magnitude of the relative rain intensity (r/Ks). (After Rubin, 1966.)
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15. SURFACE RUNOFF
AND WATER 
EROSION

SURFACE WATER EXCESS

Whenever the rate of water supply to the soil surface exceeds the rate of
infiltration, free water, called surface water excess, tends to accumulate over the
soil surface. Where the surface is not perfectly flat and smooth, this excess water
collects in depressions, forming puddles. The total volume of water thus held,
per unit area is called the surface storage capacity. It depends on the geometric
irregularities of the surface as well as on the overall slope of the land (Fig. 15.1).
Only when surface storage is filled and the puddles begin to overflow can actual
runoff begin. The term surface runoff thus represents the portion of the water
supply to the surface that is neither absorbed by the soil nor retained on its
surface but that runs downslope. Surface runoff typically begins as sheet flow,
but as it accelerates and gains in erosive power, it eventually forms channels
variously called rills or gullies. Running water tends to scour the soil surface and
deepen those channels, which generally form a treelike pattern of converging
branches with numerous confluences leading to larger streams.

There exists a wide spectrum of flow patterns. On the one extreme is the
thin, sheetlike runoff called overland flow. It is likely to be the primary type
in surface runoff from small natural areas or fields having little topographic
relief. The next distinctive type is found in the smallest stream channels, which
gather the overland flow in a continuous fashion along their length to form the
lowest order of stream flow. As these small streams merge with one another,
they form channels of higher order, which collect converging tributaries as well
as continuous lateral inflows.

283
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OVERLAND FLOW

Overland flow is considered laminar flow in the initial condition. When the
depth and velocity of the flow increase to critical values, turbulence entering
the laminar flow domain will not dampen out. Vennard (1961) specified a
Reynolds number of 500 as a criterion for the onset of turbulence. (Recall that
the Reynolds number is a dimensionless index incorporating the product of the
mean fluid velocity in a channel and its effective hydraulic radius, divided by
its kinematic viscosity.)

To obtain a simplified formulation of overland flow, we begin with the
basic equation governing the rate of flow (discharge) in a channel:

Q = vA (15.1)

where Q is the flow rate, v is the average velocity, and A is the cross-sectional
area of flow.

Conservation of matter (continuity) requires that, assuming no rainfall and
infiltration, the change in water level h with time be equal to the negative
change of flow rate with distance:

∂h/∂t = −∂Q/∂x (15.2)

Taking into account the time rates of rainfall (r) and of infiltration (i), we have

∂h/∂t + ∂Q/∂x = r − i (15.3)

Mean velocity and cross-sectional area of flow depend on the shape and size
of the channel. Since flow is constrained by shear stresses resulting from the
immobility of the water in immediate contact with the sides and bottom of
the channel (assuming at this stage that these boundaries are fixed in space), the
hydraulic resistance of a channel is generally proportional to the area of
the perimeter of contact per unit volume of flowing liquid. This contact area can
be characterized in terms of the hydraulic radius, or hydraulic mean depth, of a
channel, defined as the cross-sectional area divided by the wetted perimeter.

Now consider an infinitely wide channel without sides. Such a “wide-
open channel’’ is represented by a laterally uniform sloping surface with a
layer of water flowing over it, as illustrated in Fig. 15.2. Here the effective
hydraulic radius is h. As an approximation, let us assume that the two forces
acting on the flowing water are (1) the component of the water’s weight act-
ing in the direction of the bed slope, and (2) the shear stresses developed at

Fig. 15.1. Effect of surface roughness and slope on surface (pocket) storage of rainfall excess. Most of the
water thus accumulated generally infiltrates (and some evaporates) after cessation of the rain.
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the solid-to-water boundary. If the velocity is more or less uniform along the
slope, then the two forces must be approximately balanced, and we get

τ0 = ρghα (15.4)

where ρ is the liquid’s density, g is the acceleration of gravity, h is the water
depth, α is the slope, and τ0 is the bottom shear stress.

Shear stress τ0 is known to be related to the average velocity squared:

τ0 = aρν2 (15.5)

where a is a proportionality factor. Combining the last two equations gives

ν = [(g/a)hα]1/2 = Ch1/2α1/2 (15.6)

where C is the Chezy coefficient, named after the French engineer who first
discovered this relationship two centuries ago. A large amount of empirical
work conducted since then has shown that Chezy’s coefficient C is not a con-
stant but depends on water depth h and surface roughness n as follows:

C = hl/6/n (15.7)

Combining this with Eq. (15.1) gives the equation usually attributed to Robert
Manning (1891):

V = h2/3α1/2/n (15.8)

Multiplying by h converts the left side of this equation to discharge per unit
width:

Q = h5/3α1/2/n ≈ h2α1/2/n (15.9)

In practice, a power of 2 for h rather than 5/3 has been found to give satis-
factory results for overland flow. Measured values of the roughness coefficient
n have been tabulated (e.g., Sellin, 1969) and range from 0.01 for extremely
smooth channels to 0.1 for flood plains with a dense growth of timber. A value
of 0.03 seems to be reasonable for soil surfaces (either bare or with a cover of
short grass).

The last version of Manning’s equation can be combined with Eq. (15.3) to
yield the kinematic wave equation:

∂h/∂t + βhm−1 (∂h/∂x) = r − i (15.10)

where β = α1/2/n and m = 2.

Runoff
h

Infiltration

Crest

Slope

Rainfall

α

Fig. 15.2. Surface-water excess and sheet overland flow.
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The foregoing set of equations was used by Hillel and Hornberger (1979)
to model overland flow from texturally heterogeneous fields.

RUNOFF INDUCEMENT

Uncontrolled runoff is never desirable, and its control requires additional
investment in most agricultural situations. In humid regions, where rainfall
may be excessive, surface drainage is often necessary, and the land must be
shaped and managed so as to direct the runoff via protected (grassed or
concrete-lined) channels. In semiarid regions, by way of contrast, natural rain-
fall is on the margin of being insufficient for dryland farming, hence farmers
take measures to minimize runoff so that as much of the precipitation as pos-
sible infiltrates into the soil.

However, in many arid regions large tracts of land are unusable for con-
ventional rainfed farming, owing to insufficient or unstable rainfall, nonarable
soils (too shallow, stony, or saline), or unsuitable topography. From the point
of view of farmers (though not of ecologists, who are concerned over an area’s
natural biota rather than over crop production per se), rain falling on such
land is almost totally lost. Often rainfall amounts per storm are insufficient
either to recharge the groundwater or to support an economically viable crop.
This water generally infiltrates to a shallow depth only and is quickly returned
to the atmosphere either by direct evaporation or by transpiration of
ephemeral vegetation. Some of this water may also appear as runoff, causing
flash floods typical of the desert, although natural runoff seldom exceeds
about 10% of annual precipitation (Hillel, 1982). However, when it is feas-
ible, the possibility of controlling and increasing the amount of surface runoff
obtainable from limited sections of such lands can be of great importance, par-
ticularly where water is scarce and the runoff thus obtained can augment the
water supply of an inhabited region.

The art of collecting and utilizing runoff as been practiced by desert-dwelling
societies since antiquity. Remnants of extensive runoff farming systems are
found in the American Southwest. In desert areas of the Middle East, ancient
systems of terraced stream beds were used for growing crops, whose water sup-
ply was augmented by runoff water collected from the adjoining hillsides and
brought to the fields by means of sophisticated conveyance systems (Hillel,
1982). There is evidence that the builders of these systems understood the inad-
equacy of natural runoff and therefore perfected techniques for inducing soil
crusting so as to increase runoff. Noticing that the soil had a natural tendency
to crust, which was obstructed, however, by the desert’s natural cover of gravel
(commonly known as “desert pavement”), the ancient inhabitants of the Negev
region in Israel raked the stones off the surface in order to expose the finer soil
material and induce the formation of a dense crust (Tadmor et al., 1957). Even
so, the ancient runoff farmers needed a water-contributing area 20 times or
more larger than the area to which water was brought for crop production.
Similar techniques were used to collect runoff in cisterns for subsequent use as
drinking water for humans and domestic animals.

Modern technology holds the promise of more efficient runoff induce-
ment than was possible in ancient times. Runoff can now be increased
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severalfold by means of mechanical treatments (stone clearing, smoothing,
and compaction) as well as by a variety of chemical treatments to seal and
stabilize the surface. The soil surface can be made water repellent or imper-
meable either by the application of mechanical barriers to water movement
(such as plastic, aluminum foil, concrete, or sheet metal) or by the artificial
formation of an impervious soil crust with the aid of various materials, such
as sodic salts, sprayable asphalt emulsions, and silicone water-repellents
(Hillel, 1982).

Several systems have been tried with respect to size and arrangement of the
contributing area in relation to the water-receiving area (Shanan and Tadmor,
1976; Hillel, 1982). A small watershed can be treated in its entirety so as to
provide the maximal amount of water at the outflow of the basin for con-
veyance to irrigated fields. On a still smaller scale, strips of land can be treated
on a slope so as to contribute their share of rainfall as runoff to adjacent
lower-lying “run-on” strips in which crops can he grown (Hillel, 1994).
A third possible approach is to form microwatersheds, wherein each con-
tributing area serves a single tree or row of plants (Shanan et al., 1970:
Fairbourn and Kemper, 1971).

International development agencies are engaged in the effort to apply these
ancient methods to modern farming communities in arid and semiarid regions
(FAO, 1989).

SOIL EROSION BY WATER

Agricultural cultivation can have various negative effects on soils, insofar as
it may set in motion processes of degradation, such as accelerated decomposi-
tion of unreplenished organic matter, depletion of nutrients, breakdown of
aggregates and of structural stability, crusting, compaction, waterlogging, sali-
nation, and erosion by water and wind. Of these processes, one of the most
widespread is soil erosion. It results not only in loss of soil productivity on
sites where it occurs but also in the off-site deposition of sediments that may
pollute surface and underground water resources as well as clog streams, reser-
voirs, and estuaries. The erosion process is indeed a major transport mechan-
ism for agricultural chemicals, significant amounts of which do not remain
where they are applied but spread into the larger environment. The main cul-
prit process is erosion by water, though in arid conditions erosion by wind
may be equally insidious.

Geologic erosion is a natural and inevitable process that takes place con-
tinually and universally. This slow and inexorable process is, however, greatly
accelerated by human activity. Fundamentally, agriculture consists of remov-
ing an area’s natural vegetation and introducing in its stead a selection of
domesticated and specialized plants, called crops. The very act of eradicating
the native vegetation and of baring and pulverizing the soil so as to make it
receptive to planted crops makes the soil much more vulnerable to erosion.
Most vulnerable is the soil’s top layer, which is often the soil’s most fertile
layer (being richest in nutrient-releasing plant and animal residues). The loss
of topsoil requires farmers to use greater amounts of chemical fertilizers to
compensate for the reduced natural fertility, and the increased application of
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such chemicals itself exacerbates the hazard of groundwater and surface
water pollution.

Soil erosion is a three-stage process (D. F. Post, 1996): (1) detachment of
particles from the soil body that is their original domain; (2) transport of the
detached soil particles by flowing water or by wind; (3) deposition of the
transported particles, a stage known as sedimentation.

In water erosion, detachment of soil particles generally occurs under the
impact of striking raindrops or by the scouring action of flowing water
(whether laminar or turbulent) over the soil surface. As it runs downslope,
that flow (called surface runoff or overland flow) then carries the detached
particles in suspension. When the runoff water finally comes to rest in a low-
lying area, it deposits its suspended load, known as fluvial sediment.

The topic of soil erosion has somehow been neglected by many soil physi-
cists, whose traditional interests have focused on the physical attributes and
processes of the soil directly affecting plant growth (primarily soil structure
and soil moisture and their management) and, more recently, soil and water
pollution. Hardly any of the texts or courses on soil physics deal with the
physics of erosion per se, except tangentially or cursorily. That lacuna needs
to be redressed. In the last couple of decades soil physicists have indeed
expanded their sphere of interest to explore the interfaces of their discipline
with such sister disciplines as meteorology, ecology, geochemistry, hydrology,
and hydrogeology.

The topic of sedimentology, insofar as it also relates to soil physical
processes, similarly demands greater attention from soil physicists in the effort
to define the mechanisms and functional relationships involved in the process
and to develop a systematic theoretical basis for understanding and control-
ling it.

Research on erosion has been carried out mainly by civil and agricultural
engineers. Their efforts have been directed toward identifying the factors
affecting erosion, quantifying soil loss rates, and designing systems to reduce
those rates (Schwab et al., 1993).

BOX 15.1 Demonstrating the Significance of Soil Erosion

Two early leaders of the U.S. Soil Conservation Service, Hugh H. Bennett and
Walter Clay Lowdermilk, who surveyed the global dimensions of the soil erosion
problem, wrote in the 1938 Yearbook of Agriculture: “Soil erosion is as old as

farming. It began when the first heavy rain struck the first furrow turned by a crude
implement of tillage in the hands of prehistoric man. It has been going on ever since,
wherever man’s culture of the earth has bared the soil to rain and wind.”

When asked to testify on soil erosion before a committee of Congress, the two of
them, without a word, placed a thick towel on the committee’s polished table and
poured a large cup of water onto it. The towel soaked up the water. Next they removed
the wet towel and, still saying nothing to the puzzled members of the committee,
poured a second cupful of water on the bare table. The water splashed and trickled off
the table and onto the laps of the distinguished committee members. Every one of them
then understood the dire consequences of removing the soil cover from the land.
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SHEET, RILL, AND GULLY EROSION

Early investigators of water erosion made a distinction between sheet erosion,
rill erosion, gully erosion, and stream-channel erosion (Fig. 15.3). Sheet erosion
was defined as the uniform removal of thin layers of soil from a more or less
smooth slope, carried by the distributed (rather than concentrated) flow of
runoff water over the soil surface. This is an idealized concept that rarely occurs
as such. In reality, the erosion process is hardly ever uniform, and very soon after
it begins the sediment-carrying runoff tends to concentrate in small tills, which
wend their way downslope. Being small and shallow, these rills are hardly
noticeable at first and are easily obscured by cultivation. However, as the

Fig. 15.3. (A) Sheet, (B) rill, and (C) gully erosion.

A. Sheet erosion

B. Rill erosion

C. Gully erosion
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process continues and is repeated over the course of successive rainstorms, the
rills gradually become deeper. They scour the soil to form distinct gullies, which
can no longer be obscured by conventional tillage and which converge downs-
lope to form rivulets. As gullies cut further into the soil, they may reach a tight
and practically impervious subsoil. Although bottom erosion may slow down,
further erosion may occur along the slumping sides of the gullies.

Watson and Laflen (1986) described splash and sheet erosion as inter-rill
erosion and related it to the characteristics of the soil, slope, and rain as fol-
lows:

Di = Kii2Sf (15.11)

where Di is inter-rill erosion rate, Ki is inter-rill soil erodibility, i is rainfall
intensity, and Sf is an empirical slope factor.

Rill erosion is the scouring and transport of soil by a concentrated flow of
water (Schwab et al., 1993). The erosivity of the flowing water is a function
of the hydraulic shear τ of the water flowing in the rill. The soil factors that
affect rill erosion are the rill erodibility Kr and the critical shear τc, that is, the
shear below which soil detachment is negligible (Lane et al., 1987). These vari-
ables are related as follows:

Dr = Kr(τr − τc)(1 − Qs/Tc) (15.12)

where Dr is the rill detachment rate, Qs is the rate of sediment flow in the rill,
and Tc is the sediment transport capacity of the rill. The hydraulic shear of the
flowing water is τ = ρgrs, where ρ is the density of water, g is the acceleration

BOX 15.2 Plato on Soil Degradation

The Greek philosopher Plato (427–327 B.C.E.), who founded the first Academy,
in one of his Dialogues, had Critias bewail the degradation of soil that took place
in Greece even two and a half millennia ago:

What now remains of the formerly rich land is like the skeleton of a sick man, with
all the fat and soft earth having wasted away and only the bare framework remain-
ing. Formerly, many of the mountains were arable. The valleys that were full of
rich soil are now marshes. Hills that were once covered with forests and produced
abundant pasture now produce only food for bees. Once the land was enriched
by yearly rains, for they were not lost as they are now by flowing from the bare
land into the sea. The soil was deep, it absorbed and kept the water in the loamy
soil, and the water that soaked into the hills fed springs and running streams
everywhere. Now the abandoned shrines at spots where formerly there were
springs attest that our description of the land is true.

Has the picture changed? Yes. It has gotten worse. What then took place in specific
areas is now a global occurrence. The early astronauts described what they saw as they
orbited the earth. They noted widespread forest fires in tropical areas and dust clouds
in overgrazed semiarid areas. The island of Madagascar, like a wounded giant, appeared
to be bleeding into the sea, its red soils raked off the denuded slopes by the monsoonal
rains and carried away by the streams.
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of gravity, r is the hydraulic radius of the till, and s is the hydraulic gradient
of rill flow.

The transport capacity of rills has been expressed in terms of the following
relationship (Foster and Highfill, 1983):

Tc = Bτ3/2 (15.13)

where Tc is the transport capacity per unit width, B is the transport coefficient
based on soil and water conditions, and τ is the hydraulic shear in the rill
channel.

EROSIVITY OF RAINFALL

When a rainstorm strikes a bare soil surface, quantities of soil material are
splashed into the air, and many particles are splashed repeatedly. The amount
of soil splashed, measured by means of collecting pans placed over the soil,
was found to be 50–90 times greater than the runoff losses. A heavy rainstorm
may splash as much as 200 tons of soil (Schwab et al., 1993). Although most
of the detached sediment is not immediately lost from the field (most of it
being trapped by depressions in the surface), it has the effect of clogging the
surface pores and reducing the soil’s infiltrability, thereby inducing even
greater runoff and greater soil erodibility. Raindrop impact on bare soil was
depicted in high-speed photographs by Mihara (1951).

Particle detachment and splash obviously depend on rainfall intensity, the
size distribution of drops and their terminal velocities, the direction and steep-
ness of slope, wind, soil conditions (texture, looseness, size and stability of
aggregates, roughness of surface), and the possible presence of impediments to
splash, such as vegetation, litter, and gravel. Splashed particles may move more
than 0.6 m in height and more than 1.5 m laterally on level surfaces. On slop-
ing ground, the splashed material moves preferentially. Surface roughness is
also an important factor. Where the surface is pitted, the depressions may fill
with water during high-intensity rainfall to form puddles, which then absorb
some of the energy of the rain and much of the splashed material, thus redu-
cing the soil loss from the field as a whole.

Hudson (1981) defined the following attributes of rain pertaining to erosion:

1. The intensity of a rain is the amount of water falling on a unit area in
a unit of time, generally expressed as millimeters per hour. It usually
varies during the course of a rainstorm. The time pattern of rain
intensity also differs from storm to storm, from place to place, and
from season to season.

2. The duration of a rain is the length of time from the start of a
rainstorm to its ending. This is often arbitrarily determined, because
rainstorm events typically exhibit alternating periods of stronger and
weaker rain intensity as well as respite periods during which only a
drizzle occurs. Is the squall that follows a drizzly respite part of the
same rainstorm, or is it a new one?

3. The energy of a rainstorm is the summation of the kinetic energies of
all raindrops falling on a unit area. As such, it is a function of the size
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distribution of the raindrops and their respective terminal velocities.
Measurements of raindrop sizes (reported by Hudson, 1981) have
shown that they range from a fraction of a millimeter to about 5 mm
in diameter. Raindrops larger than 5 mm generally tend to disintegrate
because of air turbulence. A positive relationship has been found
between rain intensity and median drop size, but this relationship is not
consistent for different types of rains in different regions.

A falling raindrop is subject to gravitational acceleration. As the raindrop
gains speed, however, the resistance of the air also increases, until it becomes
equal to the accelerating force. Thereafter, the drop ceases to accelerate but
continues to fall at a constant speed, called the terminal velocity. It is analo-
gous to the phenomenon described in Chapter 3 in the section on the settling
of particles suspended in an aqueous medium.

The terminal velocity of each drop depends on its size, as shown in Fig. 15.4.
Note that the largest raindrops, having a diameter of about 5 mm, fall at a ter-
minal velocity of about 9 m/sec (roughly equivalent to the speed limit in the
streets of a city). The abrupt collision of such drops with the soil has the impact
and effect of a miniature bomb: It detaches and splashes soil particles and cre-
ates a minicrater at the surface, as shown in Fig. 15.5.

The erosive power of rainfall is related to the kinetic energy of the raindrops
(which is proportional to the product of the mass and velocity squared, i.e.,
Ek = mv2) and to their momentum (equal to the product of the mass and
velocity, M = mv). If the size distribution of raindrops is known, their terminal
velocities can be determined. The energy and momentum of the rainstorm as
a whole can then be calculated by summation. Attempts have also been made
to measure the momentum or kinetic energy of a rainstorm directly by various
devices (Hudson, 1981; Romkens et al., 2002).

According to Hudson (1981), the threshold level of intensity at which
a rain becomes erosive is about 25 mm/h. In this respect, an important dif-
ference exists between temperate and tropical regions. In temperate regions,
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only about 5% of the rain falls at intensities great enough to be erosive,
whereas in tropical regions as much as 40% of the rain contributes to soil
erosion. Moreover, the total amount of rain per season is likely to be greater
in the humid tropics, so altogether those regions are more prone to severe
erosion.

ERODIBILITY OF SOIL

The actual amount of erosion depends as much on the erodibility of the soil
as it does on the erosivity of the rain. The erodibility of a soil (i.e., its vulner-
ability to the erosivity of rain or of running water) depends on many factors.
Prominent among these factors are the texture and structure of the soil. For
example, a weakly aggregated soil is more erodible than a stably aggregated one,
and a dispersed clay is much more erodible than a flocculated clay. Similarly,
a soil pulverized by excessive tillage or trampling is more erodible than an
untilled and mulch-covered soil. Other relevant factors are the slope and the
type and density of the vegetative cover. Soil erodibility indexes have been
described in numerous publications (e.g., Hudson, 1981; Schwab et al., 1993).

Apart from the widespread occurrence of surface erosion, there is an
entirely different and even more catastrophic form of erosion that takes place
in certain topographic and climatic conditions. It is the slumping of rain-
saturated soil from steep slopes, where shallow soil is underlain by smooth
bedrock. Such landslides may result in the massive loss of the entire soil cover
of a hillside. The author has observed these occurrences in such places as New
Zealand and Nepal, especially where the slope had been denuded of its ori-
ginal forest cover and where roadbeds that have been cut into the bottom of
the slope destabilize the soil uphill. In Nepal, where the landscape is particu-
larly steep and geologically unstable, the volume of soil detached during such
events may be large enough to temporarily block the flow of an entire stream.

Fig. 15.5. Impact of a raindrop on an erodible soil surface.
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THE “UNIVERSAL SOIL LOSS EQUATION”

The following empirical equation is known as the universal soil loss equa-
tion (USLE):

A = RKLSCP (15.14)

Here, A is the estimated average annual soil loss, in metric tons per hectare; R
is the rainfall erosivity factor (depending on its intensity, quantity, and dura-
tion); K is the soil erodibility factor (a measure of the soil’s susceptibility to
erosion, affected by soil texture, organic matter content, structure and its sta-
bility, and permeability); LS is the topographic factor (combining the effects of
slope length and steepness); C is the surface cover factor (depending on
whether the soil is vegetated, mulched, or bare); and P is the management fac-
tor (relating the soil loss with the given management practices to the losses
that would occur with up-and-down slope cultivation).

The advantage of the universal soil loss equation is its simplicity. Its disad-
vantage is that it may be too simplistic. Being a strictly empirical equation, the
USLE can best be applied in conditions that are basically similar to those
where the various factors have been calibrated experimentally in the field. Any
attempt to apply the equation away from the context in which it was devised
and calibrated may be misleading (to apply it in Africa, say, where the soils
and the rainfall regimen are very different from those in the United State),
unless there is supporting experimental data obtained locally.

The erosion process is not a steady, orderly, easily predictable process.
Much of it takes place episodically, in rare but violent events. A single torren-
tial rainstorm striking the soil just when its surface happens to be bare and
pulverized (hence most vulnerable) may cause more soil loss in a few hours
than a whole season’s “normal” rainfall over a fully vegetated field.

The USLE was originally proposed in 1965 for estimating sheet and rill
erosion from cultivated fields in the United State east of the Rocky
Mountains (Wischmeier and Smith, 1978). It has since been applied
throughout the United State and in many other countries, for rangelands
and forestlands as well as cultivated lands. Various revisions have been
made to the original formulation (El Swaify et al., 1985; Lal, 1994; D. F.
Post, 1996). However, the equation remains largely empirical, and the topic
of soil erosion yet awaits the development of a more fundamental and com-
prehensive mechanistic approach.

CONTROL OF SOIL EROSION

Effective control of erosion by water consists of minimizing the impact of
raindrops and the velocity of running water on the soil surface. This includes
enhancing infiltrability and surface storage, improving soil structure, protect-
ing the surface by a cover crop or a mulch (to prevent raindrops from striking
the exposed soil), minimizing cultivation and performing it on the contour
rather than up and down the slope, and avoiding both compaction and exces-
sive pulverization (Romkens et al., 2002). An ancient and still common prac-
tice of soil conservation is the shaping of sloping land by means of terraces or



CONTROL OF SOIL EROSION 295

contour strips so as to reduce the inclination of the surface and the length of
slope segment, thereby checking the downhill acceleration of running water
(Schwab et al., 1993; Hillel, 1994). Figure 15.6 illustrates different types of
modern terraces.

Fig. 15.6. Terrace shapes on slopes of different steepness.
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16. REDISTRIBUTION
AND RETENTION
OF SOIL MOISTURE

SOIL WATER STORAGE

When rain or irrigation ceases and free water on the surface disappears (by
infiltration, runoff, or evaporation), the process of infiltration comes to an
end. Downward water movement within the soil, however, does not cease
immediately and may in fact persist for a long time as soil moisture percolates
within the profile. The upper soil layers, wetted to near saturation during infil-
tration, do not retain their full water content, because part of the water moves
down into the lower layers under the influence of gravity and possibly also of
suction gradients. In the presence of a high water table, or if the profile is ini-
tially saturated throughout, this postinfiltration movement is herein termed
internal drainage. In the absence of groundwater, or where the water table is
too deep to affect the relevant depth zone, and if the profile is not initially wet-
ted to saturation throughout its depth, this movement is called redistribution.
Its effect is to redistribute water in the soil by increasing the wetness of suc-
cessively deeper layers at the expense of the infiltration-wetted upper layers of
the profile.

In some cases, the rate of redistribution diminishes rapidly, becoming
imperceptible after several days. Thereafter the initially wetted part of the soil
appears to retain its moisture, unless this moisture evaporates from the soil
directly or is taken up by plants. In other cases, redistribution may continue at
an appreciable, though diminishing, rate for many days or weeks.

The importance of the redistribution process should be self-evident,
because it determines the amount of water retained at various times by the
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different-depth zones in the soil profile and hence can affect the water econ-
omy of plants. The rate and duration of downward flow during redistribution
determine the effective soil-water storage. This property is vitally important,
particularly in relatively dry regions, where water supply is infrequent and
plants must rely for long periods on the unreplenished reservoir of water
within the rooting zone. Even in relatively humid regions, where the water
supply by precipitation would seem to be sufficient, inadequate soil-moisture
storage may deprive growing plants of a major portion of the water supply
and can cause crop failure. Finally, the redistribution process is important
because it often determines how much water will flow through the root zone
(rather than be retained within it) and hence how much leaching of solutes
and recharge of groundwater will take place. As we shall show, soil-water
storage is generally not a fixed quantity or static property but a dynamic
process, determined by the time-variable rates of inflow to, and outflow from,
the relevant soil volume.

INTERNAL DRAINAGE IN DEEPLY WETTED PROFILES

We have already made a distinction between the postinfiltration movement
of soil water in cases where a groundwater table is present at some shallow
depth (i.e., at a depth not exceeding a few meters) and that in cases where
groundwater is either nonexistent or too deep to affect the state and move-
ment of soil moisture in the root zone.

At the groundwater table (also called the phreatic surface), whatever its
depth, soil water is at atmospheric pressure. Beneath this level the hydrostatic
pressure exceeds atmospheric pressure; above this level soil water is generally
under suction. Internal drainage in the presence of a water table tends eventu-
ally toward a state of equilibrium. At equilibrium, the suction head at each
point corresponds to its height above the free-water level. As equilibrium is
approached, the downward drainage flux declines while the hydraulic gradi-
ent decreases, both approaching zero in time. (That is, of course, provided
there is no further addition of water by another episode of infiltration or
abstraction of water by evapotranspiration — processes that would prevent
the attainment of static equilibrium.)

At equilibrium, if attained, soil wetness would increase in depth to a value
of saturation just above the water table, a depth distribution that would mir-
ror the soil-moisture characteristic curve. Phenomena involving falling water
tables and groundwater drainage will be treated in our next chapter. In the
present section, however, we deal with the internal drainage of profiles ini-
tially wetted to near saturation throughout their depth. We shall treat this
process as if it were unaffected by any water table, which, if it exists, is
assumed to lie too far below the zone of interest to be of any direct conse-
quence.

In the hypothetical case of a deeply and uniformly wetted profile, suction
gradients would hardly exist. Internal drainage should occur under the influ-
ence of gravity alone. If so, downward flow through any arbitrary plane
(say, the bottom of the root zone) should be equal to the hydraulic conduct-
ivity and should diminish in time as the conductivity diminishes due to
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reduction of water content in the infiltration-wetted soil above the plane
considered.

Recall the one-dimensional (vertical) form of Darcy’s equation:

(16.1)

where q is downward flux, K(θ) is hydraulic conductivity (a function of wet-
ness θ), z is depth, and ψ is matric suction. With ∂ψ/∂z assumed to be zero, we
have simply

q = K(θ) (16.2)

If we happen to know the functional dependence of K on θ, we can formulate
q as an explicit function of θ. For instance, if the function is exponential, say,

K(θ) = aebθ (16.3)

where a and b are constants, we get

q = aebθ or ln q = A + bθ (16.4)

where A = ln a. Thus, even a small decrease in θ can result in a steep (loga-
rithmic) decrease of the flux q.

A simple approach to the internal drainage process is possible if the soil
profile can be assumed to drain uniformly, that is, if the soil is equally wet and
its wetness diminishes at an equal rate throughout the draining profile.
Observations have shown this to be a reasonable approximation in many (but
certainly not all) cases. In the absence of any flow through the upper soil sur-
face, the flux qb, through any plane at depth zb, must equal the rate of decrease
of total water content W, where W = θzb (the product of the wetness θ and
depth zb):

qb = K(θ) = −dW/dt = −zb(dθ/dt) (16.5)

This equation can be used to measure the depth-averaged hydraulic conduct-
ivity as a function of wetness in a field plot that is under an impervious sur-
face (say, a sheet of plastic material). Note that in this case the downward flux
increases in proportion to depth. Note also that it diminishes in time, as does
the rate of decrease of soil wetness, in accordance with the functional decrease
of conductivity with the remaining soil wetness. Once the characteristic K(θ)
function is established for a given soil, it becomes possible to predict the time
dependence of θ and of drainage rate q for any depth.

An alternative approach is to assume that the downward drainage flux is pro-
portional to the total amount of water remaining in the draining profile. Thus

−dW/dt = λW (16.6)

where, as before, −dW/dt is the time rate of decrease of profile water content
(storage) W and λ is a proportionality constant. Equation (16.6) can be inte-
grated by separation of variables:

(16.7)
( / )dW W dt∫ ∫= −λ

q K
z

z
= −

∂ − −
∂

( )
( )

θ
ψ
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to give

ln W = −λt + c (16.8)

wherein c is the integration constant. The last equation can be rewritten as

W = ec/eλt (16.9)

At t = 0 (the beginning of the process), W = ec, a constant that we can desig-
nate Wi (initial water content of the profile). Thus

W = Wie−λt or W/Wi = e−λt (16.10)

which is the well-known equation used to describe exponential decay
processes, such as radioactive decay. The proportionality constant λ is called
the decay constant, and it can be interpreted as the fraction of the remaining
soil-water content that drains per unit time. To characterize the stability of
soil-moisture storage, we can use the concept of half-life (t1/2), which is the
time required for the cumulative drainage of half the initial amount of water
present in the soil (i.e., the value of t in the last equation at which W = Wi/2).
Thus, at t = t1/2, eλt = 2. Hence,

t1/2 = ln 2/λ = 0.693/λ (16.11)

If Eq. (16.6) is not by itself a good description of the internal drainage
process, as W tends rather unrealistically to approach zero in time, the
equation can perhaps be made more realistic by providing for soil-water
content to approach asymptotically some finite residual value Wr rather
than zero. As an example, let us assume that Wr corresponds to the product
of the soil depth considered, Zb, and the equilibrium value of soil wetness
at a matric suction value of, say, 33 kPa (one-third of a bar). The value of
Wr obviously depends on soil texture, as do the values of Wi, λ, and indeed
t1/2.

For a more fundamental approach to the problem of predicting the depend-
ence of flux and wetness on time, we must go to the general flow equation,
which can be stated as

(16.12)

This equation can be solved subject to the following conditions:

t = 0, z ≥ 0, θ = θs (initially saturated profile)
t > 0, z = 0, q = 0 (no further inflow or (16.13)

outflow through the surface)
t > 0, z = zb, q = K(θb) (flux equals conductivity at zb)

Results obtained by numerical solution of the equation for the conditions
shown (Hillel and van Bavel, 1976) are illustrated for soils of different textures
in Figs. 16.1–16.3, which show the pattern of decreased soil-moisture storage
during internal drainage. The sandy soil, although it contains less water at sat-
uration, is seen to drain much more rapidly at first. Thus, it loses half again as
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much water as the loam and nearly five times as much water as the clay dur-
ing the first two days. Thereafter these differences diminish and are eventually
reversed as further drainage from the sand slows down to a very low rate,
while drainage from the loam, and even more so from the clay, persists at an
appreciable rate for many more days.
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Fig. 16.1. The changing soil-moisture distribution during drainage from initially saturated
uniform profiles of (a) clay, (b) loam, and (c) sand. The numbers indicate duration of the process
(days). (After Hillel and van Bavel, 1976.)
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Fig. 16.2. Cumulative gravity drainage from initially saturated uniform profiles (1.16 m
deep) of sand, loam, and clay. Dashed lines, drainage alone; solid lines, simultaneous drainage
and evaporation. (After Hillel and van Bavel, 1976.)

Fig. 16.3. Volumetric wetness at depth 0.41 m as function of time in initially saturated uni-
form profiles of sand, loam, and clay. Dashed lines, drainage without evaporation; soild lines,
simultaneous drainage and evaporation. (After Hillel and van Bavel, 1976.)

Sample Problem

Assume gravity drainage out the bottom of a uniformly wetted soil profile, 1 m deep,
with an initial volume wetness of 45%. Further assume the hydraulic conductivity K to
be an exponential function of the soil’s volume wetness θ, namely, K = aebθ, where
a = 1.5 × 10−5 mm/day and b = 35. Estimate the remaining soil wetness when the
drainage flux has diminished to 1/2, then to 1/10, and then to 1/100 of the evapo-
transpiration (ET) rate, which is 5 mm/day.
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Implicit in the foregoing discussion was the supposition that the soil pro-
file is texturally or structurally uniform in depth. Quite a different situation
can prevail when the profile is layered. An impeding layer inside or below
the root zone can greatly inhibit internal drainage. In many cases such
a layer can be harmful to crops, for it might cause retention of excessive
moisture, and perhaps of salts, in the root zone. In some cases, however, as
in rapidly draining sands, it might be desirable to form an artificial barrier
at some depth to promote greater retention of moisture within reach of
plant roots.

REDISTRIBUTION IN PARTIALLY WETTED PROFILES

Perhaps more typical than the condition described in the preceding section
(namely, that of a soil that is deeply and uniformly wetted throughout its
profile) are cases in which the end of the infiltration process consists of
a wetted zone in the upper part of the profile and an unwetted zone
beneath. The postinfiltration movement of water in such a profile can truly
be called redistribution, because the relatively dry deeper layer (beyond the
infiltration wetting front) draws water from the upper one so that soil mois-
ture redistributes itself between the layers. The time-variable rate of redis-
tribution depends not only on the hydraulic properties of the conducting

With gravity alone (no suction gradients), vertical drainage occurs at a rate q, equal
to the hydraulic conductivity, which is itself a function of the soil’s wetness at the depth
considered (e.g., at bottom of the root zone):

q = K(θ) = aebθ = 1.5 × 10−5e35θ

We can now calculate the flux at different assigned wetness values to obtain a plot
of log q versus θ, as follows:

When θ = 0.45, q = (1.5 × l0−5)e35×0.45 = 103.8 mm/day
When θ = 0.40, q = (1.5 × l0−5)e35×0.40 = 18 mm/day
When θ = 0.35, q = (1.5 × l0−5)e35×0.35 = 3.15 mm/day
When θ = 0.30, q = (1.5 × l0−5)e35×0.30 = 0.54 mm/day
When θ = 0.25, q = (1.5 × l0−5)e35×0.25 = 0.095 mm/day
When θ = 0.20, q = (1.5 × l0−5)e35×0.20 = 0.017 mm/day

From the q-θ plot we can determine the θ values at which q = 2.5 mm/day (ET/2),
0.5 mm/day (ET/10), and 5 × 10−2 mm/day. The θ values turn out to be approximately
43, 30, and 23.2%, respectively. Which of the q values is to be considered negligible is
a matter of individual decision.

Alternatively, we can calculate the θ remaining at any flux value, as follows:

q = K(θ) = aebθ

Hence ln q = ln a + bθ. Therefore θ = (ln q − ln a)/b.
The actual plot of q versus θ is left as an optional exercise.
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soil but also on the initial wetting depth as well as on the relative dryness
of the bottom layers. When the initial wetting depth is small and the under-
lying soil is relatively dry, strong suction gradients augment the gravita-
tional gradient in causing a rapid rate of redistribution. On the other hand,
when the initial wetting depth is considerable and the underlying soil itself
is fairly moist, the suction gradients tend to be small, so redistribution
occurs primarily under the influence of gravity, as in the case of internal
drainage described earlier.

At first the decrease of soil wetness in the initially wetted zone can be
expected to occur more rapidly during the redistribution of moisture in pro-
files that had wetted to shallow depth than in the internal drainage of profiles
that had been wetted deeply. Sooner or later, however, the redistribution
process “spends itself out,” so to speak, and the flux slows down for two rea-
sons: (1) the suction gradients between the wetter and the drier zones dimin-
ish as the former loses, and the latter gains, moisture; (2) as the initially wetted
zone quickly desorbs, its hydraulic conductivity falls correspondingly. With
both gradient and conductivity decreasing simultaneously, the flux also falls
rapidly. The rate of advance of the wetting front slows down, and this front,
which was relatively sharp during infiltration, gradually flattens out and dis-
sipates during redistribution. This trend is illustrated in Fig. 16.4. The figure
shows that the initially wetted upper zone drains monotonically, though at
a decreasing rate. On the other hand, the sublayer at first wets up but eventu-
ally begins also to drain.

The time dependence of soil wetness in the upper zone is illustrated in
Fig. 16.5 for a sandy soil, in which the unsaturated conductivity falls off
rapidly with increasing suction, and for a clayey soil, in which the decrease
of conductivity is more gradual and hence redistribution tends to persist
longer.

Fig. 16.4. The changing moisture profile in medium-textured soil during redistribution
following a partial irrigation. The successive moisture profiles shown are for 0, 1, 4, and 14 days
after the irrigation. Wi, preirrigation (antecedent) soil wetness.
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HYSTERETIC PHENOMENA IN REDISTRIBUTION

Unlike the internal drainage process, in which a deeply wetted soil desorbs
monotonically, the redistribution process that takes place in a partially wetted
profile necessarily involves hysteresis; the upper part of the profile desorbs
while the lower part absorbs water from it. It is the nature of hysteresis that
even if the two sections were to attain equilibrium with the same matric poten-
tial, the desorbed section of the soil would be wetter than the section having
undergone sorption. Moreover, an intermediate zone, just below the infiltra-
tion-wetted zone, first absorbs water and then begins to desorb as the redis-
tribution process progresses deeper into the profile. This pattern of sorption
and desorption is portrayed schematically in Fig. 16.6.

We recall from Chapter 8 that the relation between wetness and suction is
not unique but depends on the history of wetting and drying that took place
at each point in the soil. This relationship, when plotted, exhibits two limiting
curves that apply when wetting or drying starts from the extreme conditions
of dryness or saturation, respectively. Between the wetting and drying
branches (the “primary soil-moisture characteristic curves”) there lies an infin-
ite number of possible “scanning curves,” which describe wetting or drying
between different intermediate values of wetness. Such scanning curves tend to
be “flatter” than the primary desorption curve; hence a greater increase in suc-
tion is needed to effect a unit drop in wetness during desorption after partial
wetting than in desorption after complete wetting.

If hysteresis were nonexistent, we would expect a draining vertical column
under the influence of gravity to tend toward an equilibrium such that soil
wetness would increase with depth as the suction forces increase with eleva-
tion (see Chapter 8). With hysteresis, however, more of the moisture is retained
in the infiltration-wetted part of the profile, where it might remain available
for subsequent plant use, rather than flow downward beyond the reach of
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Fig. 16.5. The monotonic decrease of soil wetness with time in the initially wetted zone of
a clayey and a sandy soil during redistribution. The dashed lines show the wetness values
remaining in each soil after two days.
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plant roots. Evidence for this was provided by Rubin (1967), as shown in
Fig. 16.7. The role of hysteresis can be especially important in semiarid
regions, where limited rainfall may wet the soil only to shallow depths, so
retaining moisture in the root zone is likely to be critical to native plants as
well as to crops.

Fig. 16.7. Calculated soil-moisture profiles after redistribution in a sandy soil, illustrating
the effect of hysteresis on retention of moisture in the upper layers. In the right-hand figure, the
hysteretic redistribution profile (H) is compared with the nonhysteretic profile based on
the sorption characteristic curve (W) and with the nonhysteretic profile based on the desorp-
tion characteristic curve (D). (After Rubin, 1967.)
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The steep reduction in hydraulic conductivity that takes place in the drain-
ing part of the profile, the overall decrease in matric suction gradients, and the
effect of hysteresis all act in concert to promote moisture retention in the
upper part of the profile. If we did not know of these synergistic effects, we
might never understand how the soil, being in effect a “bottomless barrel,”
nevertheless manages to retain enough water in its upper part long enough to
support the growth of vegetation even in arid regions, where water supply is
meager and infrequent.

ANALYSIS OF REDISTRIBUTION PROCESSES

Once again we return to the general equation for flow in a vertical profile, Eq.
(16.12):

∂θ/∂t = (−∂/∂z)[K(∂ψ/∂z) + K]

In the case of redistribution involving hysteresis, this equation is written

(∂θ/∂ψ)h(∂ψ/∂t) = (−∂/∂z)[Kh(ψ)(∂ψ/∂z)] − ∂Kh(ψ)/∂z (16.14)

In the foregoing, θ is volumetric wetness, t is time, K is conductivity, z is depth,
ψ is suction head, and the subscript h indicates a hysteretic function. After
the cessation of infiltration and in the absence of evaporation, flux through the
soil surface is zero. Therefore the hydraulic gradient at the surface must also
be zero. Conservation of matter requires that

(16.15)

for all time, provided no sinks are present (e.g., no extraction of water by plant
roots).

When redistribution begins, the upper portion of the profile, which was
wetted to near saturation during the preceding infiltration process, begins to
desorb monotonically. Below a certain depth, however, the soil first wets dur-
ing redistribution and then begins to drain, and the value of wetness at which
this turnabout takes place diminishes with depth. Each point in the soil thus
follows a different scanning curve, and the conductivity and water-capacity
functions vary with position.

To solve Eq. (16.12), one dependent variable (namely, ψ) can be eliminated:

∂θ/∂t = (−∂/∂z)[(K/c)(∂θ/∂z) + K] (16.16)

The solution can then be sought, subject to the following initial and boundary
conditions:

t = 0, z > 0, θ = θ(z)
t > 0, z = 0, q = (K/c)(∂θ/∂z) + K = 0 (16.17)
t > 0, z = ∞, θ = θi

where q is the flux, θ(z) is a function of soil depth describing the initial post-
infiltration moisture profile, θi is the soil’s preinfiltration wetness, c is the

θ
z

z
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=
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differential water capacity dθ/dψ, and the other variables are as previously
defined. The ratio K/c is the hydraulic diffusivity D.

Equation (16.16) has been solved numerically by means of an implicit dif-
ference equation. To take account of hysteresis, Rubin (1967) used empirical
equations for the dependence of ψ on θ in primary wetting, in primary drying,
and in scanning from wetting to drying, as well for the relation of K to θ.
(Empirical equations cannot be expected to pertain to any but the particular
soil considered; the results of the analysis, however, are thought to be valid in
principle, provided the basic assumptions are met in the real situation, at least
approximately.)

Rubin’s findings (Fig. 16.7) indicate that the hysteretic moisture profile
is not bounded by the two possible nonhysteretic profiles (one assuming the
desorbing branch of the soil-moisture characteristic, the other assuming
the sorbing branch). The hysteretic redistribution was shown to be clearly
slower than the nonhysteretic one. These results demonstrate the import-
ance of hysteresis in redistribution processes, particularly in coarse-textured
soils, which often exhibit more pronounced hysteresis than do fine-textured
soils.

A different approach to the analysis of redistribution was taken by Gardner,
Hillel, and Benyamini (1970a, b). Equation (16.16) can be solved analytically
by separation of variables (W. R. Gardner, 1962b) in the special case where the
empirical relation D = Cθn applies (C and n being constants). In this proce-
dure, it is assumed that the solution is of the form θ = T(t)Z(z), where T is a
function of t alone and Z is a function of z alone. It is further assumed that
K = Bθm (with B and m constants). Their analysis suggests that both where
matric suction forces predominate and where, alternatively, the gravity force
predominates, the time dependence of soil-water content obeys a relation of
the type

(16.18)

where W is the total water content and θave is the mean wetness of the initially
wetted zone at time t during redistribution. This theory accords with experi-
mentally measured patterns of redistribution in a sandy loam soil irrigated
with different quantities of water (Figs. 16.8 and 16.9). The constants in Eq.
(16.18) were shown to be related to the soil’s hydraulic conductivity and dif-
fusivity. Of these, the value of b could be neglected after a day or so, so the
simplified equation could be cast into logarithmic form:

log W = log a − c log t (16.19)

The values of a and c can be obtained from a graph of log W versus log t, pro-
vided the data indicate a straight line, as shown in Fig. 16.9. Eq. (16.18) can
also be differentiated with respect to time to yield the rate of decrease of water
content in the initially wetted zone (−dW/dt), equal to the flux through the ini-
tial (end-of-infiltration) wetting front:

−dW/dt = ac/(b + t)c+1 (16.20)

W dz a b t c, ( )θ θave or ≈ + −∫
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Fig. 16.8. Total amount of water retained in various depth layers within the initially wetted
zone of a fine sandy loam during redistribution following irrigations of (a) 100 and (b) 50 mm
of water. (After Gardner, Hillel, and Benyamini, 1970a, b.)

Fig. 16.9. Cumulative downward flow through the initial (end of infiltration) wetting front
during redistribution after irrigations of 50 and 100 mm of water. (After Gardner, Hillel, and
Benyamini, 1970a, b.)
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THE CONCEPT OF FIELD CAPACITY

Early observations that the rate of water-content change during internal
drainage and redistribution decreases in time were construed to mean that the
flow rate becomes negligible within a few days or even that flow ceases
entirely. The presumed water content at which internal drainage allegedly
ceases, termed the field capacity, had for a long time been accepted almost uni-
versally as an actual physical property, characteristic and constant for each
soil.

Though the field capacity concept originally derived from rather crude
data of water content in the field, some workers sought to explain it in
terms of a static equilibrium or the conjectured (but never proven) occur-
rence of an abrupt physical discontinuity in “capillary water.” It was com-
monly assumed that the application of a certain quantity of water to a unit
depth of soil will fill the “deficit to field capacity,” and that any quantity of
water delivered to the soil will not penetrate beyond the depth to which that

Sample Problem

Use the equation of L. A. Richards et al. (1956) to estimate the water content of a 
1-m-deep profile at the end of 1, 2, 3, 4, 5, 6, and 7 days of redistribution if the initial
profile water content is 500 mm, factor a = 40, and exponent b = 0.8. Estimate the time
necessary for the downward flux at a depth of 1 m to diminish to 10 mm/day.

Using Eq. (16.21),

dW/dt = −at−b,

we get

dW = −at−b dt

Integrating, we obtain

W = −[a/(−b + 1)]t −b+1 + c

where c, the constant of integration, equals the profile water content at t = 0. We can
now calculate the water content at various times:

At zero time, W = 500 − [40/(−0.8 + 1)] × 00.2 = 500 mm
After 1 day, W = 500 − (40/0.2) × 10.2 = 300 mm
After 2 days, W = 500 − (40/0.2) × 200.2 = 270 mm
After 3 days, W = 500 − (40/0.2) × 300.2 = 251 mm
After 4 days, W = 500 − (40/0.2) × 400.2 = 236 mm
After 5 days, W = 500 − (40/0.2) × 500.2 = 224 mm
After 6 days, W = 500 − (40/0.2) × 600.2 = 214 mm
After 7 days, W = 500 − (40/0.2) × 700.2 = 205 mm

To estimate the time needed for the flux to diminish to any specified value qn we again
use Eq. (16.22) [tn = (a/qn)1/b], hence

t = (40/10)1.25 = 5.66 days
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quantity can “replenish” the field capacity. It became a common practice to
calculate the amount of irrigation to be applied at any particular time on
the basis of the deficit to the field capacity of the soil depth to be wetted, as
if each soil layer were a bucket that must be filled before it can overflow to
a lower bucket.

In recent decades, with the development of theory and with more precise
experimental techniques for the in situ determination of soil wetness and of
unsaturated flow, the field capacity concept has been recognized as arbitrary.
The redistribution process is in fact continuous and exhibits no abrupt
“breaks” or static levels. Although its rate decreases constantly, in the absence
of a water table the process continues and equilibrium is approached, if at all,
only after very long periods. The soils for which the field capacity concept is
most applicable are coarse-textured ones, in which internal drainage is initially
most rapid but soon slows down owing to the relatively steep decrease of
hydraulic conductivity with increasing matric suction (see Chapter 8). In
medium- or fine-textured soils, however, redistribution can persist at an appre-
ciable rate for many days.

As an example, we can cite the case of a loessial silt loam in the Negev
region of Israel, in which the changes in water content (shown in Table 16.1)
were observed in the 0.6- to 0.9-m-depth zone following a wetting to a depth
exceeding 1.50 m. The plot was covered with a paper mulch and a layer of dry
soil to prevent evaporation. The data show that water loss continued (albeit at
a diminishing rate) for over five months.

An irrigation farmer accustomed to frequent irrigations is interested mainly
in the short-run storage of moisture in the soil. For such a farmer, the field
capacity of the loessial soil described can be taken at about 18%. By way of
contrast, a dryland farmer is likely to be interested in accumulating and stor-
ing soil moisture from one season to the next or even from one year to the
next. The latter farmer, obviously, cannot assume that the same soil retains
a water content of 18% but only 14% or even less. The difference, 4% by
mass, represents about one-third of the amount of soil moisture classically
considered available for crop use!

Various laboratory methods have been proposed for the estimation of field
capacity. These include equilibration of presaturated samples in the labora-
tory with a centrifugal force 1000 times the gravity force (the so-called

TABLE 16.1 Retention of Moisture (% by Mass)
in a Loessial Soil (0.6- to 0.9-m Depth) Following
a Deep Wettinga

End of infiltration 29.0
After 1 day 20.2

2 days 18.7
7 days 17.5
30 days 15.9
60 days 14.7
156 days 13.6

a After Hillel (1971).
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“moisture equivalent”) or with a matric suction value of 10 or 33 kPa (1/10
or 1/3 bar). Although the results of such tests may correlate with measure-
ments of soil-moisture storage in the field in certain circumstances, it is a fun-
damental mistake to expect criteria of this sort to apply universally, since they
are solely static in nature while the process they purport to represent is highly
dynamic.

Notwithstanding the fundamental impossibility of fixing unequivocally any
unique point in time at which internal drainage or redistribution ceases, there
remains a universal need for a simple criterion to characterize the ability of
soils to retain moisture (i.e., the upper limit of soil-water content that can be
depended on, more or less, in the field). The rapid slowing of internal drainage
or redistribution is an important property of soils, responsible for retaining
moisture (albeit temporarily) for the vital needs of plants during periods
between rains or irrigations.

PHYSICALLY BASED CONCEPTS OF MOISTURE STORAGE

Granted that the traditional definition of field capacity is subjective, what cri-
terion of moisture storage can be used in its stead? In the first place, since no
laboratory system yet devised is capable of duplicating soil-water dynamics in
situ, it should be obvious that profile moisture storage must be measured
directly in the field. Second, the field determination itself must be made repro-
ducible by standardizing a consistent procedure. Such vague specifications as
“wet the soil to the depth of interest” and “allow the soil to drain for approxi-
mately 2 days” are not good enough. Wetting depth is extremely important,
and the preferred depth is the maximal one — considerably beyond the “depth
of interest.” The internal drainage of a profile initially wetted to the entire
depth of the root zone is a much more reproducible and reliable criterion than
redistribution in a profile wetted to some unspecified partial depth without
regard to antecedent conditions.

Third, the measurement of soil-moisture content and depth distribution
should be made repeatedly rather than only once at an arbitrary time such
as 2 days. Periodically repeated measurements, preferably by a nondestruc-
tive method (neutron gauging or time-domain reflectometry), will provide
information on the dynamic pattern of internal drainage and allow evalu-
ation of whether any single value of soil moisture at any specifiable time is
distinct enough to be designated as the field capacity (Romano and Santini,
2002). To make this judgment objectively, one must decide at the outset
what drainage rate is low enough to be considered “negligible.” A likely cri-
terion might be 10% of the mean daily potential evapotranspiration (PET).
Thus, if PET is 5 mm/day, one might specify a drainage flux of 0.5 mm/day
through the bottom of the root zone as small enough to be disregarded. For
different soils, the characteristic time may vary from one day to a few weeks,
depending on soil hydraulic properties and on the wetness or flux criterion
used.

A still better approach is to characterize, for each field to be considered, the
internal drainage process (starting from well-defined initial and boundary con-
ditions) as a complete function of time. One way to do this is to specify the
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half-life of stored moisture, as explained earlier in this chapter. Another way
is to fit the measured function to an empirical equation such as

q = −dW/dt = at−b (16.21)

It would then be up to the user to calculate what value of soil moisture gives
the best estimate of soil-moisture storage to suit his or her purposes.
Assuming, for the sake of argument, that the data obtained in the field accords
with the preceding equation, then, for whatever limiting value of flux qn one
wishes to regard as negligible, one gets

tn = (a/qn)1/b (16.22)

where tn is the time period required for the drainage rate to fall to a negligible
value. Constants a and b must be calculated from the internal drainage curve
as measured in the field.
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17. GROUNDWATER
DRAINAGE AND
POLLUTION

BASIC CONCEPTS OF GROUNDWATER HYDROLOGY

Of the earth’s total amount of fresh (nonsaline) water, some 75% exists in
the frozen state in polar ice caps and glaciers, while less than 2% is in surface
waters, such as lakes and streams, and a relatively minute amount is contained
in the generally unsaturated soil. That leaves nearly 22% of our planet’s fresh
water that permeates porous rocks and sediments, generally at some depth
below the ground surface. It is this amount that we call groundwater.

In many regions, groundwater constitutes an important source of fresh
water for domestic, agricultural, or industrial use. Since an adequate water
supply is a prerequisite for the development of settlements and industries,
including the agricultural industry, and since injudicious exploitation of
groundwater can deplete the groundwater reservoir and diminish its quality, it
is important to acquire and disseminate knowledge pertaining to the behavior
of groundwater and to methods of managing it. Extraction of groundwater in
excess of the annual recharge (including the natural percolation of precipita-
tion water, seepage from reservoirs and streams, and artificial injection
through wells and by surface ponding) will cause depletion, whereas an excess
of recharge over extraction will cause a buildup of groundwater.

An aquifer (literally, a “carrier of water”) is a porous geological formation
that accumulates and transmits water in sufficient quantities to serve as a
source of supply for human use. Aquifers vary greatly in their characteristics.
Some consist of unconsolidated coarse sediments, such as sand and gravel, and
some are pervious bedrock, such as sandstone, conglomerate, limestone, or
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even fissured volcanic formations. A formation that, in contrast with an
aquifer, neither contains nor transmits significant amounts of water is called
an aquifuge. An example is a formation of tight, impermeable granite.
Between the two extremes, aquifer and aquifuge, hydrologists recognize an
intermediate type of formation that contains water but, owing to low permea-
bility, cannot transmit enough to serve as a source of supply (e.g., clay layers
and shales). Such a formation is called an aquiclude.

A distinction is made between two major types of aquifers: confined and
unconfined. A confined aquifer occurs when a permeable stratum is overlain
by an impermeable stratum (i.e., when an aquifer is “confined” by an
aquiclude). A confined aquifer is generally recharged not through the
aquiclude but from areas (possibly some distance away) where the permeable
formation outcrops, as shown in Fig. 17.1. Often, the water contained in a
confined aquifer is under pressure, called artesian pressure (after the district of
Artois in France), which may be sufficient to bring water up to ground surface
whenever a well is drilled through the aquiclude.

The equilibrium height to which water rises in an unpumped well is called
the piezometric level (from the Greek word meaning “to press”, hence a
piezometer is a device to measure pressure). The static level of water in a well
that penetrates a confined aquifer indicates the hydrostatic pressure of water
in that aquifer (M. H. Young, 2002). Not all rock formations can serve as
aquifers. Layers that are sufficiently permeable to transmit water vertically to
or from a confined aquifer but not permeable enough to transport water lat-

Piezometric surface

Water table Stream

Unconfined aquifer

Confined aquifer

Aquiclude

Recharge area

Aquifuge

Fig. 17.1. A confined (artesian) and an unconfined (phreatic) aquifer. The former rests on an aquifuge,
and the latter is perched on an aquiclude. Note that the deep wells are artesian.
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erally are called aquitards (Bouwer, 1978). An aquifer bound by one or two
aquitards is called a leaky or semiconfined aquifer.

An unconfined aquifer (also called a phreatic aquifer, from the Greek phrear,
“a well”) is one in which the water level is free to fluctuate up and down, to
rise and fall periodically, and thus to seek an equilibrium level. Phreatic aquifers
may reach levels close to the ground surface, and at times and places even rise
above it. Typically, however, the soil remains unsaturated to some depth (called
the unsaturated zone or vadose zone, or the zone of aeration), below which a
saturated condition prevails in what is known as the zone of saturation.

For more fundamental expositions of groundwater theory, the reader is
referred to publications by Freeze and Cherry (1979), Ward and Robinson
(1990), and Bras (1990). Problems of groundwater pollution were described
by Fried (1976) and by Pepper et al. (1996).

CONFINED GROUNDWATER FLOW

We now describe a number of simple cases illustrating flow phenomena in
confined aquifers. The simplest example is that of flow through a horizontal
layer of uniform thickness and properties, sandwiched between impervious
layers. As illustrated in Fig. 17.2, flow takes place from the channel on the left
to the channel on the right. If the water level in each of the two channels is
maintained at a constant level, the flow will take place at a steady state, that
is, a state in which the flux and gradient are time invariant and the flux is
space invariant as well.

The process can be formulated as follows. Begin with the Darcy equation
(with q being flux, K conductivity, H hydraulic head, and x horizontal distance):

q = −K(dH/dx) (17.1)

Now separate differential variables:

dH = −(q/K) dx

Next, integrate

(17.2)dH q K dx
H

H x

1

2

0∫ ∫= −( / )

Piezometric surface

Flux Z

X

Fig. 17.2. Flow in a horizontal confined aquifer of uniform thickness and hydraulic properties.
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to obtain

H2 − H1 = −(q/K)x or H2 = H1 − (q/K)x (17.3)

which indicates that, as long as the flux and conductivity are constant, the
hydraulic head diminishes linearly with distance along the direction of flow.

To calculate the discharge Q, that is, the total volume of flow per unit time
per unit thickness (perpendicular to the plane of the drawing), we multiply the
flux by the height of the aquifer Z:

Q = qZ = −KZ(dH/dx) = −τ(dH/dx) (17.4)

Here τ = KZ is a composite parameter called the transmissivity that character-
izes the amount of water obtainable from an aquifer under a unit hydraulic gra-
dient. In evaluating the potential usefulness of an aquifer as a source of water,
the transmissivity rather than the conductivity is the parameter of interest, since
a less permeable aquifer can deliver more water than a highly permeable one if
the dimensions of the former are sufficiently larger than those of the latter.

Now let us consider the slightly more complex case of steady radial flow
toward a single well. Suppose that the initial piezometric head at the well
was Hi and that this head was uniform for an infinite distance in the region
surrounding the well, as shown in Fig. 17.3. As we begin to pump water out
of the well, we notice the piezometric head at, and in the vicinity of, the well.
A hydraulic-head gradient is thereby created, and water flows radially
inward toward the well from the surroundings, creating a cone of depression
in the piezometric head. If we continue pumping water at a steady rate, and
if the head remains constant at some distance from the well, the cone of
depression will stabilize at the exact configuration that will supply the well
with the amount of water withdrawn per unit time. Henceforth the depres-
sion of piezometric head (from the original level Hi) at each point, called
the drawdown, will be a function of radial distance and of discharge, but not
of time.

Fig. 17.3. Cone of depression formed during radial low to a pumped well.

Impervious layer

Confined aquifer

Original
piezometric
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To formulate this process in mathematical terms, we cast Darcy’s law into
the radial form (with r, the radius, as the space coordinate):

q = −K(dH/dr) (17.5)

To obtain the discharge through any concentric cylindrical surface at any
radial distance r from the well, we multiply the flux q by the area through
which flow takes place, namely, 2πrZ (where 2πr is the circumference of the
circle and Z, once again, is the height, or thickness, of the aquifer):

Q = −2πrZK (dH/dr) (17.6)

At steady state, the discharge through all concentric cylindrical surfaces must
equal the discharge from the well, that is, the pumping rate −Qp (volume with-
drawn per unit time), so that in Eq. (17.6) Q = −Qp. We can now separate the
differential variables:

dH = (Qp/2πZK) (dr/r)

and integrate between any arbitrary radial distances r1 and r2:

(17.7)

to obtain

H2 − H1 = (Qp/2πZK) ln(r2/r1) (17.8)

If we wish to measure the aquifer transmissivity τ = ZK, we can drill two
observation wells at radial distances r1 and r2 from the pumping well, begin
pumping at a steady rate, and wait until the piezometric levels in the two
observation wells stabilize. Then, knowing the values of r1, r2, H1, H2, and Qp,
we can calculate the value of τ from the well-known Thiem equation:

τ = ZK = [Qp/2π(H2 − H1)] ln(r2/r1) (17.9)

Equation (17.9) presupposes steady-state conditions. To obtain a solution
pertaining to the transient-state, falling-head phase of the process, we must
first consider the change in aquifer storage resulting from a change in piezo-
metric head.

In an unconfined aquifer, a fall in piezometric head means a fall in the water
table and consequent desaturation of a corresponding depth increment in the
soil, so the effective height (or thickness) of the aquifer is visibly reduced. But
a confined aquifer remains saturated even while the piezometric head declines,
so it is difficult to see where the water comes from.

A decline of piezometric head implies a decrease of hydrostatic pressure,
which causes decompression (expansion) of water. The volume of water remain-
ing in the aquifer can thus remain constant, although some water is withdrawn.
Strictly speaking, however, the volume does not remain constant, since the over-
burden (i.e., the weight of the strata overlying the confined aquifer), formerly
supported in part by the hydrostatic pressure in the aquifer, causes an incre-
mental compression of the aquifer (possibly resulting in surface subsidence) as
the hydrostatic pressure is partially relieved. Consequently, a decline in piezo-
metric head even in a confined aquifer releases water, and the volume released
per unit area per unit decline in piezometric level is generally called storativity.

dH Q ZK dr r
H

H

r

r

1

2

1

2
2∫ ∫= ( / ) /p π
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Sample Problem

Consider a confined aquifer of the type depicted in Fig. 17.3, with a single pumping
well and two piezometers located at 50-m intervals along a radial line from the well.
Water is pumped out continuously at the rate of 100 m3/hr. After the “cone of
depression” (drawdown) stabilizes and steady-state conditions are established,
the hydraulic-head difference between the two piezometers is 2 m. Calculate the
transmissivity of the aquifer. If its thickness is 60 m, calculate the aquifer’s hydraulic
conductivity.

This steady-state radial-flow case is described by Eq. (17.9), known as the Thiem
equation:

τ = ZK = [Qp/2π(H2 − H1)] In(r2/r1)

Sample Problem

Two confined aquifers, geometrically similar to the one depicted in Fig. 17.2, were com-
pared, as follows:

Aquifer A Aquifer B

Horizontal distance between channels 200 m 90 m
Hydraulic-head difference between channels 10 m 15 m
Discharge per unit length of channel 0.02 m3/m hr 0.05 m3/m hr
Vertical thickness of conducting layer 8 m 6 m

Calculate the transmissivity and hydraulic conductivity values.
The system is described by a form of Eq. (17.4):

Q = KZ(ΔH/Δx) = τ(ΔH/Δx)

where Q is discharge, K is hydraulic conductivity, Z is vertical thickness of the aquifer, ΔH
is hydraulic-head difference, Δx is distance (ΔH/Δx being the hydraulic gradient), and τ is
transmissivity (= KZ).
To calculate transmissivity, we set

τ = Q/(ΔH/Δx)

and to calculate conductivity we set

K = Q/Z(ΔH/Δx) = τ/Z

For Aquifer A,

τ = (0.02 m3/m hr)/(10 m/200 m) = 0.4 m2/hr
K = (0.4 m2/hr)/8 m = 0.05 m/hr = 1.39 × 10−5 m/sec

For aquifer B,

τ = (0.08 m3/m hr)/(15 m/90 m) = 0.48 m2/hr
K = (0.48 m2/hr)/6 m = 0.08 m/hr = 2.22 × 10−5 m/sec
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UNCONFINED GROUNDWATER FLOW

Whereas water in unsaturated soil is affected by suction gradients and its
movement is subject to variations in conductivity resulting from changes in
soil wetness, groundwater (by definition) is always under positive hydro-
static pressure and hence saturates the soil. Thus, no suction gradients and
no variations in wetness or conductivity normally occur below the water
table. The hydraulic conductivity is maximal and fairly constant in time,
though it may vary in space and direction. (We are disregarding here possible
effects due to overburden pressures and swelling phenomena as well as to
flocculation–dispersion phenomena.)

Despite the differences between the saturated and unsaturated zones, the
two are not independent realms but parts of a continuous flow system.
Groundwater is recharged by percolation through the unsaturated zone, and
the position of its surface (the water table) is determined by the relative rates
of recharge versus discharge. Reciprocally, the position of the water table
affects the moisture profile and flow conditions above it. One problem
encountered in attempting to distinguish between the unsaturated and sat-
urated zones is that the boundary between them may not be at the water table
but at some elevation above it, corresponding to the upper limit of the capil-
lary fringe (at which the suction is equal the soil’s air-entry value). This
boundary may be diffuse and hardly definable, especially when affected by
hysteresis.

Water may seep into or out of the saturated zone via the surface or by lat-
eral flow via the sides of a channel or a porous drainage tube. The ground-
water table is hardly ever entirely level and may exhibit steep gradients in the
drawdown regions near drainage channels, tubes, and wells. Where the topog-
raphy of the land is variable, as well as where the inflow from precipitation or
from stream seepage varies areally, the water table can change in depth and
may in places and at times intersect the soil surface and emerge as free water
(“outflow”).

If the depth of the water table remains constant, the indication is that the
rate of inflow to the groundwater and the rate of outflow are equal. In other
words, where there is downward seepage out of the unsaturated zone, this
must be offset by downward or horizontal outflow of the groundwater if the
water table is to remain stationary. On the other hand, a rise or fall of the

where τ is transmissivity, Z is aquifer thickness, K is hydraulic conductivity, Qp is pump
discharge, and H1 and H2 are hydraulic-head values at the piezometers located at radial
distances r1 and r2, respectively, from the well. Substituting the appropriate values, we
can write:

τ = 60 m × K = [(100 m3/hr)/(6.28 × 2 m)] ln(100 m/50 m) = 5.52 m2/hr
K = (5.52 m2/hr)/60 m = 2.55 × 10−5 m/sec
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water table indicates a net recharge or discharge of groundwater, respectively.
Such vertical displacements of the water table can occur periodically, as under
a seasonally fluctuating regimen of rainfall or irrigation. The rise and fall of
the water table can also be affected by barometric pressure changes, though
generally to a minor degree.

Groundwater flow can be geometrically complex where the profile is het-
erogeneous or anisotropic or where sources and sinks of water are distrib-
uted unevenly. If the profile above the water table consists of a sequence of
layers such that a highly conductive one overlies one of low conductivity,
then it is possible for the flow rate into the top layer to exceed the transmis-
sion rate through the lower layer. In such circumstances, the accumulation of
water over the interlayer boundary can result in the development of a
“perched” water table with positive hydrostatic pressures. If infiltration per-
sists at a relatively high rate, the two bodies of water will eventually merge.
After infiltration ceases, the perched water table tends gradually to dissipate
by evapotranspiration and by downward seepage into the primary water
table.

In some cases, groundwaters of different density (caused by temperature or
salinity differences) may come into contact. An example is the occurrence
along seacoasts of a body of fresh water (called a Ghyben–Herzberg lens; see
Fig. 17.4) over a body of saline water. At the interface of the two bodies, mis-
cible displacement phenomena can be observed (Bear, 1969).

BOX 17.1 Quicksand

Shallow groundwater may, at certain places and times, exhibit upward pressure
gradients. Where the overlying material consists of fine, smooth, rounded sand
grains with little tendency to mutual adherence, such upwelling of water may

cause the grains to be buoyed up so that they are, in effect, practically weightless (a
process called elutriation). In such conditions, the sand readily yields to pressure applied
from the top, and tends to “swallow” heavy objects placed on the surface. Such was fre-
quently the fate of outlaws in the old Wild West movies. They could have avoided that
fate had they studied soil physics.

Land surface

Fresh water
Interface

Mixing zone

Sea level

Saline water

Fig. 17.4. Idealized representation of a Ghyben–Herzberg lens of fresh water floating on
saline water under an island or narrow peninsula.
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ANALYSIS OF FALLING WATER TABLE

Truly steady-state flow processes are rare in unconfined aquifers (as else-
where). More typical are transient-state processes, which involve a change in
water-table height. Transient flow under such conditions has been described in
terms of the specific yield concept, generally defined as the volume of water
extracted from the groundwater per unit area when the water table is lowered
a unit distance. In other words, it is the ratio of drainage flux to rate of fall of
the water table. The assumption that there exists anything like a fixed value of
drainable porosity and that this fraction of the soil volume drains instant-
aneously as the water table descends is a gross approximation. In fact, the vol-
ume of water drained increases gradually with the increasing suction that
accompanies the progressive descent of the water table.

According to Luthin (1966), the drainable porosity fd is not a constant but
a function of the negative capillary pressure h (i.e., the matric suction head)
and can be written as fd(h). As the water table drops from h1 to h2, the volume
of water Vw drained out of a unit column will be

(17.10)

The function fd(h) is related to the soil moisture characteristic, which is diffi-
cult to formulate as an exact function. However, it is sometimes possible to
write an approximate expression for the relation of drainable porosity, specific
yield, and retention for different soils to capillary pressure (or suction) and still
end up with a reasonable prediction of the amount of water that drains out of
a profile when the water table is lowered. The simplest equation to use is that
of a straight line, fd = ah, where a is the slope of the line. The quantity of water
drained is now given by

(17.11)

The time-dependent vertical drainage of a soil column following a drop of the
water table has been studied by Ward and Robinson (1990), who considered the
interrelationships among porosity, specific yield, and retention for different soils.
Gardner (1962a) assumed a constant mean diffusivity and a linear relation
between hydraulic head and soil wetness. His equation is

Vw/Vw∝ = 1 − (8/π2) exp(−Dmπ2t/4L2) (17.12)

where Vw is the volume of water per unit area removed during time t, Vw∝ is
the total drainage after infinite time, Dm is the weighted mean diffusivity of the
soil, and L is the column length (height).

The inherent complexity of these relationships makes it difficult to devise
comprehensive and exact theories. Hence researchers have tended to devise
approximate theories. The applicability of such theories depends on the valid-
ity of the assumptions made in their derivation. Some approximate solutions
that provide reasonably accurate predictions of drainage outflow do not give
an accurate description of the changing moisture and suction profiles above
the water table (Fig. 17.5). More exact solutions of nonsteady drainage prob-
lems can be obtained by numerical techniques (e.g., Neuman, 1975; Sinai
et al., 1987). The role of encapsulated air in the process of drainage was con-
sidered by Collis-George and Yates (1990).

V ah dh
a

h h
h

h
w = = −∫

2

1

2 1
2

2
2

( )

V f h dh
h

h

w d= ∫
2

1
( )



324 CHAPTER 17 GROUNDWATER DRAINAGE AND POLLUTION

Sample Problem

An initially saturated vertical soil column is drained by dropping the water table abruptly
to a level 1 m below its original height, as depicted in Figure 17.6. Plot the fractional
amount of drainable water removed as a function of time if the weighted mean diffu-
sivity of the draining soil is 10−6 m2/sec. Use Eq. (17.12).

Following Gardner (1962a), the volume of water Vw drained per unit area, as a frac-
tion of the total drainable water Vw∝ (i.e., the cumulative volume per unit area that
drains after infinite time), is a function of time t, weighted mean diffusivity Dm, and col-
umn length L:

Vw/Vw∝ = 1 − (8/π2) exp(−Dmπ2t/4L2)

We can now substitute the appropriate values of Dm and L and assign successive values
of t to obtain actual solutions, as follows:
At t = 1 hr = 3600 sec,

Vw/Vw∝ = 1 − 8/(9.87 × eε)

Water-table
positions

D
ep

th

Soil wetness

(a)

(b)

tf

t2

t1

t0

θd θs

Fig. 17.5. Idealized succession of soil moisture profiles following a rapid drop of the water
table from position (a) to (b), where t0 and tf represent the equilibrium moisture profiles at
time zero and at final completion of vertical drainages, respectively; t1 and t2 represent inter-
mediate times during vertical drainage; and θs indicates saturation and θd the presumed wet-
ness after drainages; that is, θs − θf = “drainable” porosity. Note that in reality θd is generally
not a constant, but itself depends on proximity to the water table (as shown by the dashed
line extension of the tf profile), on siol-profile characteristics, and on the fact that true equilib-
rium is practically never attained. Moreover, the soil-moisture profile above a fluctuating water
table also depends on hysteresis and, if the water table is close to he soil surface, on plant activ-
ity as well.
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where ε = 10−6 × 9.87 × 3600/(4 × 12) = 8.88 × 10−3. Hence:

Vw/Vw∝ = 0.197 = 19.7%

At t = 4 hr = 14,400 sec,

ε = 10−6 × 9.87 × 14,400/(4 × 12) = 3.55 × 102

Vw/Vw∝ = 1 − 8/(9.87 × e0.0355) = 0.218 = 21.8%

At t = 1 day = 86,400 sec,

ε = 10−6 × 9.87 × 86,400/(4 × 12) = 0.213
Vw/Vw∝ = 1 − 8/(9.87 × e0.213) = 0.345 = 34.5%

At t = 2 days = 172,800 sec,

ε = 10−6 × 9.87 × 172,800/(4 × 12) = 0.426
Vw/Vw∝ = 1 − 8/(9.87 × e0.426) = 0.471 = 47.1%

At t = 4 days = 345,600 sec,

ε = 0.852,
Vw/Vw∝ = 1 − 8/(9.87 × e0.852) = 0.654 = 65.4%

At t = 8 days = 691,200 sec,

ε = 1.704
Vw/Vw∝ = 1 − 8/(9.87 × e1.704) = 0.853 = 85.3%

The actual plotting of these data is left as an exercise for students, who may also wish
to compare Gardner’s theory with one or more of the other theories extant.
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Drain level
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Fig. 17.6. Idealized succession of water-table positions during drainage of an initially sat-
urated profile.
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EQUATIONS FOR FLOW OF UNCONFINED GROUNDWATER

As stated in Chapters 7 and 8, Darcy’s law alone is sufficient to describe
only steady-flow processes. For unsteady flow, Darcy’s law must be combined
with the mass conservation law to obtain the general flow equation. For
homogeneous isotropic media, the equation takes the form (de Wiest, 1969)

(17.13)

where qx, qy, and qz are the fluxes in the x, y, and z directions, respectively,
θ is wetness, t is time, K is conductivity, and H is hydraulic head. In a satu-
rated, stable medium, there is no change of wetness (water content) with time,
and we obtain

(17.14)

where Ks is the saturated conductivity. Since Ks is not zero, it follows that

(17.15)

This is known as the Laplace equation. The expression ∂2/∂x2 + ∂2/∂y2 +
∂2/∂z2, or in vector notation ∇2, is known as the Laplacian operator.
Accordingly, we can write Laplace’s equation ∇2H = 0. If, instead of using
Cartesian coordinates (x, y, z), we cast Eq. (17.15) into cylindrical coordinates
(r, α, z), we obtain

(17.16)

Laplace’s equation also applies to systems other than fluid flow in porous
media, that is, to flow of heat in solids and of electricity in electrical conductors.
Solutions for boundary conditions appropriate to such systems, some of which
are also applicable to soil-water flow, are given by Carslaw and Jaeger (1959).

The direct analytical solution of Laplace’s equation for conditions pertinent
to groundwater flow is generally not possible. Therefore, it is often necessary
to resort to approximate or indirect methods of analysis. Where flow is
restricted to two dimensions, the equation becomes

∂2H/∂x2 + ∂2H/∂y2 = 0 (17.17)

which is more readily soluble (Childs, 1969; Domenico, 1972).
In the solution of problems relating to unconfined groundwater flow toward

a shallow sink (a drainage tube or ditch), it is often convenient to employ the
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Dupuit–Forchheimer assumptions (Kirkham, 1967) that, in a system of gravity
flow toward a shallow sink, all the flow is horizontal and that the velocity at
each point is proportional to the slope of the water table but independent of
depth. Though these assumptions are obviously not correct in the strict sense
and can in some cases lead to anomalous results, they often provide feasible
solutions in a form simpler than obtainable by rigorous analysis.

DRAINAGE OF SHALLOW GROUNDWATER

The term drainage can be used in a general sense to denote outflow of water
from soil. More specifically, it can serve to describe the artificial removal of
excess water or the set of management practices designed to prevent the occur-
rence of excess water (E. Farr and Henderson, 1986). The removal of free
water tending to accumulate over the soil surface by appropriately shaping the
land is termed surface drainage and is outside the scope of our present discus-
sion. Finally, groundwater drainage refers to the outflow or artificial removal
of excess water from within the soil, generally by lowering the water table or
by preventing its rise.

Soil saturation per se is not necessarily harmful to plants. The roots of many
plants can thrive in water, provided it is free of toxic substances and contains
sufficient oxygen to allow normal respiration. Plant roots must respire con-
stantly, and most terrestrial plants are unable to transfer the required flux of
oxygen from their canopies to their roots. The problem is that water in a sat-
urated soil seldom can provide sufficient oxygen for root respiration. Excess
water in the soil tends to block soil pores and thus retard aeration and in effect
strangulate the roots.

In waterlogged soils, gas exchange with the atmosphere is restricted to the
surface zone of the soil, while within the profile proper, oxygen may be almost
totally absent and carbon dioxide may accumulate. Under anaerobic condi-
tions, various substances are reduced from their normally oxidized states.
Toxic concentrations of ferrous, sulfide, and manganous ions can develop.
These, in combination with products of the anaerobic decomposition of
organic matter (e.g., methane) can greatly inhibit plant growth. At the same
time, nitrification is prevented, and various plant and root diseases (especially
fungal) are more prevalent.

The occurrence of a high water table may not always be clearly evident at
the very surface, which may be deceptively dry even while the soil is com-
pletely waterlogged just below the surface zone. Where the effective rooting
depth is thus restricted, plants may suffer not only from lack of oxygen in
the soil but also from lack of nutrients. If the water table drops periodically,
shallow-rooted plants growing in waterlogged soils may even, paradoxically,
suffer from occasional lack of water, especially when the transpirational
demand is very high.

High moisture conditions at or near the soil surface make the soil suscep-
tible to compaction by animal and machinery traffic. Necessary operations
(e.g., tillage, planting, spraying, and harvesting) are thwarted by poor traffi-
cability (i.e., the ability of the ground to support vehicular traffic and to pro-
vide the necessary traction for locomotion). Tractors are bogged down and
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cultivation tools are clogged by the soft, sticky, wet soil. Furthermore, the sur-
face zone of a wet soil does not warm up readily at springtime, owing to
greater thermal inertia and downward conduction and to loss of latent heat
via the higher evaporation rate. Consequently, germination and early seedling
growth are retarded.

In a warm climate, the evaporation rate and, hence, the hazard of salinity
are likely to be greater than in a cool climate. The process of evaporation
inevitably results in the deposition of salts at or near the soil surface, and these
salts can be removed and prevented from accumulating only if the water table
remains deep enough to permit leaching without subsequent resalination
through capillary rise of the groundwater (see Chapter 9). Irrigated lands, even
in arid regions, frequently require drainage. In fact, irrigation without
drainage is, more often than not, unsustainable (Hillel, 2000).

In large areas, therefore, drainage is required for the long-term maintenance
of soil productivity. Irrigated agriculture cannot long be sustained in many arid
regions unless drainage is provided for salinity control as well as for effective
soil aeration. On the other hand, the presence of a shallow water table in the
soil profile (provided it is not too shallow) can in certain circumstances be ben-
eficial. Where precipitation or irrigation water is scarce, the availability of
groundwater within reach of the roots can supplement the water requirements
of crops. However, to obtain any lasting benefit from the presence of a water
table in the soil, its level and fluctuation must be controlled.

DRAINAGE DESIGN EQUATIONS

Various equations, empirically or theoretically based, have been proposed for
the purpose of determining the desirable depths and spacings of drain pipes or
ditches in different soil and groundwater conditions. Since field conditions are
often complex and highly variable, these equations are generally based on
assumptions that idealize and simplify the flow system. The available equa-
tions are therefore approximations that should not be applied blindly. Rather,
the assumptions must be examined in the light of all information obtainable
concerning the circumstances at hand.

One of the most widely applied equations is that of Hooghoudt (1937),
designed to predict the height of the water table that will prevail under a given
rainfall or irrigation regime when the conductivity of the soil and the depth
and horizontal spacing of the drains are known. This equation, like others of
its type, oversimplifies the real field situation, for it disregards additional fac-
tors affecting groundwater movement, such as soil layering and the variable
rate of evapotranspiration. It is based on the following tacit assumptions:

1. The soil is uniform and of constant hydraulic conductivity.
2. The drains are parallel and equally spaced.
3. The hydraulic gradient at each point beneath the water table is equal to

the slope of the water table above that point.
4. Darcy’s law applies.
5. An impervious layer exists at a finite depth below the drain.
6. The supply of water from above is at a constant flux q.
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To derive the Hooghoudt equation, let us examine flow in a profile section
of a field having a width of one unit and bounded on its sides by two adjacent
drains (tubes or ditches) a distance S apart (Fig. 17.7). Assuming symmetry, we
can draw a vertical midplane between the drains, which will divide flow
toward one drain from flow to the other. Now let us consider flow toward one
of the drains through any arbitrary vertical plane located a distance x from
that drain. The quantity of water passing through this plane per unit time must
be equal to the percolation flux q multiplied by the width from the arbitrary
plane to the midplane between the drains. This width is (S/2 − x). Accordingly,
the horizontal flow per unit time through the arbitrary plane is

(17.18)

The value of Q can also be obtained from Darcy’s law. If we assume the
effective gradient to be equal to the slope of the water table (dh/dx) at the arbi-
trary vertical plane, we get

Q = −Kh (dh/dx) (17.19)

where K is the hydraulic conductivity and h is the height of the water table
above an impervious layer that is assumed to form the “floor” of the flow sys-
tem. Now we can equate the two equations:
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which can be integrated to yield

qSx − qx2 = Kh2 (17.21)

Assuming that at x = 0 (i.e., at the drain), h = da (the height of the drain above
the impervious floor), while at x = S (the midplane), h = H + da (where H is
the maximal height of the water table above the drains), we obtain
Hooghoudt’s equation for the elliptical shape of the water table between
drains:

S2 = (4 KH/q) (2da + H) (17.22)

This equation has been widely used for determining the desirable spacing and
depth of drains needed to maintain the water table below a certain level. That
level, as well as the average infiltration flux and hydraulic conductivity, must
be known a priori. A depth must also be known, or assumed, for the impervi-
ous layer.

In the event that H is negligible compared to da, we can write

Q = −Kda (dH/dx)

Equating this with (17.18), we obtain

Integration yields

qSx − qx2 = 2KHda + constant (17.23)

Since H = 0, at x = 0, the constant of integration is also = 0. Therefore

H = qx(S − x)/2Kda (17.24)

At the midpoint between drains, where x = S, the maximum height Hmax of
the water-table mound

Hmax = qS2/8Kda (17.25)

The height of the rise of the water table between drains is related directly to
the recharging flux q and the square of the distance S between drains and
inversely to the soil’s hydraulic conductivity K.

An equation describing the water-table drop at the midpoint between drains
following an abrupt water-table drop at the drains is the Glover equation
(Smedema and Rycroft, 1983):

S2 = (π2Khi, ave t/fd) ln(4Hi/πH) (17.26)

Here hi,ave is the average initial depth of the water-bearing stratum, fd is the
assumed drainable porosity, Hi is the initial height of the midpoint water table
above the drains, and H is the height at any time t.

The ranges of depth and spacing generally used for the placement of drains
in field practice are shown in Table 17.1. 

In Holland, the country with the most experience in drainage, common cri-
teria for drainage are to provide for the removal of about 7 mm/day and to
prevent a water-table rise above 0.5 m from the soil surface. In more arid
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regions, because of the greater evaporation rate and groundwater salinity, the
water table must generally be kept much deeper. In the Imperial Valley of
California, the drain depth ranges from 1.5 to 3 m and the water-table depth
midway between drains is about 1.20 m. For medium- and fine-textured soils
the depth should be greater still where the salinity risk is high. Since there is a
practical limit to the depth of drain placement, it is the density of drain spac-
ing that must be increased under such circumstances. Setting parallel drainage
lines closer together is an alternative way to ensure that their drawdown
curves will be deeper at the midpoint between adjacent lines.

TABLE 17.1 Prevalent Depths and Spacings of Drainage Tubes in
Various Soil Types

Hydraulic conductivity Spacing of drains Depth of drains
Soil type (m/day) (m) (m)

Clay 1.5 10–20 1–1.5
Clay loam 1.5–5 15–25 1–1.5
Loam 5–20 20–35 1–1.5
Fine, sandy loam 20–65 30–40 1–1.5
Sandy loam 65–125 30–70 1–2
Peat 125–250 30–100 1–2

Sample Problem

Use the Hooghoudt equation to compare the necessary drain spacings S for two soils
with hydraulic conductivity K values of 10−6 and 10−7 m/sec. Assume the allowable max-
imum water-table mound Hmax to be 1 m above the drains, which are 2 m (da) above
an impervious stratum. Total rainfall is 1200 mm and total evapotranspiration 1000 mm
during a 6-month growing season.

Recall Eq. (17.25):

Hmax = qS2/8Kda

which we can solve for S:

S = (8KdaHmax/q)0.5

where q is average percolation flux. Substituting the given values, we have:

For Soil A,

S = [(8 × 10−6m/sec × 2 m × 1 m)/(0.2 m/15,760,000 sec)]0.5

in which the number of seconds by which we divide the denominator represents a
6-month period. Hence,

S = 35.5 m

For Soil B,

S = [(8 × 10−7 m/sec × 2 m × 1 m)/(0.2 m/15,760,000 sec)]0.5 = 11.23 m
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GROUNDWATER POLLUTION

As already stated, the excess of infiltration over evapotranspiration nor-
mally flows downward, eventually reaching the water table and contributing
to groundwater recharge (Gee and Hillel, 1988). If the infiltrated water con-
tains solutes that are not extracted by plants, reacted or retained in the soil, or
volatilized into the atmosphere (or if the percolating water picks up additional
solutes en route through the soil), such solutes may contribute to groundwater
pollution.

Nitrates

Prominent among the soluble components that may lead to groundwater
pollution are the nitrates. They are, as a rule, highly soluble and are not
retained by the soil’s exchange complex. Nitrates may form in situ by the
decomposition of organic matter in well-aerated soils or may be added to the
soil as fertilizers. Nitrates may also be removed from the soil by plants (for
which nitrogen in soluble form constitutes an essential nutrient), or they may
decompose microbially in a process known as denitrification, which reduces
the nitrogen to a gaseous form that may escape the soil by diffusion to the free
atmosphere.

If soil-formed or soil-borne nitrogen migrates to bodies of water (streams
and lakes), it may cause the eutrophication (i.e., the nutrient enrichment) of
water bodies, leading to the proliferation of algae and the oxygen deprivation
of numerous species of fish. Finally, if nitrates accumulate in groundwater,
they may render the water unsuitable for drinking. Excessive concentrations of
nitrates in the water given to babies (mixed into their formula) have been
blamed for methemoglobinemia (the so-called “blue baby” syndrome), an
abnormality of the blood that impairs its ability to convey oxygen.

In well-aerated soils, nitrogen-containing compounds such as plant residues
and animal manures are oxidized to form nitrates. Human household wastes
applied to the soil (as in septic tanks, leaching fields, and “sanitary” landfills)
further contribute nitrates. The liberal and often excessive application of
nitrogenous fertilizers in agriculture also adds to the nitrate pollution of
groundwater. Additional important sources are cattle and poultry feedlots,
typically located in the vicinity of large cities. Such centers are based on
importing feed from extensive and sometimes distant areas, and hence thay
tend to concentrate the resulting wastes in population centers, just where
groundwater constitutes a major source of drinking water.

Although nitrates move readily through the soil and subsoil, the full effect
of their migration on groundwater quality may not be felt for quite a while.
That is because of the large volume of dilution within the groundwater aquifer.
Moreover, in many cases the water table is quite deep, so the time needed to
reach it is long.

The amounts of nitrates already en route to the water table may be such as
to cause significant pollution eventually. Well below the root zone, nitrates are
no longer subject to degradation and remain essentially stable as they migrate
toward the water table. It may take years or even decades to arrive, but even-
tually they will. The disconcerting prospect is that even if further contributions
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of nitrates to deep percolation are avoided (as they should be), the process of
nitrate addition to groundwater will inevitably continue for some time, due to
prior sources that are beyond reach and hence beyond remedy.

As an example, let us assume that the excess of infiltration over evapotran-
spiration is, say, 100 mm per year. Averaged over time, that would then dic-
tate the average flux leaving the root zone and moving more or less steadily
through the vadose zone toward the water table. The average velocity of that
movement can be estimated by dividing the net average flux (qave) by the volu-
metric wetness θ of the vadose zone:

vave = qave/θ (17.27)

Nitrates are subject to various processes in the biologically active zone of
the soil, including uptake by roots and denitrification by microorganisms.
The latter process occurs in ill-drained soils. Even in apparently well-drained
soils, however, the interiors of dense clods may remain anoxic long enough to
produce conditions favorable to biochemical reduction, especially denitrifica-
tion. However, denitrification requires the presence of carbon as an energy
source. In its absence, denitrification ceases, even though the soil may be
water-logged.

Pesticides

Agricultural pesticides comprise a large and varied group of compounds,
applied in the field in a constant effort to control infestations by so-called
“pests” — namely, weeds, insects, nematodes, fungi, etc. An agricultural field
is, after all, an artificially delineated tract where farmers generally try to eradi-
cate the preexisting community of plants and animals in order to grow domes-
ticated plants not capable of surviving in the natural environment. Since most
fields remain open areas not isolated from their surroundings, nature’s variety
of plants and animals, oblivious to being tagged pests, continually try to rein-
vade their stolen domain. Hence the farmers fight against them is a never-end-
ing one.

Many of the modern pesticides are synthetic compounds that are xenobi-
otic (foreign to natural ecosystems) and hence resistant to chemical and bio-
logical degradation and highly persistent. Their toxicity is usually not confined
to the target pests, so pesticide applications in the field generally leave residues
that may be highly mobile. They may enter the food chain and produce unin-
tended and unexpected (often harmful) effects on nontarget organisms. If sol-
uble, such residues are carried to surface bodies of water as well as to
groundwater.

In recent years, awareness has grown of the hazards posed to the larger
environment by the wanton use of persistent broad-spectrum pesticides.
Consequently, efforts are being made to produce pesticides that are more spe-
cific and that break down rapidly after serving their purpose. Additional
efforts are being made to use biological control agents (natural enemies of the
pest organisms) instead of, on in conjunction with, the chemical pesticides.
This practice, known as integrated pest management, has been gaining increas-
ing acceptance. Even so, chemical pesticides are still in widespread and per-
haps excessive use and pose a threat of groundwater pollution.
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Petroleum Products

Numerous petroleum products are used in industrial countries as fuels (for
machines of all sorts and for generating electricity), as raw materials for syn-
thesizing plastics, and as lubricants. Such products may be applied to the soil
either deliberately or inadvertently. Thousands of underground fuel tanks, for
instance, leak part of their contents (e.g., gasoline and fuel oil) into the sub-
soil, from whence such materials may migrate to and pollute the groundwater
below. Although they contain volatile as well as soluble components, as a class
these products are known as non-aqueous-phase liquids (NAPLs).

In large part, NAPLs are immiscible in water. The modes of their movement
and interactions with the water phase in the soil’s pores are complex processes
that constitute an active area of research at present (Dracos, 1987;
Corapciouglu and Baehr, 1987). As water and NAPLs move simultaneously,
their interface seldom constitutes a neat plane, and since water is generally the
wetting liquid and is often (though not always) of lower viscosity, it tends to
displace and bypass masses of NAPLs, which thereby remain trapped in the
soil as discontinuous pockets or globules. Efforts have been made to remedi-
ate NAPL-contaminated soils and groundwater aquifers by venting the
medium so as to drive off the volatile fractions of light NAPLs (e.g., gasoline),
by introducing microbes to decompose the contaminants, by emulsifying the
heavier residues in water with the aid of detergents, and by filtering the con-
taminated water prior to its use R. S. Baker, 1998.

Other Toxic Chemicals

The toxic wastes of innumerable industrial processes are disposed of in the
ground, whether legally or illegally, openly or surreptitiously. The eventual fate of
such compounds depends on their nature, on the type of soil in which they are
placed, on the prevailing climate, and — of course — on the soil-water regime. Of
particular concern are the so-called “heavy metals” (e.g., copper, lead, zinc, cad-
mium, and mercury), which may be present in compound or in elemental form.
There are several sources for these metals, including lead in gasoline, paints, and
various industrial effluents. The ions of such metals may be retained in the soil’s
exchange complex, but since such retention is not permanent the metals may leach
into lakes, rivers, and groundwater, especially under the influence of acid rain.
Among the metals with high toxicity are the cations of mercury (Hg2+), lead
(Pb2+), arsenic, beryllium, boron, cadmium, chromium, copper, nickel, man-
ganese, selenium, silver, tin, and zinc ( R. M. Miller, 1996; Gerba, 1996).

BOX 17.2 On the Role of Macropores

Where macropores exist, a dual-flow regime may occur, consisting of
(1) episodic, rapid spurts of water and water-borne materials via the macropores
to the deeper layers of the subsoil or directly to groundwater; and (2) slow,

continuous (though at a variable rate) conduction of water and solutes through the
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soil matrix, driven by hydraulic gradients that are variously directed (not always verti-
cally downward). The first type of flow is discontinuous in time and may bypass the
greater volume of the soil matrix. The second type of flow is much more persistent. In
this version of the “hare and tortoise” race, the one may predominate over the other,
or vice versa, depending on circumstances.

The pattern of groundwater recharge may thus be bimodal, with a sharp wave of
short duration soon after the start of a rainfall or irrigation event, representing flow
through the open macropores, followed later by a flat wave with a slow rise and even
slower descent, representing flow through the micropores of the soil matrix. And just as
the rates and quantities of the two flows differ, so may differ the transports of different
solutes, including potential pollutants. Recently introduced (“exotic”) solutes may be
conveyed from the surface by the rapid spurts, whereas the solutes present deeper
inside the profile, including those generated within the soil as mineralized products of
organic matter, are conveyed in the second wave.
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18. EVAPORATION FROM
BARE SOIL AND WIND
EROSION

EVAPORATION PROCESSES

Evaporation in the field can take place from plant canopies, from the soil
surface, or, more rarely, from a free-water surface (F. E. Jones, 1991).
Evaporation from plants, called transpiration, is the principal mechanism of
soil-water transfer to the atmosphere when the soil surface is covered with
vegetation. Soil-water uptake and transpiration by plants is, however, the sub-
ject of our next chapter. When the surface is at least partly bare, evaporation
can take place from the soil directly. Since these two interdependent processes
are generally difficult to separate, they are commonly lumped together and
treated as if they were a single process, called evapotranspiration. Some
scientists, however, object to the latter term, believing it to be both cumber-
some and unnecessary; they refer to all processes of vapor transfer to the
atmosphere — from soil and plants alike — as evaporation (Monteith, 1973).

In the absence of vegetation and when the soil surface is subject to radia-
tion and wind effects, evaporation occurs entirely from the soil. This process
is the subject of our present chapter. It is a process that, if uncontrolled, can
involve very considerable losses of water in both irrigated and unirrigated
agriculture. Under annual field crops, the soil surface may remain largely bare
throughout the periods of tillage, planting, germination, and early seedling
growth, periods in which evaporation can deplete the moisture of the surface
soil and thus hamper the growth of young plants during their most vulnera-
ble stage. Rapid drying of a seedbed can thwart germination and thus doom
an entire crop from the outset. The problem can also be acute in young
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orchards, where the soil surface is often kept bare continuously for several
years, as well as in dryland farming in arid zones, where the land is regularly
fallowed for several months to collect and conserve rainwater from one
season to the next.

Evaporation of soil moisture involves not only loss of water but also
the danger of soil saIination. This danger is greatest in arid areas, where
annual rainfall is low, irrigation water is brackish, and the groundwater
table is high.

PHYSICAL CONDITIONS

Three conditions are necessary for evaporation to occur and persist. First,
there must be a continual supply of heat to meet the latent heat requirement
(about 2.5 × 106 J/kg, or 590 cal/g of water evaporated at 15°C). This heat
can come from the body itself, thus causing it to cool, or — as is more
common — it can come from the outside in the form of radiated or advected
energy. Second, the vapor pressure in the atmosphere over the evaporating
body must remain lower than the vapor pressure at the surface of that
body (i.e., there must be a vapor pressure gradient between the body and
the atmosphere), and the vapor must be transported away by diffusion or
convection or both. These two conditions — supply of energy and removal of
vapor — are generally external to the evaporating body and are influenced by
meteorological factors, such as air temperature, humidity, wind velocity,
and radiation, which together determine the atmospheric evaporativity (the
maximal flux at which the atmosphere can vaporize water from a free-water
surface).

The third condition for evaporation to be sustained is that there be a con-
tinual supply of water from or through the interior of the body to the site of
evaporation. This condition depends on the content and potential of water in
the body as well as on its conductive properties, which together determine
the maximal rate at which water can be transmitted to the evaporation site
(usually, the surface). Accordingly, the actual evaporation rate is determined
either by the evaporativity of the atmosphere or by the soil’s own ability to
deliver water (sometimes called the evaporability of soil moisture), whichever
is the lesser (and hence the limiting factor).

If the top layer of soil is initially quite wet, as it typically is at the end of
an infiltration episode, the process of evaporation will generally reduce soil
wetness and thus increase matric suction at the surface. This, in turn, will
cause soil moisture to be drawn upward from the layers below, provided they
are sufficiently moist.

Among the sets of conditions under which evaporation may take place are
the following:

1. A shallow groundwater table may be present within the soil, or it may be
absent (or too deep to affect evaporation). Where a groundwater table occurs
close to the surface, continual flow may take place from the saturated zone
beneath through the unsaturated soil to the surface. If this flow is more or
less steady, continued evaporation can occur without materially changing the
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soil-moisture content (though nonvolatile solutes my accumulate at the
surface). In the absence of shallow groundwater, however, the loss of water at
the surface and the resulting upward flow of water in the profile will neces-
sarily be a transient-state process tending gradually to dry out the soil.

2. The soil profile may be uniform. Alternatively, soil properties may
change gradually in various directions, or the profile may consist of distinct
layers differing in texture or structure.

3. The profile may be shallow, resting on an impervious boundary (e.g.,
bedrock), or it may be deep. If the bottom is deep enough to remain unaffected
by processes at the surface, the profile is called semi-infinite.

4. The flow pattern may be one-dimensional (vertical), or it may be two- or
three-dimensional, as in the presence of vertical cracks forming secondary
evaporation planes.

5. Conditions may be nearly isothermal or strongly nonisothermal. In the
latter case, temperature gradients and the conduction of heat and vapor
through the system may interact with liquid water flow.

6. External environmental conditions may remain constant or fluctuate. The
fluctuations may be regular (diurnal or seasonal) or highly irregular (e.g., spells
of cool or warm weather).

7. Soil-moisture flow may be governed by evaporation alone or by both
evaporation (at the top of the profile) and internal drainage (or redistribution)
down below.

8. The soil may be stable or unstable. For instance, the surface zone may be
compacted denser under traffic or raindrop impact and it may become infused
with salt.

9. The surface may or may not be covered by a layer of mulch (e.g., plant
residues) differing from the soil in hydraulic, thermal, and diffusive properties.

10. Finally, the evaporation process may be continuous over an extended
period or may be interrupted by sporadic episodes of rewetting (e.g., intermittent
rainfall or irrigation).

To be studied systematically, each of these circumstances, as well as others
not listed but perhaps equally relevant, must be formulated in terms of a
specific set of initial and boundary conditions. We now describe a few of
the circumstances under which evaporation of soil moisture may occur. We
begin with a description of capillary rise, which is often a precursor and con-
tributor to the process of salination, especially in the presence of a high water
table.

CAPILLARY RISE FROM A WATER TABLE

The rise of water in the soil from a free-water surface (i.e., a water table)
has been termed capillary rise. This term derives from the capillary model,
which regards the soil as analogous to a bundle of capillary tubes, predomi-
nantly wide in the case of a sandy soil and narrow in the case of a clay soil.
Accordingly, the equation relating the equilibrium height of capillary rise hc to
the radii of the pores is

(18.1)h r gc w= ( cos )/2γ α ρ
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where γ is the surface tension, r is the capillary radius, ρw is the water density,
g is the gravitational acceleration, and α is the wetting angle, normally (though
not always justifiably) taken as zero.

This equation predicts that water will rise higher, though typically less
rapidly, in a clay than in a sand. The reason is that the former soil type
contains narrower pores. However, soil pores are not individual capillary
tubes of uniform or constant radius, and hence the height of capillary rise will
differ in different pores. Above the water table, matric suction will generally
increase with height. Consequently, the number of water-filled pores, and
hence wetness, will diminish in each soil as a function of height. The rate
of capillary rise, that is, the flux, generally decreases with time as the soil is
wetted to greater height and as equilibrium is approached.

The wetting of an initially uniformly dry soil by upward capillary flow,
illustrated in Fig. 18.1, is a rare occurrence in the field. In its initial stages, this
process is similar to infiltration, except that it takes place in the opposite direc-
tion, that is, against the direction of gravity. At later stages of the process, the
flux tends not to a constant value, as in downward infiltration, but to zero.
The reason is that the direction of the gravitational gradient is opposite to the
direction of the matric suction gradient, and when the latter (which is large at
first but decreases with time) approaches the magnitude of the former, the
overall hydraulic gradient approaches zero.

Such an ideal state of static equilibrium between the gravitational head and
the suction head is the exception rather than the rule under field conditions. In
general, the condition of soil water is not static but dynamic — constantly in a
state of flux rather than at rest. Where a water table is present, soil water gen-
erally does not attain equilibrium, even in the absence of vegetation, since the
soil surface is subject to solar radiation and the evaporative demand of the
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Fig. 18.1. The upward infiltration of water from a water table into a dry soil: water content
distribution curves (moisture profiles) for various times (t1 < t2 < t3 < t∞), where t∞ is the profile
after an infinitely long time (equilibrium). Note that the equilibrium curve is in effect the wet-
ting branch of the soil-moisture characteristic. Note also that what is at first a sharp wetting
front, representing the limit of the upward advancing water, gradually becomes diffuse and
ends up as a smooth curve characteristic of the particular soil’s pore size distribution.
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ambient atmosphere. However, if soil and external conditions are constant —
that is, if the soil is of stable structure, the water table is stationary, and atmos-
pheric evaporativity also remains constant (at least approximately) — then, in
time, a steady-state flow situation can develop from water table to atmosphere
via the soil. To be sure, we must hasten to qualify this statement by noting that
in the field the flow regime will at best be a quasi-steady-state flow, since diurnal
fluctuations and other perturbations will prevent attainment of truly stable flow
conditions. Nevertheless, the representation of this process as a steady-state flow
may be a useful approximation from the analytical point of view.

STEADY EVAPORATION IN THE PRESENCE OF A WATER TABLE

Solutions of the flow equation for the steady-state upward flow of water
from a water table through the soil profile to an evaporation zone at the soil
surface were given by several workers, including W. R. Gardner (1958), Ripple
et al. (1972), and Hillel (1977).

The equation describing steady upward flow is

q = K(ψ) (dψ/dz − 1) (18.2)

or

q = D(θ) (dθ/dz) − K(ψ) (18.3)

where q is flux (equal to the evaporation rate under steady-state conditions),
ψ is suction head, K is hydraulic conductivity, D is hydraulic diffusivity, θ is
volumetric wetness, and z is height above the water table. The equation shows
that the flow stops (q = 0) when the suction profile is at equilibrium (dψ/dz = 1).
Another form of Eq. (18.2) is

q/K(ψ) + 1 = dψ/dz (18.4)

Integration should give the relation between depth and suction or wetness:

(18.5)

or

(18.6)

In order to perform the integration in Eq. (18.5), we must know the
functional relation between K and ψ, that is, K(ψ). Similarly, the functions
D(θ) and K(θ) must be known if Eq. (18.6) is to be integrated. An empirical
equation for K(ψ), given by W. R. Gardner (1958), is

K(ψ) = a(ψn + b)−1 (18.7)

where parameters a, b, n are constants that must be determined for each soil.
In this formulation, the suction head ψ is expressed in terms of centimeters.
Accordingly, Eq. (18.2) becomes

e = q = a(dψ/dz − 1)/(ψn + b) (18.8)

where e is the evaporation rate.
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With Eq. (18.7), Eq. (18.5) can be used to obtain suction distributions with
height for different fluxes as well as fluxes for different surface-suction
values. The theoretical solution is shown graphically in Fig. 18.2 for a fine
sandy loam soil with an n value of 3. The curves show that the steady rate of
capillary rise and evaporation depends on the depth of the water table and on
the suction at the soil surface. This suction is dictated largely by the external
conditions: The greater the atmospheric evaporativity, the greater the suction
at the soil surface on which the atmosphere is acting. However, increasing the
suction at the soil surface, even to the extent of making it infinite, can
increase the flux through the soil only up to an asymptotic maximal rate,
which depends on the depth of the water table. Even the driest and most
evaporative atmosphere cannot steadily extract water from the surface any
faster than the soil profile can transmit from the water table to that surface.
The fact that the soil profile can limit the rate of evaporation is a remarkable
and useful feature of the unsaturated flow system. The maximal transmitting
ability of the profile depends on the hydraulic conductivity of the soil in
relation to the suction, K(ψ).

Disregarding constant b of Eq. (18.7), W. R. Gardner (1958) obtained the
function

qmax = Aa/dn (18.9)

where d is the depth of the water table below the soil surface and a and n are
constants from Eq. (18.7), A is a constant that depends on n, and qmax is
the limiting (maximal) rate at which the soil can transmit water from the water
table to the evaporation zone at the surface.
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Fig. 18.2. Steady upward flow and evaporation from a water table as a function of the
suction prevailing at the soil surface, with the water table at a depth of: (a) 90 cm, (b) 120 cm,
(c) 180 cm. The soil is a fine sandy loam, with n = 3. (After W. R. Gardner, 1958.)
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We can now see how the actual steady evaporation rate is determined either
by the external evaporativity or by the water-transmitting properties of the
soil, depending on which of the two is lower and therefore limiting. Where
the water table is near the surface, the suction at the soil surface is low and the
evaporation rate is dictated by external conditions. However, as the water
table deepens and as the suction at the soil surface increases, the evaporation
rate approaches a limiting value regardless of how high external evaporativity
may be.

Equation (18.9) suggests that the maximal evaporation rate decreases
with water-table depth most steeply in coarse-textured soils (in which
parameter n is greater because the conductivity falls off more steeply with
increasing suction than in clayey soils). Nevertheless, a sandy loam soil can
still evaporate water at an appreciable rate (Fig. 18.2), even when the water
table is as deep as 1.80 m. Figure 18.3 illustrates the effect of texture on the
evaporation rate.

A flexible treatment of steady-state evaporation, based on numerical
methods of solution, was developed by Ripple et al. (1972). Their results
are illustrated in Figs. 18.4 and 18.5. Their procedure makes it possible to
estimate the steady-state evaporation from bare soils (including layered
ones) with a high water table. The required data include soil-moisture
characteristic curves, water-table depth, and standard records of air tem-
perature, air humidity, and wind speed. The theory takes into account both
the relevant atmospheric factors and the soil’s capability to transmit water
in liquid and vapor forms. The possible effects of thermally induced water
transfer (except in the vapor phase) and of salt accumulation at the surface
are additional factors yet to be fully taken into account. More recent solu-
tions for steady-state evaporation from a shallow water table were given by
Warrick (1988).
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Fig. 18.3. Theoretical relation between evaporation rate from coarse- and medium-textured
soils (water-table depth 60 cm) and evaporation rate from free-water surface. (After W. R.
Gardner, 1958.)
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Fig. 18.4. Dependence of relative evaporation rates e/epot on the potential evaporation
rate for a clay soil. Numbers at curves indicate the depth to the water table, in centimeters.
(After Ripple et al., 1972.)
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Fig. 18.5. Influence of layering on the relation between the evaporation rate and the depth
to the water table. Limiting curves of soil-water evaporation are shown for a homogeneous soil
(A), a two-layer soil with upper-layer thickness of either 3 cm (B) or 10 cm (C), and a three-layer
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Sample Problem

The potential rate of evaporation from a saturated uniform soil with a high water table
is 9 mm per day. Prior studies have shown that the soil’s behavior conforms to
Eq. (18.9). The parameters of this equation are cast in terms of centimeters, with the
composite coefficient Aa = 4.88 cm2/sec and the exponential constant n = 3. Estimate
the threshold depth beyond which the water table must be lowered if evaporation is to
be reduced and the water-table depth at which the evaporation rate will fall to 10% of
the potential rate. Assume steady-state conditions. Plot the expectable daily evaporation
rate as a function of water-table depth.



EVAPORATION IN THE ABSENCE OF A WATER TABLE 345

EVAPORATION IN THE ABSENCE OF A WATER TABLE

Steady evaporation from soils is not a widespread occurrence, since, even where
a high water table exists, neither its depth nor external conditions can remain
constant for very long. More commonly, soil-moisture evaporation occurs
under unsteady conditions and results in a net loss of water from the soil; that
is, it results in drying. The process of drying involves considerable losses of soil
moisture, especially in arid regions, where these losses can amount to 50% or
more of total precipitation. In this section, we consider the drying of initially
wetted soil profiles that do not contain a water table anywhere near enough to
the surface to affect the evaporation process appreciably.

We begin once again by assuming that external conditions, and hence atmos-
pheric evaporativity, are constant. Under such conditions, the soil-drying
process has been observed to occur in three recognizable stages:

1. An initial, so-called constant-rate stage, which occurs early in the
process, while the soil is wet and conductive enough to supply water to the site
of evaporation at a rate commensurate with the evaporative demand imposed

We begin with Eq. (18.9), which, according to W. R. Gardner (1958) estimates the
maximal evaporation rate possible from a soil with a high water table:

qmax = Aa/dn

where d is depth of the water table below the soil surface. Accordingly, the maximal
depth of the water table still capable of supplying the surface with the steady flux
needed to sustain the potential evaporation rate is

d = (Aa/qmax)1/n = (4.88 cm2/sec)/[(0.9 cm/day)/(86,400 sec/day)]1/n = 77.7 cm

Note that any water-table position higher than −77.7 cm would seem to allow a flux
greater than the climatically determined potential rate; hence for a shallow water
table the actual evaporation rate is flux controlled at the surface. For deeper water-table
conditions, however, it becomes profile controlled.

To calculate the water-table depth for which q will be 10% of the potential rate, we
can write

To plot the qmax versus d curve, we obtain the following data:

From d = 0 to d = 77.7 cm, qmax = 0.90 cm/day
At d = 80 cm, qmax = 4.88/803 = 0.82 cm/day
At d = 100 cm, qmax = 4.88/1003 = 0.42 cm/day
At d = 150 cm, qmax = 4.88/1503 = 0.12 cm/day
At d = 200 cm, qmax = 4.88/2003 = 0.05 cm/day
At d = 250 cm, qmax = 4.88/2503 = 0.027 cm/day

The actual plotting of these data is left to the enterprising student.
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by the atmosphere. During this stage, the evaporation rate is limited by, and
hence also controlled by, external meteorological conditions (i.e., radiation,
wind, air temperature and humidity, etc.) rather than by the properties of the
soil profile. As such, this stage, being weather controlled, is analogous to the
flux-controlled stage of infiltration (in contrast with the profile-controlled
stage; see discussion of rain infiltration in Chapter 14). The evaporation rate
during this stage might also be influenced by soil surface conditions, including
surface reflectivity and the possible presence of a mulch, insofar as these can
modify the effect of the meteorological factors acting on the soil. In a dry
climate, this stage of evaporation is generally brief and may last only a few
hours to a few days. (Note: the term constant-rate stage of evaporation really
makes sense only in connection with laboratory experiments under constant
evaporativity, whereas in natural conditions evaporativity varies continually,
due to changes in the intensity of incoming radiation during the day–night
cycle.)

2. An intermediate falling-rate stage, during which the evaporation rate
falls progressively below the potential rate (the atmospheric evaporativity).
At this stage, the evaporation rate is limited or dictated by the rate at which
the gradually drying soil profile can deliver moisture toward the evaporation
zone. Hence it can also be called the profile-controlled stage. This stage may
persist for a much longer period than the first stage.

3. A residual slow-rate stage, which is established eventually and which
may persist at a nearly steady rate for many days, weeks, or even months.
This stage apparently comes about after the surface zone has become so
desiccated that further conduction of liquid water through it effectively
ceases. Water transmission through the desiccated layer thereafter occurs
primarily by the slow process of vapor diffusion, and it is affected by the
vapor diffusivity of the dried surface zone and by the adsorptive forces
acting over molecular distances at the particle surfaces. This stage is called
the vapor-diffusion stage and can be important where the surface layer
becomes quickly desiccated (e.g., if the surface consists of a loose assemblage
of clods).

Whereas the transition from the first to the second stage is generally a sharp
one, the second stage generally blends into the third stage so gradually that the
last two cannot be separated easily. A qualitative explanation for the occur-
rence of these stages follows.

During the initial stage, the soil surface gradually dries and soil moisture
is drawn upward in response to steepening evaporation-induced gradients.
The rate of evaporation can remain nearly constant as long as the moisture
gradients toward the surface compensate for the decreasing hydraulic con-
ductivity (resulting from the diminishing water content of the surface zone).
We can restate this in terms of Darcy’s law, q = K(dψ/dz), by noting that the
flux q remains constant because the gradient dψ/dz increases sufficiently to
offset the decrease of K. Sooner or later, however, the soil surface
approaches equilibrium with the overlying atmosphere (i.e., becomes more
or less air dry). From this moment on, the suction gradients toward the
surface cannot increase any more and, in fact, must begin to decrease as the
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soil in depth loses more and more moisture. Since, as the evaporation
process continues, both the gradients and the conductivities at each depth
near the surface tend to diminish simultaneously, it follows that the flux
toward the surface and the evaporation rate inevitably diminish as well. As
shown in Fig. 18.6, the end of the first (i.e., the beginning of the second)
stage of drying can occur rather abruptly. The pattern of evaporation under
different evaporative conditions is also shown in terms of cumulative evap-
oration in Fig. 18.7.

The tendency of the moisture gradients toward the soil surface to become
steeper during the first stage of the process, as the surface becomes progres-
sively drier, and their tendency to become less and less steep during the second
stage, after the surface has dried to its final “air-dry” value, is illustrated in
Fig. 18.8. Continuation of the evaporation process for a prolonged period
is sometimes accompanied by the downward movement into the profile of
a “drying front” (van Keulen and Hillel, 1974) and the development of a
distinct desiccated zone (Hillel, 1977), through which water can move from
the still-moist underlying layers only by vapor diffusion.

E
va

po
ra

tio
n 

ra
te

1

2

3

4

(a)

Time Time

(b)

I II III

Fig. 18.6. (a) Evaporation rate versus time under different evaporativities (curves 1–4 in
order of decreasing initial evaporation rate); and (b) relation of relative evaporation rate (actual
rate as a fraction of the potential rate) versus time, indicating the three stages of the drying
process.

C
um

ul
at

iv
e 

ev
op

ar
tio

n

1

2

3

4

Time

Fig. 18.7. Relation of cumulative evaporation to time (curves 1–4 are in order of decreasing
initial evaporation rate).



348 CHAPTER 18 EVAPORATION FROM BARE SOIL AND WIND EROSION

The length of time the initial stage of drying lasts depends on the intensity
of the meteorological factors that determine atmospheric evaporativity as well
as on the depth and the conductive properties of the soil itself. Under similar
external conditions, the first stage of drying is sustained longer in a clayey than
in a sandy soil, since clayey soils retain higher wetness and conductivity values
because suction develops in the upper zone.

For a semi-infinite soil column subject to infinite initial evaporativity at
the surface, neglecting gravity, W. R. Gardner and Hillel (1962) provided
the following solution for the cumulative evaporation E, indicating a linear
dependence on the square root of time:

(18.10)

The evaporative flux e, which is the time derivative of E, is thus inversely
proportional to the square root of time:

(18.11)

W. R. Gardner and Hillel (1962) used a different formulation to predict the rate
of evaporation from finite-length columns during the decreasing-rate stage of
drying:

e = −dW/dt = D(θave)Wπ2/4L2 (18.12)

where θave is the average volumetric wetness obtained by dividing the total
water content of the soil W by the depth of wetting L and D(θ) is the known
diffusivity function. The cumulative evaporation can be obtained by integrat-
ing Eq. (18.12) with respect to time.

The use of computer-based simulation techniques in the analysis of drying
processes under various initial and boundary conditions was demonstrated by
Hanks and Gardner (1965), Hillel (1977), and Campbell (1985).

e dE dt D t= = −/ ( ) /θ θ πi f

E Dt= −2( ) /θ θ πi f
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Fig. 18.8. The changing moisture profile in a drying soil: (a) The first stage, during which
the gradients toward the surface become steeper until the surface becomes air dry. (b) The
second stage, in which the moisture gradients decrease as the deeper layers lose moisture by
continued upward movement.
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THE “DRYING-FRONT” PHENOMENON

An interesting phenomenon is the possible development of what might be
called a “drying-front,” which moves downward into the soil as the drying
process progresses. Such a front may be discerned from the inflection of the

Sample Problem

Calculate the 10-day course of evaporation and evaporation rate during the drying
process of an infinitely deep, initially saturated, uniform column of soil subjected to an
infinitely high evaporativity. Assume the initial volume wetness θi to be 48%, the air-dry
value θf to be 3%, and the weighted mean diffusivity to be 104 mm2/day.

The problem posed can be solved approximately by use of Eq. (18.10):

E = 2(θi − θf)(Dt/π)1/2

where E is cumulative evaporation. We now solve successively for days 1, 2, 3, etc., to
obtain the time course of cumulative evaporation. Thus:

After day 1, E = 2(0.48 − 0.03)(10,000 × 1/3.1416)1/2 = 50.8 mm
After day 2, E = 2 × 0.45(10,000 × 2/3.1416)1/2 = 71.8 mm
After day 3, E = 2 × 0.45(10,000 × 3/3.1416)1/2 = 88.0 mm
After day 4, E = 2 × 0.45(10,000 × 4/3.1416)1/2 = 101.6 mm
After day 5, E = 2 × 0.45(10,000 × 5/3.1416)1/2 = 113.6 mm
After day 6, E = 2 × 0.45(10,000 × 6/3.1416)1/2 = 124.4 mm
After day 7, E = 2 × 0.45(10,000 × 7/3.1416)1/2 = 134.4 mm
After day 8, E = 2 × 0.45(10,000 × 8/3.1416)1/2 = 143.7 mm
After day 9, E = 2 × 0.45(10,000 × 9/3.1416)1/2 = 152.4 mm
After day 10, E = 2 × 0.45(10,000 × 10/3.1416)1/2 = 160.6 mm

To estimate the mean evaporation for each day, we calculate the midday rate using
Eq. (18.11):

Midday 1, e = 0.45(10,000/0.5π)1/2 = 35.9 mm/day
Midday 2, e = 0.45(10,000/1.5π)1/2 = 20.7 mm/day
Midday 3, e = 0.45(10,000/2.5π)1/2 = 16.0 mm/day
Midday 4, e = 0.45(10,000/3.5π)1/2 = 13.6 mm/day
Midday 5, e = 0.45(10,000/4.5π)1/2 = 12.0 mm/day
Midday 6, e = 0.45(10,000/5.5π)1/2 = 10.8 mm/day
Midday 7, e = 0.45(10,000/6.5π)1/2 = 10.0 mm/day
Midday 8, e = 0.45(10,000/7.5π)1/2 = 9.3 mm/day
Midday 9, e = 0.45(10,000/8.5π )1/2 = 8.7 mm/day
Midday 10, e = 0.45(10,000/9.5π)1/2 = 8.2 mm/day

Note: The sum of daily rates thus estimated does not equal cumulative evaporation
for the 10-day period, since the midday rates calculated for the first three days (when
the rate descends steeply as a function of time) underestimate the effective mean rates.
Moreover, representing a continuously drying system in terms of a single “weighted
mean diffusivity” is itself an oversimplification. More realistic treatment, however,
requires more complex mathematics.

e dE/dt= = −( ) /θ θ πi f D t
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soil-moisture profile. This curve (Fig. 18.9) is usually convex along its entire
length at first, but may eventually become concave in its upper part. It appears
that this inflection results from the soil’s diffusivity versus wetness function.

The hydraulic diffusivity for liquid water is known to decrease exponentially
with a decrease in the soil’s volumetric wetness. However, though the liquid
diffusivity falls, the vapor diffusivity rises as the soil dries, so the overall diffu-
sivity often indicates a minimum at some low value of wetness beyond which
further drying results in an increase, rather than further decrease, of diffusivity.
This phenomenon was pointed out by Philip (1974; see Fig. 18.10). Its possible
effect on the drying process and the shape of the moisture profile in the surface
zone was analyzed by van Keulen and Hillel (1974). Their work showed that a
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Fig. 18.9. Development of a drying front and its movement into the soil during the course
of soil-moisture evaporation (hypothetical). Note that t1, t2, t3, etc., represent the soil-moisture
profile at (initially uniform) progressively later stages of the drying process.
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“hooked” diffusivity function (i.e., D rising with decreasing θ in the dry range)
does indeed result in an inflected soil-moisture profile and in the development
of what might be called a “drying front.”

Sample Problem

Consider the drying of a uniform soil wetted to a depth of 1 m, at which an impervious
horizon exists, allowing no drainage. The initial volume wetness is 24%, and the initial
diffusivity is 4 × 104 mm2/day. Assume a diffusivity function of the type D = a exp bθ,
where a = 12 and b = 20. Estimate the evaporation rate as it varies during the first
10 days of the drying process, under an evaporativity of 12 mm/day.

The case described can be represented by the finite-column model of Gardner and
Hillel

e = −dW/dt = D(θm)Wπ2/4L2

where e is the evaporation rate (mm/day), W is the total profile water content (mm),
t is time (days), D is diffusivity (mm2/day, a function of mean wetness θm), and L is the
length of the wetted profile (mm). The mean wetness θm is related to total profile water
content W by

θm = W/L or W = Lθm

Substituting the appropriate values into our equation, we calculate the first day’s
evaporation rate:

e1 = [(4 × 104 mm2/day) × (0.24 × 103 mm) × 9.87]/4 × 106 mm2 = 23.7 mm/day

This is much greater than the evaporativity, which is “only” 12 mm/day. Hence we
assume that the evaporation rate is at first controlled by, and equal to, the evaporativity.
So we deduct 12 mm from the water content of the profile and proceed to calculate the
second day’s evaporation rate.

Our total profile water content W is now 240 minus 12 mm (the first day’s eva-
poration) = 228 mm, and our new θ = 228/1000 = 0.228 (22.8%). The new value of 
D = 12e20×0.223 = 2.38 × 104 mm2/day. The second day’s evaporation rate is

e2 = [(2.38 × 104 mm2/day) × 228 mm × 9.87]/4 × 106 mm2 = 13.4 mm

This is still higher than the potential evaporation rate (the evaporativity), hence we once
again deduct 12 mm from the water content and proceed to calculate the third
day’s evaporation rate, updating our variables as follows: W = 228 − 12 mm = 216 mm,
θ = 216/1000 = 0.216, and D = 12e20×0.216 = 9 × 103 mm2/day.

e3 = [(9 × 103 mm2/day) × 216 mm × 9.87]/4 × 106 mm2 = 4.8 mm

This evaporation rate is less than the evaporativity, so we conclude that the first stage of
the process has ended and the falling-rate, profile-controlled phase has begun.

Toward the fourth day’s events we calculate that

W = 216 − 4.8 = 211.2 mm

θ = 211.2/1000 = 0.2112

D = 12e20×0.2112 = 8.2 × 103 mm2/day

e4 = [(8.2 × 103 mm2/day) × 211.2 mm × 9.87]/4 × 106 mm2 = 4.3 mm
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DIURNAL FLUCTUATIONS OF TOP LAYER MOISTURE 
AND HYSTERESIS EFFECTS

The foregoing treatments of the evaporation process were based on the
precept that the soil surface is subjected to a constant, meteorologically
induced, evaporativity, which dictates the potential evaporation rate. In nature,
however, evaporativity is not constant but variable. It fluctuates diurnally and
varies from day to day, so it may become difficult to discern the stages defined
in our preceding sections. The resulting course of evaporation may not be
described accurately by a simplistic theory based on the assumption of constant
evaporativity.

Detailed experimental observations by R. D. Jackson (1973) and R. D.
Jackson et al. (1973) showed that the surface-zone soil moisture content
fluctuates in accord with the diurnal fluctuation of evaporativity. The soil
surface dries during daytime and rewets during nighttime by sorption from
the moister layers beneath (see Fig. 18.11). This pattern was found in a layer
of soil several centimeters thick. The amplitude of the diurnal fluctuation of
moisture tends to diminish with depth and time, and the daily maxima and
minima exhibit an increasing phase lag at greater depths. Because of the high
evaporativity in midday, the surface evidently desiccates sooner than it

Updating: W = 211.2 − 4.3 = 206.9 mm, θ = 0.207, D = 12e20×0.207 = 7.5 × 103

mm2/day.

e5 = [(7.5 × 103 mm2/day) × 206.9 mm × 9.87]/4 × 106 mm2 = 3.8 mm

Now W = 206.9 − 3.8 = 203.1, θ = 0.2031, D = 12e20×0.203l = 7.0 × 103 mm2/day.

e6 = [(7.0 × 103 mm2/day) × 203.1 mm × 9.87]/4 × 106 mm2 = 3.5 mm

Now W = 203.1 − 3.5 = 199.6, θ = 0.1996, D = 12e20×0.1996 = 6.5 × 103 mm2/day.

e7 = [(6.5 × 103 mm2/day) × 199.6 mm × 9.87]/4 × 106 mm2 = 3.2 mm

Now W = 199.6 − 3.2 = 196.4, θ = 0.1964, D = 12e20×0.1964 = 6.1 × 103 mm2/day.

e8 = [(6.1 × 103 mm2/day) × 196.4 mm × 9.87]/4 × 106 mm2 = 3.0 mm

Now W = 196.4 − 3.0 = 193.4, θ = 0.1934, D = 12e20×0.1934 = 5.7 × 103 mm2/day.

e9 = [(5.7 × 103 mm2/day) × 193.4 mm × 9.87]/4 × 106 mm2 = 2.7 mm

Now W = 193.4 − 2.7 = 190.7, θ = 0.1907, D = 12e20×0.1907 = 5.4 × 103 mm2/day.

e10 = [(5.4 × 103 mm2/day) × 190.7 mm × 9.87]/4 × 106 mm2 = 2.5 mm

The total 10-day cumulative evaporation is thus estimated to be

etotal = 12 + 12 + 4.8 + 4.3 + 3.8 + 3.5 + 3.2 + 3.0 + 2.7 + 2.5 ≈ 51.8 mm

This amount of evaporation is, interestingly, only one-third of the amount we
calculated in the previous problem for the same period from an infinitely deep, initially
saturated column of soil subject to infinite evaporativity. Here, evaporation is limited by
the finiteness of both the evaporativity and the column itself.
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would if the evaporativity were to remain constant at its average value.
However, Jackson et al. were unable on the basis of their evidence to resolve
the question as to whether the early formation of a dry surface layer might
serve to reduce cumulative evaporation below that which would occur had
evaporativity remained steady. They noted, in any case, that the concept of
three stages of drying appears to have little meaning under natural field
conditions.

Subsequently, Hillel (1975, 1976a, 1977) developed a dynamic simulation
model capable of monitoring the evaporation process continuously through
repeated cycles of rising and falling evaporativity. The model was used in an
attempt to clarify the extent to which the diurnal pattern of evaporativity may
influence the overall quantity of evaporation and the resulting soil-moisture
distribution in space and time. Of particular interest is the fluctuating wetness
of the near-surface zone, where germination takes place. Computations carried
out for a 10-day period accord with experimental findings that the diurnal
cycle of evaporativity causes nighttime resorption of moisture from below and
hence a somewhat higher average wetness in the soil surface zone than would
occur otherwise.

The alternating desorption and resorption of moisture by the soil surface
zone inevitably involves the phenomenon of hysteresis, defined as the depend-
ence of the equilibrium state of soil moisture (namely, the relation between
wetness and suction) on the direction of the antecedent process (whether
sorption or desorption). Several investigators (e.g., Rubin, 1966; Bresler et al.,
1969; Vachaud and Thony, 1971) investigated the effect of hysteresis on soil-
water dynamics.
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Fig. 18.11. Time course of changing volumetric wetness at the surface (0–5 mm) of a loam
soil during drying, 5–7 days after irrigation (After R. D. Jackson, 1973.)
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A priori reasoning leads us to suppose that the hysteresis effect might tend
to retard evaporation in a regime of fluctuating evaporativity. After its strong
daytime desiccation, the surface zone of the soil draws moisture from below
during the night, so the top layer is in the process of sorption while the under-
lying donor layer is in the process of desorption. In principle, the hysteresis
phenomenon causes a sorbing zone of soil to approach potential equilibrium
with a desorbing zone of the same soil while the former is at a lower moisture
content and hence at a lower value of hydraulic conductivity. It would seem to
follow that the hysteresis effect can contribute to the self-arresting tendency of
the evaporation process.

A test of this hypothesis was carried out by Hillel (1975), who modified his
earlier simulation model to account for hysteresis. He reported a systematic
reduction of cumulative evaporation as the range of hysteresis (i.e., the
displacement between the primary desorption and sorption curves) increased.
At its greatest, the reduction of evaporation due to hysteresis amounted to
33% of the nonhysteretic evaporation. A similar study of evaporation from
soils of various textures (Hillel and van Bavel, 1976) showed that differences
in hydraulic properties can also influence cumulative evaporation. Over time,
coarse-textured (sandy) soils tend to evaporate the least, whereas fine-textured
(clayey) soils can sustain the first stage of drying longer and hence evaporate
the most, under both steady and cyclic evaporativity (Fig. 18.12).

NONISOTHERMAL EVAPORATION

The discussion so far has dealt with isothermal conditions only. However, a
more complete treatment of evaporation should not neglect the effect of tem-
perature gradients and heat flow. The heat required to vaporize water must be
transported to the evaporation site, which requires a nonzero temperature gra-
dient. Fritton et al. (1970) has indicated that the isothermal-flow equation can
approximate cumulative evaporation for both wind and radiation treatments,
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Fig. 18.12. Cumulative evaporation during simultaneous drainage and evaporation from
initially saturated uniform profiles of sand, loam, and clay. (After Hillel and van Bavel, 1976.)
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but this equation cannot portray the soil-water distribution pattern in the case
of nonisothermal flow. They concluded that where temperature gradients are
significant, analysis based on simultaneous heat and mass transfer gives better
fit with experimental data than the isothermal equation.

Rose (1968) attempted to establish the magnitude of vapor versus liquid
water movement during evaporation under nonisothermal conditions. The
effect of warming the soil is to lower the suction and to raise the vapor pres-
sure of soil water. Hence the effect of a thermal gradient is to induce flow and
distillation from warmer to cooler regions. When the soil surface is warmed
by radiation, this effect would tend to counter the tendency to upward flow of
water in response to evaporation-induced moisture gradients. For this reason
the evaporation rate might be lower when the surface is dried by radiation
(which warms the soil) than when it is dried by wind (which cools the soil),
even when the two modes of energy input are of comparable evaporation
potential (Hanks et al., 1967).

A comprehensive model of nonisothermal evaporation was developed by
van Bavel and Hillel (1975, 1976). Their work was based on the use of
actual weather data (radiation, air temperature, humidity, and wind speed)
and soil physical properties as inputs. The model permits the calculation
of both potential and actual evaporation as a resultant of the interaction
between weather and soil factors, rather than its imposition as a forcing
function. This model also predicts the partitioning of radiant energy into
sensible and latent heat and the resulting pattern of soil temperature. A more
elaborate model of spatially variable evaporation from bare soil was offered
by Evett et al. (1994).

The frequently made assumption that potential evaporation from a bare
soil surface is approximately equal to the evaporation from a free-water
surface ignores the many differences (e.g., in heat capacity, thermal conduc-
tivity, color, albedo, and roughness) between a soil and a body of water. All
these factors affect the energy balance of the surface and hence the amount of
energy “allocated” to evaporation. Almost from the start, the emittance and
long-wave radiance decline with time as the soil loses water by drainage and
surface drying. Concurrently, the albedo rises and less shortwave energy is
retained. Further, as the soil drains and dries, its thermal conductivity and
heat capacity decrease, affecting the soil heat flux. Surface temperature and air
stability (affected by the buoyancy of the lower air as it is heated by the
ground) might also vary.

EVAPORATION FROM IRREGULAR SURFACES 
AND SHRINKAGE CRACKS

Thus far we have discussed the drying of soils as if it were entirely a one-
dimensional process, that is, vertically downward from a smooth horizontal
surface plane. In many cases, the surface is far from smooth and horizontal:
The land as a whole may slope in various directions and at various degrees of
inclination. And the surface may exhibit the sort of geometrically complex
microrelief (ridges and furrows, large and small clods) that would cause the
drying process to be uneven and three-dimensional, at least in its early stages.
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Differences in temperature and drying pattern between soil surfaces of
differing roughness characteristics (e.g., different directions and elevations of
ridges) have long been recognized in principle and even utilized in practice in
attempts to enhance germination and crop-stand establishment in unfavorable
climates (J. E. Adams, 1970; Hillel and Rawitz, 1972). As examples we might
mention the practice of planting on ridge tops or on sun-facing ridge slopes in
cool and wet climates and the opposite practice of planting in furrows or
depressions in warm and dry climates. However, a fundamental definition of
the role of surface configuration in evaporation and drying is difficult to
achieve, because it includes not only three-dimensionality in the soil realm but
also complex effects in the above-ground realm involving radiation exchange,
air motion, and vapor-transfer processes.

A particular example of multidimensional evaporation is that of a soil tend-
ing to form vertical fissures, or cracks, during the process of drying. Especially
prone to cracking are the soils known as grumusols, or vertisols, which have
a high content of montmorillonitic clay and occur typically in an environment
of alternating wet and dry seasons. They appear in every continent and are
estimated to cover about 40 million hectares in all. These soils are character-
ized by an extreme tendency to expand on wetting and to contract on drying.

The cracks that form in a grumusol may be as wide as 0.1 m and as deep as
1 m and assume a characteristic polygonal pattern. Such cracks can desiccate
and tear plant roots and dry the soil to an extreme degree down to consider-
able depths. The wide cracks permit the entry of turbulent air, which tends to
sweep out water vapor from the deeper reaches of the soil profile (J. E. Adams
and Hanks, 1964). The exposed vertical sides of the cracks then become
secondary evaporation planes, which increase the effective evaporating surface
threefold or fourfold over the evaporating surface of a noncracking soil. Lateral
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movement of moisture toward crack walls can take place from a distance
exceeding 10 cm. Consequently, cracks can increase evaporation by 12–30%
(Ritchie and Adams, 1974).

The process of crack formation may be self-generating, in the sense that
once a crack begins at the surface, preferential drying and shrinkage along its
bottom and sides can cause the crack to extend into the soil. However, in the
field the cracking pattern appears to remain consistent through repeated cycles
of wetting and drying. A thorough wetting causes the soil blocks between the
cracks to expand and close the cracks; subsequent drying opens them up
again. After the soil surface becomes air dry, evaporation from shrinkage
cracks becomes the dominant component of the drying process, as deeper
zones in the profile become the main. A two-dimensional representation of
soil-moisture distribution as it develops in the vicinity of a shrinkage crack is
shown in Fig. 18.13.

REDUCTION OF EVAPORATION FROM BARE SOILS

In principle, evaporation flux from the soil surface can be modified in three
alternative or complementary ways: (1) by controlling energy supply to the site
of evaporation (e.g., modifying the albedo through color or structure of the
soil surface or through shading of the surface); (2) by reducing the potential
gradient, or the force driving water upward through the profile (e.g., lowering
the water table, if present, or warming the surface so as to set up a downward-
acting thermal gradient); or (3) by decreasing the conductivity or diffusivity of
the profile, particularly of the surface zone (e.g., tillage, soil conditioning,
incorporation of organic matter into the topsoil).

The choice of means for reducing evaporation depends on the stage of the
process one wishes to regulate: whether it is the first stage, in which the effect
of meteorological factors acting on the soil surface dominates the process, or
the second stage, in which the internal water supply to the surface, determined
by the transmitting properties of the profile, becomes the rate-limiting factor.
Methods influencing the first stage are not necessarily effective during the
second stage.

Covering or mulching the surface with vapor barriers or with reflective
materials can reduce the intensity with which external factors, such as radia-
tion and wind, act on the surface (Hanks, 1992). Thus, surface treatments can
retard evaporation during the initial stage of drying. A similar effect may
result from application of materials that lower the vapor pressure of water
(F. E. Jones, 1991). Retardation of evaporation during the first stage can
provide the plants with a greater opportunity to utilize the moisture of the
uppermost soil layers, an effect that can be vital during the germination and
establishment phases of plant growth.

During the second stage of the drying process, the effect of surface treat-
ments is likely to be only slight, and reduction of the evaporation rate and of
eventual water loss will depend on decreasing the diffusivity or conductivity of
the soil profile in depth. Deep tillage, for instance, by possibly increasing the
range of variation of diffusivity with changing water content, may reduce the
rate at which the soil can transmit water toward the surface during the second
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stage of the drying process. However, the evaporation rate is usually much
lower during the second stage than during the first, so the investment needed
to affect evaporation at this stage might not be worthwhile, especially if the
actual reduction achieved is small.

An irrigation regime having a high irrigation frequency may cause the soil
surface to remain wet and the first stage of evaporation to persist, resulting in
a maximum rate of water loss. Water loss by evaporation from a single deep
irrigation is generally smaller than from several shallow ones with the same
total amount of water. However, water losses due to percolation are likely to
be greater from deep irrigations than from shallow ones. New water applica-
tion methods, such as drip (or trickle) irrigation, which concentrates the water
in a small fraction of the area while maintaining the greater part of the surface
in a dry state, are likely to reduce the direct evaporation of soil moisture
significantly (Hillel, 1997).

BOX 18.1 Why Soils Wet Quickly but Dry Slowly

Significantly, infiltration is an inherently faster process than evaporation: A few
hours of infiltration can charge up a soil profile with an amount of water that
many weeks of evaporation will not fully extract. Why is it so?

Are the forces driving infiltration stronger than those driving evaporation? Not
generally. Although infiltration is aided by gravity and evaporation generally proceeds
against gravity, the other components of the potential gradient generally predominate.
In the case of infiltration, the matric potential gradient between the wetted soil surface
and the relatively dry layers below can be strong enough (initially, at least) to increase
the infiltration rate several-fold over the rate that would occur if gravity were the only
force in action. However strong the downward matric potential gradients might be
within the soil profile (say, 10 or 20 bars per meter), the potential gradients between
the soil and the dry atmosphere are likely to be much greater. The moisture potential
of the warm, dry air over a field in an arid region may be equivalent to a suction of
hundreds of bars. So if the forces involved do not account for the difference between
the rates of infiltration and evaporation, what does?

One answer is that the soil’s surface zone is, in effect, a preferential valve. Its hydraulic
conductivity is intrinsically higher during infiltration than during evaporation. In infiltra-
tion, the surface zone is wetted to saturation or near saturation, hence its conductivity
is maximal. In effect, the surface becomes a wide-open “funnel,” as receptive to water
as its saturated conductivity will allow. During evaporation, in contrast, the surface
dries out rather quickly, thereby constituting, in effect, a narrowing bottleneck to the
transmission of water.

Another effect results from the diurnal fluctuation of atmospheric evaporativity.
In daytime the surface is desiccated; at night it is partially rewetted by the upward
movement of moisture from deeper soil layers. As the surface is alternately dried and
rewetted, hysteresis comes into play (Hillel, 1977). It has the effect of reducing the
rewetting of the surface, so it further suppresses evaporation. By thus enhancing mois-
ture conservation and availability, the soil’s physical attributes and processes serve to
promote plant growth. This is only one example of the vital role played by soil physical
properties in sustaining life on earth.
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SOIL EROSION BY WIND

Bare soil surfaces, especially when dry and loose, are vulnerable to erosion
by wind. The wind erosion process consists of three distinct phases: detach-
ment and lifting of particles, transportation, and deposition. As in the case of
water erosion, a distinction can also be made between the erosivity of the fluid
medium (in this case, flowing air) and the erodibility of the soil surface.

The detachment and uplifting of particles result from the effects of wind
gusts and air turbulence in the lower layer of the atmosphere on the soil
surface. In general, the minimal wind speed (measured at a height of 0.3 m
above ground surface) needed to initiate wind erosion is about 5 m/sec
(Schwab et al., 1993). The initiation of wind erosion is strongly affected by the
microtopography of the soil surface, especially by the presence of protruding
hillocks or hummocks. It is also enhanced by the midday heating of a dry soil
surface, which creates conditions of aerodynamic instability as the air that is
warmed by the soil becomes buoyant and tends to rise. In desert areas, the
combination of this buoyancy and the turbulent wind gusts striking the
ground promotes the uplift of soil particles and the appearance of spiral whirls
known as dust devils, which may rise to a height of scores of meters.

In wind erosion, air gusts pick up masses of loose particles from the surface
(an action called deflation) and then convey this material (called aeolian dust)
over some distance before depositing it. That distance can be great indeed.
The circulation of some wind-blown dust has been shown to be global. Dust
particles originating in the Sahara have even been found in Hawaii!

The proneness of the soil to wind erosion depends on surface dryness,
roughness, the sizes of particles (texture), and whether the particles are loose
or bound in aggregates.

Three types of soil movement by wind can be recognized: surface creep,
saltation, and suspension. Surface creep is the rolling or sweeping motion of
relatively large particles (diameters of 0.5 mm or more) that occurs within a
few centimeters over the ground surface (Fig. 8.14). Saltation is the jerky,
kangaroo-like motion of finer sand particles (0.1–0.5 mm) that follow distinct
trajectories (Fig. 8.15). In this form of motion, particles are lifted and trans-
ported over a distance of some meters and then — as they strike the ground
obliquely — they cause the bouncing of another particle, in a repeated
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Fig. 18.14. Wind sweeping of dust particles over a rough, dry surface: (a) eddies picking up
loose particles; (b) vertical profile of wind over the surface. (After Hudson, 1981.)
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sequence of hop-skip-bounce events. Most saltation takes place within a half
meter of the soil surface. Still finer particles (0.02–0.1 mm in diameter), once
lifted off the surface, remain suspended in the air for extended periods. They
are often carried aloft and may be transported by the upper air currents to dis-
tances of hundreds of kilometers.

The quantity and distance of windborne soil movement depends on the
array of particle sizes, the wind speed, and the topography of the land.
The capacity of the air to transport particles generally varies as the cube of the
wind speed above a threshold value) and as the square root of the particle
diameters (Schwab et al., 1993).

Deposition of sediment takes place where the wind abates so that the grav-
itational force exceeds the aerodynamic lift. Wind speed diminishes especially
on the lee side of clumps of vegetation or other physical barriers (e.g., fences).
Raindrops also bring down dust from the air.

Factors affecting wind erosion have been quantified experimentally in
several locations and have been formulated in empirical regression equations
(Woodruff and Siddoway, 1965). The parameters of these equations have been
tabulated (Soil Conservation Service, 1988). Computer-based models have
been devised to predict wind erosion on the basis of known meteorological
and soil conditions, with the latter including tillage effects on soil roughness
and erodibility (Hagen, 1991).

Various measures have been devised to control wind erosion. Among these
are the maintenance of a protective sod or mulch over the soil surface, the
increase of surface cloddiness and roughness by means of appropriate tillage,
the stabilization of surface-zone soil aggregates, and the use of mechanical or
vegetative windbreaks.

L(~10 × h)

h

Fig. 18.15. The bouncing (saltation) of sand particles. (After Hudson, 1981.)

BOX 18.2 The North American Dust Bowl of the 1930s

A spectacular example of wind erosion occurred in the 1930s in America’s
Southern Great Plains region. Known as the Dust Bowl, it resulted from the intro-
duction of the plow into the vast, semiarid, wind-swept grasslands of that region.

During the first three decades of the 20th century, the region enjoyed a wet period. The
prairie was green, and when plowed and planted it produced bountiful crops of wheat.
But rainfall there is inherently unstable. For example, in Oklahoma’s Cimarron County, the
annual rainfall averaged about 500 mm between 1900 and 1930 and as much as 700 mm
between 1914 and 1923. Then in 1934 and the following few years it was below 350 mm.
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During the boom decades from 1900 to 1930, farmers by the thousands settled the
southern Great Plains. They broke the sod, planted their seeds in the soft soil, watched
the rain-satiated wheat come up, and then harvested its bumper crop. In the Texas
Panhandle alone, the area under wheat had expanded from 35,000 to 800,000 hectares
between 1909 and 1929. This enormous change in the land’s surface was made possi-
ble by the mass production of tractors. Those tractors later became the leading Dust
Bowl villains. They were “snubnosed monsters,” wrote John Steinbeck in The Grapes of
Wrath, “raising the dust and sticking their snouts into it.”

Eventually the copious rains ceased, to be replaced by an inexorable drought. The
year 1934 was particularly hot and dry, and the land lay bare and parched under the
merciless sun, its excessively pulverized soil easy prey to the whipping winds. The winds
swept up the loose soil as if it were talcum powder and rolled it along in billowing red-
brown clouds that eclipsed the sun and obliterated fences and covered houses and
choked animals and people. And so a great exodus began — 40% of the people of
Cimarron County, for example, abandoned their homes and moved out of the region.

The effects of the Dust Bowl were not confined to that region. The fine dust wafted
thousands of meters aloft and drifted across the entire continent. On May 12, 1934, the
New York Times reported that the city “was obscured in a half-light . . . and much of the
dust seemed to have lodged itself in the eyes and throats of weeping and coughing New
Yorkers.” Washington, D.C., was overhung with a thick cloud of dust denser than ever
seen before. The entire eastern seaboard of the United States was blanketed in a heavy
fog composed of millions of tons of the rich topsoil swept up into the continental
jet stream. Even ships far out in the Atlantic found themselves showered with Great
Plains dust.

The great American Dust Bowl of the 1930s is not merely a thing of the past. It is
being repeated on an equally vast scale in such regions as the Sahel in sub-Saharan Africa.
The process by which a semiarid region is denuded of vegetation and its soil destabilized
to the point of uncontrolled erosion and degradation is often called desertification
(Dregne, 1994; Hillel and Rosenzweig, 2002).
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